Soil organic matter turnover over decadal to millennial timescales by Jones, Andrew R.
  
Soil organic matter turnover over decadal to millennial timescales 
Andrew R. Jones 
Bachelor of Environmental Science (Hon) 
 
 
 
 
A thesis submitted for the degree of Doctor of Philosophy at 
The University of Queensland in 2019 
School of Agriculture and Food Science 
Abstract 
The sequestration of carbon dioxide (CO2) into soils and subsequent stabilisation of soil organic 
matter (SOM) represents a potential mechanism for climate change mitigation, while benefiting soil 
function, ecosystem services and agriculture. However, forecasting carbon (C) fluxes between 
atmosphere and pedosphere is limited by a lack of certainty around temporal and interlinked 
biogeochemical processes of SOM stabilisation and destabilisation (i.e. turnover). Improving 
mechanistic hypotheses that underpin conceptual models is essential to improve SOM model 
accuracy, especially new-generation models that incorporate soil microbial processes. This thesis thus 
focusses on SOM turnover rates and processes across timescales and ecosystems to address questions 
relating to mechanisms and scale. The overarching objective of this thesis was to gain new insights 
using archived soil samples previously used to establish concepts of SOM turnover with focus on C 
and nitrogen (N), complemented by recently collected soil samples and modern analytics. The 
research uses decadal to millennial timescales of soil disturbance and soil development to i) inform 
mechanistic understanding of the timescales at which SOM stabilisation and destabilisation occur, 
and ii) improve the ability to measure long-term processes by validating SOM stabilisation theory 
with short-term observations.  
Four chapters investigate temporal aspects of SOM processes in contrasting subtropical soil 
chronosequences, the decadal “Dalal series” under agriculture, and the millennial “Cooloola series” 
under natural vegetation. The first chapter developed the use of 15N natural abundance to trace SOM 
mineralisation and N loss in the three-decade old “Dalal series” of land use change from natural forest 
to cropping; showing that nitrification and subsequent plant uptake is the main contributor to nutrient 
losses alongside C loss during long-term cropping. The second chapter explored long-term archived 
soils as a tool to study short-term SOM turnover processes; discovering contrasting results depending 
on soil texture, with SOM mineralisation functions being less preserved during storage in coarse-
textured soils than heavy-clay soils, which were unaffected. The third chapter identified that, based 
on natural 14C and ramped-pyrolysis techniques, long-term SOM stabilisation mechanisms along a 
500,000-year sand dune chronosequence were attributed to a significant contribution of fire-derived 
carbon in deep subsoils. Using short-term incubations with 13C-labelled glucose addition, the fourth 
chapter tested for the vulnerability of this ancient SOM to destabilisation by fresh substrate supply, 
but identified physio-spatial limitations on microbial movement and access to substrate in the sand 
that limited the capacity for “priming effects” to occur. Combined, this thesis provides new insights 
to areas of SOM turnover required for developing a new generation of SOM models that would help 
better prediction of SOM dynamics into the future. 
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1. Introduction 
Soils globally contain up to twice as much carbon (C) than the atmosphere and nearly three times that 
of terrestrial vegetation (Scharlemann et al., 2014; Figure 1). Carbon is constantly cycled between 
these reservoirs via processes involving photosynthesis of C into plant biomass, above- and below-
ground plant C inputs to soil, and plant and microbial respiration of C back into the atmosphere. The 
relative magnitude of existing soil organic carbon (SOC) stocks compared to atmospheric C (Figure 
1) means that even small increases in the transfer of C from soil to the atmosphere could trigger 
extensive additional global warming (Davidson and Janssens, 2006; Figure 1). Soil organic matter 
(SOM) represents 80% of Earth’s terrestrial C stock and hence is a major regulator of atmospheric 
CO2 concentrations (Crowther et al., 2016; Jobbágy and Jackson, 2000; Lal, 2008). Soil organic 
matter also represents a major N reservoir supporting vegetation, biota and the site of N 
transformation processes which includes the conversions of non-available N to plant-available forms, 
and vice versa. Over the past two hundred years, land use change from natural vegetation to 
agriculture has resulted in global SOM losses, including ~133 Gt C (Sanderman et al., 2018), which 
is nearly one quarter of the total C (500 Gt C) emitted by all human activities in the same period. 
Enhancing C and N from the atmosphere into SOM therefore represents an effective avenue to not 
only mitigate greenhouse gas emissions, but also enhance soil fertility and agricultural production 
and sustainability (Lal, 2004).  
 
Figure 1: The global carbon cycle, including major C reservoirs and associated fluxes. Grey 
symbols indicate anthropogenic-derived C fluxes, green symbols indicate positive C fluxes into 
terrestrial and ocean pools, yellow symbols indicate C fluxes into the atmosphere due to land use 
change, and blue symbols indicate net atmospheric fluxes of C. Figure from Quéré et al. (2018).  
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Despite the crucial role of soils in the global C cycle, there is no consensus in the predictions of 
terrestrial feedbacks to global warming, including the potential magnitude and direction of warming-
induced changes in soil C over the next century (Crowther et al., 2016; Friedlingstein et al., 2006; 
Kirschbaum, 2000) and C responses to land use management practices (Smith et al., 2016a). This 
uncertainty, together with changes in global C cycling that include ongoing losses of soil C with land 
use change (Brovkin et al., 2013; Sanderman et al., 2018; Smith et al., 2016b) and potential loss of 
soil C through climate feedbacks (Melillo et al., 2017), emphasise the need to better understand the 
complex, and often interdependent biological, chemical and physical processes that allow SOM to 
persist or be lost through time. Specifically, predictive modelling is limited by uncertainties around 
quantifying the role of microorganisms in processes that lead to retention vs. release (i.e. stabilisation 
vs destabilisation). The most commonly used SOM models in the past three decades apply conceptual 
mechanisms around first-order decay principles and recalcitrant SOM “pools” with inherent stability. 
Microbial processes are only implicitly incorporated into these older models, such as mechanisms of 
inherent recalcitrance or clay content. Models that represent modern paradigms of SOM turnover 
mechanisms, including explicit microbial processes and their interactions with soil matrix, may allow 
improved predictions of SOM turnover (Wieder et al., 2013). Despite being in their infancy, such 
models arguably represent the most compelling way forward for reducing prediction uncertainty. 
Further understanding of the fundamental mechanisms of SOM stabilisation and destabilisation over 
time, which drive this new generation of SOM models, is required to improve the reliability of SOM 
predictions and model simulations. 
This thesis therefore aims to advance mechanistic understanding of SOM stabilisation and 
destabilisation across timescales of agricultural and geological development; including observations 
of SOM destabilisation by disturbance with the conversion of native forests to agricultural land, and 
SOM stabilisation by processes of natural soil formation. These investigations are enabled by soil 
chronosequences, which allow substitution of space-for-time within well-constrained geological 
origins and climate variability (Jenny, 1941; Walker et al., 2010). This integration of time with 
interactions of biogeochemical cycling provides a timeline of SOM evolution, allowing mechanistic 
investigation of factors affecting SOM turnover (for example: Allison et al., 2007; Dalal and Mayer, 
1986a; Kramer et al., 2012; Lawrence et al., 2015; Skjemstad et al., 1992a; Torn et al., 1997; Turner 
and Laliberté, 2014; Walker et al., 2010). In particular, this thesis builds on established frameworks, 
using archived and recently collected soil samples, and employing new analytical technologies. Two 
contrasting subtropical chronosequences in agricultural and natural settings are the focus of the 
research. 
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1.1. Turnover of SOM 
Soil organic matter is comprised primarily of C, hydrogen (H), oxygen (O), nitrogen (N) and smaller 
quantities of other elements including phosphorus (P), sulphur (S), iron (Fe), calcium (Ca), potassium 
(K), aluminium (Al) and others vital for biological function. It originates from plant organic matter, 
including leaves, branches, roots and root exudates, incorporated into the soil either directly by root 
expansion, exudates, fauna bioturbation, leaching or indirectly via microbial residues through 
anabolic and catabolic decomposition processes. Heterotrophic respiration is the result of microbial 
(bacteria, fungi, archaea) decomposition and respiration of plant-derived OM back into the 
atmosphere as CO2, and trophic interactions involving predation by soil fauna, including nematodes 
and protozoa. Together with autotrophic respiration from plants, CO2 from these respiration fluxes 
contribute at least 90% of global annual CO2 emissions from terrestrial sources (Oertel et al., 2016). 
In principle, soil microorganisms have the ability to decompose all OM, otherwise “non-
decomposable” OM would accumulate indefinitely (Marschner et al., 2008; Matzner et al., 2006). 
Yet, a fraction of plant-derived OM becomes stabilised in soil and remains as SOM in soil for decades, 
centuries or millennia. This demonstrates that there is always a balance between SOM stabilisation 
and lack thereof, allowing short-lived SOM to co-exist with more long-term residing SOM in a highly 
heterogeneous mix of SOM pools. Diverse processes are responsible for influencing whether and how 
much SOM is stabilised in soil, including biotic and abiotic processes that influence microbial activity 
and accessibility to OM, respectively (Dungait et al., 2012; Marschner et al., 2008; von Lützow et al., 
2008). 
Decomposition and respiration of SOM relies, fundamentally, on microbial activity and metabolism. 
Therefore, the environmental conditions, including atmosphere, water, temperature, energy and 
nutrients, all of which affect soil microbial composition and  activity, are largely responsible for 
regulating biological turnover of SOM. Firstly, microorganisms have certain energy and nutrient 
requirements for decomposing SOM due to material requirements for synthesising extracellular 
enzymes (Fontaine and Barot, 2005). In particular, in order to obtain additional C, biological SOM 
decomposition may only occur when microbial nutrient requirements are fulfilled (i.e. based on 
C:nutrient stoichiometry; Mooshammer et al., 2014; Wild et al., 2017). This stems from Liebig’s Law 
of the Minimum, which denotes that biological growth is limited by its scarcest resource. In 
stoichiometry, this is represented by the difference between the soil and microbial or plant C:nutrient 
ratios (Danger et al., 2008); higher C:nutrient ratios drive nutrient demand and functional responses 
by plants and microorganisms to obtain nutrients more effectively. Secondly, microbial uptake of 
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SOM competes with occlusion within aggregates and sorption to soil minerals (Dungait et al., 2012; 
Schmidt et al., 2011; Schrumpf et al., 2013). Several recent develops including Microbial Efficiency-
Matrix Stabilization (MEMS) and Microbial Soil Organic Carbon (SOMic) models (Robertson et al., 
2019; Woolf and Lehmann, 2019) parametrise this dynamic as measures of the dissolved states of 
SOM (dissolved organic matter; DOM), since it is assumed substrates must be in solution to cross the 
cell membrane (Cotrufo et al., 2015, 2013). Abiotic processes thus mediate the rate of microbial 
access to SOM and represent crucial parameters that must be mechanistically understood for SOM 
models in predicting SOM turnover and cycling (Schmidt et al., 2011). 
1.1.1. Soil enzyme activity 
Functional responses to C and nutrient limitation include the synthesis of numerous extracellular 
enzymes by microorganisms and plant roots to depolymerise the various components of plant- and 
microbially-derived SOM by hydrolysis or oxidation (hydrolytic and oxidative enzymes, 
respectively), and these enzymes require resources and certain environmental conditions for 
activation. Specifically-targeted substrates in SOM bind to “active sites” of enzymes to break down 
these substrates into smaller components that are more easily consumed by plants and organisms (e.g. 
oligosaccharides into glucose, Table 1). The most commonly studied enzymes, relating to SOM, 
involve in the breakdown of C, N and P since they constitute some of the most common elements 
within macromolecular structures of plant/organic matter and also represent the most common 
limiting elements in soil (i.e. the most common target for microbial acquisition). Some of these 
processes involve a cascade of enzymes to depolymerise the original substrate. For example, cellulase 
is a complex of three different enzymes involved with successional stages of cellulose breakdown; 
long cellulose polysaccharides are initially depolymerised by β-1,4-glucanases then further broken 
down by cellobiohydrolase, and the final step of cellobiose being depolymerised into glucose by β-
glucosidase (Figure 2). 
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Figure 2: An example of enzymes involved with cellulose breakdown to glucose. Figure from Xie et 
al. (2007). 
Soil enzymes, and the microorganisms that produce them, perform in various optimum conditions of 
soil pH and temperature. The soil pH affects the enzyme absorption on soil surfaces, solubility, 
ionisation and the conformation (i.e. shape of enzyme) which all affect the accessibility of the active 
binding site of the enzyme (Turner, 2010). The enzyme conformation is also influenced by 
temperature; colder temperatures lead to more rigid enzyme structures and therefore less accessibility 
to active binding sites of enzymes, and vice versa for higher temperatures (Wallenstein et al., 2011). 
However, enzymes and microorganisms adapted for cold climates exhibit greater sensitivity to 
temperature rises, suggesting these will be more responsive to climate change (Nottingham et al., 
2016). Differences in soil pH and temperature optima for different enzymes exist due to soil microbial 
composition (and specific optima for individual microorganisms) and spatial distribution of enzymes 
within the soil matrix (adsorption to soil minerals, occlusion within aggregates; (Zimmermann et al., 
2012). Adsorption of enzymes may delay enzyme activity which would usually occur rapidly (hours) 
to longer timescales (e.g. years). Some soil microorganisms have unique capability to produce certain 
enzymes (e.g. white rot fungi produce phenol oxidases for lignin; Robertson et al., 2008) or operate 
in certain atmospheric conditions, for example denitrifying bacteria function favourably in anaerobic 
conditions. Capturing these differences in response to soil and environment conditions is crucial to 
enable incorporating these parameters of enzyme catalysis and substrate utilisation into SOM models. 
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Table 1: Soil hydrolytic and oxidative enzymes and their target compound 
Enzyme name Code Target compound 
α-Glucosidase AG Disaccharides 
β-Glucosidase BG Cellobiose (cellulose) 
Cellobiohydrolase CB Cellooligosaccharides (cellulose) 
β-Xylosidase XYL Xylose (hemicellulose) 
N-acetyl β- glucosaminidase NAG Chitooligosaccharides (chitin) 
Protease (or aminopeptidase) LAP Amino acids 
Sulfatase SULF Organic-bound sulphate 
Acid phosphatase PHOS Organic-bound phosphate 
Phenol oxidase POX Phenol/lignin structure 
 
1.1.2. The priming effect 
Another response to nutrient limitation is the way microbial function and decomposition rate are 
mediated by substrate supply. Soil microorganisms may decompose and respire more or less SOM in 
response to substrate addition, depending on the so-called “priming effect” (Blagodatskaya and 
Kuzyakov, 2008; Fontaine et al., 2011). The priming effect is a concept that considers how new inputs 
to a system, such as that induced by land use or management changes, provide impetus to fuel 
additional mineralisation of originally-existing SOM. The priming effect is a complex and 
contentious mechanism, with several theories underlying its function and behaviour in different 
conditions. The general mechanisms of the priming effect may be best understood through our 
knowledge of the drying and rewetting cycles of soil; the Birch Effect (Birch, 1958) describes 
increases in CO2 respiration immediately upon moistening soils. While the exact processes underlying 
the Birch Effect are not yet fully realised (Jarvis et al., 2007), the concept lends itself to demonstrate 
how resource-limited soil microbial communities respond to sudden resource supply (in this way, 
water and water-dissolvable organic matter are synonymous with resource). A high rate of SOM 
mineralisation occurs after wetting of previously dried soils, and in fact more so cumulatively than 
continuously moist soils (Birch, 1958). The more severely water-limited soils are, such as that 
observed during long drought periods, the greater the stimulation of SOM mineralisation will be after 
moistening, resulting in rapid C and N fluxes from the soil. Several allusions can be made from our 
understanding of the Birch Effect to reflect mechanisms of substrate-stimulated priming effects, 
which operates under similar mechanisms with C and nutrient-limitation rather than water.  
With the exact process underpinning priming effect still under debate, it is generally accepted that the 
addition of fresh OM (FOM) as litter or root exudates to soils will stimulate mineralisation of the 
original SOM. During the course of priming, there are two contrasting stages of SOM mineralisation 
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dynamics recognised; positive and negative priming. Substrate inputs to soil may initially reduce 
SOM turnover (i.e. negative priming), due to the switch in substrate preference of soil 
microorganisms from unavailable or inaccessible SOM to the new, easily available substrate 
(Kuzyakov and Bol, 2006). The new substrates may provide the energy or nutrient necessary to 
decompose native SOM, eventually leading to enhanced SOM turnover, i.e. positive priming. The 
magnitude of the priming effect is regulated by the extent of resources available, but determining 
what resources are limiting in soil ecosystem contexts has been less clear. Two main theories of 
mechanisms exist which attempt to explain observations of varying responses of the priming effect: 
Co-metabolism theory 
Horvath (1972) defined co-metabolism as “degradation of a recalcitrant substance by 
microorganisms in the presence of a readily degradable substrate”. Within a soil ecosystem this 
suggests that some soil microorganisms may be capable of mineralisation of complex (or 
“recalcitrant”) SOM but lack the available energy in the surrounding substrate to do so. When labile 
C is added to the system, it serves as an energy source and, in response, microbial biomass and activity 
increases, providing impetus for those microorganisms to decompose recalcitrant SOM (Kuzyakova 
et al., 2000). This mechanism will only operate in the presence of  FOM inputs because the 
mineralisation of low quality (“recalcitrant”) SOM is not sufficient to maintain microbial activity due 
to the high energy requirements to degrade recalcitrant OM (Fontaine et al., 2007, 2004). 
N-Mining theory 
Previous studies have demonstrated that shortage of biologically available nutrients in soil provides 
favourable conditions for microbial species able to mine SOM for nutrients (Fontaine et al., 2011, 
2003). The ability to mine nutrients from SOM relies on the addition of FOM inputs with a higher C 
and low nutrient content than SOM, as this will encourage the community to switch substrate 
preference to FOM where C is easily available (Kuzyakov and Bol, 2006; Werth and Kuzyakov, 
2010). As a result of accessing energy-rich FOM, microbial biomass and activity increases until the 
FOM nutrient store is depleted, then substrate preference switches back to SOM where nutrient 
mining will occur to sustain nutrient requirements of increased microbial biomass and function (Chen 
et al., 2014). The consequence of nutrient mining in SOM is that C is co-mineralised with nutrients, 
thus CO2 fluxes deriving from SOM increase. Several recent studies have demonstrated that N is the 
main nutrient that microorganisms seek in this manner (Craine et al., 2007; Fontaine et al., 2011; H. 
Wang et al., 2015a), and, given the highly interconnected relationship between C and N, this is 
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unsurprising. In addition, potential priming effects have also been identified for other nutrients such 
as P (Jing et al., 2017; Kuzyakova et al., 2000; Nottingham et al., 2016, 2012) and S (Chapman, 1997; 
Lefroy et al., 1994; O’Donnell et al., 1994), however, these have been covered to a far less extent in 
since N is a more commonly limiting nutrient in agricultural ecosystems.  
Trigger molecule effect 
Microbial adaptations in systems where substrate supply is sporadic is space and time provide 
competitive advantage to rapidly respond to labile substrate supply (such as intermittent flushes of 
DOC and plant detritus; Dungait et al., 2011). Triggering effects by lower-molecular-weight 
compounds, such as glucose, are known to activate microorganisms which are in a dormant or stasis 
mode between events of substrate supply, typically lasting days to decades. Dormant microorganisms 
exist as spores or cysts to persist through time with substrate supply until stimuli (including substrate 
and water) break dormancy (Gooday, 1988). Whereas, microorganisms in stasis mode maintain a 
metabolically alert state allowing rapid response to substrate supply (De Nobili et al., 2001). These 
rapid responders are believed to first metabolise intracellular C reserves and microbial biomass 
turnover. This is described as an initial apparent priming effect whereby SOM decomposition is not 
enhanced despite appearing to be by typical analytical approaches (Blagodatskaya and Kuzyakov, 
2008). 
1.1.3. Interaction with soil minerals 
Long-term stabilisation of SOM is largely attributed to abiotic processes involved with the 
contemporary notion of “physical accessibility” of microorganisms to SOM (or “substrate”; Dungait 
et al., 2012). In this sense, SOM may become inaccessible to microorganisms due to physical or 
chemical features of the soil. This includes interactions between SOM and the mineral soil matrix, 
including phyllosilicates, Fe- and Al-oxides, polyvalent cations, and short-range ordered (SRO) 
silicates including allophane (Mikutta et al., 2006; von Lützow et al., 2008), often termed organo-
mineral associations. Contact between SOM and mineral surfaces may occur via dissolution of 
organic matter and leaching (Cotrufo et al., 2015) or mixing of organic matter and minerals within 
earthworm casts (Six et al., 2004). Soil organic matter is stabilised by its stronger affinity to adsorb 
to mineral surfaces (e.g. van der Waals forces, cation bridges, ligand exchange) than to interact with 
extracellular enzymes excreted by soil microorganisms (Kögel-Knabner et al., 2008). Phyllosilicates 
(i.e. smectites) have high surface area, allowing greater accumulation of SOM, while SRO minerals 
and Al and Fe-oxides have stronger charges through cation exchange sites, providing stronger and 
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longer stabilisation of SOM (Kaiser and Guggenberger, 2000; Kleber et al., 2005; Saidy et al., 2012). 
Contact between SOM and mineral surfaces may occur via dissolution of organic matter and leaching 
(Cotrufo et al., 2015) or mixing of organic matter and minerals within earthworm casts (Six et al., 
2004).  Recent evidence suggest “fresh” organic matter is preferentially attached to already present 
organo-mineral complexes (Kaiser and Kalbitz, 2012; Kleber et al., 2007; Kopittke et al., 2018; Vogel 
et al., 2014). Organo-mineral associations account for a large proportion of SOM stabilised for long 
periods (up to millennia; Baldock and Skjemstad, 2000; Six et al., 2002; Torn et al., 1997). 
1.1.4. Aggregates and occlusion 
Clay and quartz particles in soil are held together in “aggregates” by SOM, roots (Angers and Caron, 
1998), earthworm casts, fungal hyphae, microbial metabolites (Degens, 1997) and inorganic binding 
agents (such as calcium and metal oxides; Six et al. 2000). Soil aggregation involves the formation 
of macro- and micro-aggregates which are operationally defined by various methods of pore size and 
aggregate stability. The extent of soil aggregation contributes to microsite formation and SOM 
occlusion, which protect SOM and microorganisms (Goebel et al., 2009; Gupta and Roper, 2010; Six 
et al., 2004). Clay promotes formation of microaggregates which encapsulate SOM and 
microorganisms in micropores for decades longer than larger aggregates associated with sand and silt 
(Puget et al., 2000; Tisdall and Oades, 1982). Occlusion of SOM within aggregates and microsites 
physically separates SOM from microorganisms, or separates SOM from suitable habitats for 
microbial activity (e.g. aerobic and anaerobic microsites) for soil microorganisms to decompose SOM 
(Gupta and Germida, 2015; Lensi et al., 1995; Ranjard and Richaume, 2001). The constraints of soil 
moisture are also critical to this dynamic process since water-filled pores and spaces in the soil bridge 
microorganisms to substrates via diffusion across and within aggregates (Chotte et al., 1998; Killham 
et al., 1993).  
Soil pore size regulates microbial and faunal movement, especially when not sufficiently saturated 
with water (i.e. water-filled pores; Killham et al., 1993). There is generally high diffusion across clay-
rich soils since smaller particle size contributes to smaller pore volume. Smaller spaces for 
microorganisms to “search” for substrates allows higher connectivity between microorganisms and 
substrate, and vice versa for sandy soils which would potentially reduce turnover rate of non-
complexed SOM (Killham et al., 1993; Kuka et al., 2007; Xiang et al., 2008). Furthermore, pore size 
may affect the ability for extracellular enzymes to reach substrates (co-metabolism) and for the return 
of metabolite products to microorganisms. The sparse distribution of SOM-rich microsite and 
microsites with microorganisms represents great distances for microorganisms to randomly “walk” 
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in search of substrates (Van Haastert and Bosgraaf, 2009). This is increasingly so in sandy soils, thus 
reducing the reducing the probability of microbe-substrate interactions (Sokol et al., 2019) and 
opportunities to access SOM. The mobility and connectivity of microorganisms may also be enhanced 
by distribution of SOM; microbe-substrate connectivity is high in saturated soils but lower in low-C 
content soils (Ekschmitt et al., 2005; Kemmitt et al., 2008). This is increasingly important in subsoils 
when considering large spatial heterogeneity of enzyme activities due to microbial hotspots of 
nutrient and SOM turnover in subsoil drilospheres and rhizospheres (earthworm and plant root 
localisation, respectively; Heitkötter and Marschner, 2018; Hoang et al., 2017; Uksa et al., 2015). 
1.1.5. Subsoil organic matter 
Deep subsoil SOM potentially holds up to 80% of global SOC stocks (Harper and Tibbett, 2013) but 
remains largely overlooked by carbon accounting methods (IPCC 2013) and carbon mitigation 
methods. Recent studies indicate that deep SOC will be highly susceptible to destabilisation by 
disruption such as climate change and other processes (Davidson and Janssens, 2006). However 
insufficient understanding of the processes involved in the long-term stabilisation of deep SOC limits 
our ability to predict whether subsoils may act as a C source or sink under predicted climate change 
models. The movement of dissolved organic matter (DOM) into the deeper soil profile after rainfall 
events constitutes a major flux of carbon that may act as a potential sink if stabilised as SOC in 
subsoils (Cotrufo et al., 2015; Kalbitz and Kaiser, 2008; Schmidt et al., 2011). Full understanding of 
the mechanisms controlling the stabilisation of DOM-derived SOC, however, remains unrealised and 
requires further attention.  
Traditionally, DOM is considered to be retained by adsorption and precipitation with reactive 
minerals phases, such as aluminium and iron oxides. Plant-derived materials which are high in 
aromatic content have higher affinity to reactive mineral binding sites, meaning aromatic acids are 
retained and stabilised in soils while carbohydrate- and N-rich materials which are easily degraded 
remain dissolved and move further down the profile (Kaiser et al., 2004; McDowell and Likens, 
1988). Hence aromatic compounds are generally associated with long turnover times, in contrast to 
carbohydrate and N-rich materials. However, as Kaiser and Kalbitz (2012) discuss, this traditional 
explanation of the origins and behaviour of DOC has several limitations. First, it implies that fresh 
material is distributed uniformly throughout the soil profile. However, this cannot explain 
universally-observed increasing radiocarbon-age trends down the soil profile (Sanderman et al., 
2008). Neither can it explain the stability of deep soil carbon constituents which are considered 
supposedly easily degradable (Kallenbach et al., 2016; Schwesig et al., 2003).  
16 
 
New concepts propose DOM immobilisation/remobilisation layers exist within subsoil horizons 
(Kaiser and Kalbitz, 2012; Figure 4). In this framework, the topmost subsoil layer with reactive soil 
minerals precipitate the leaching DOM, retaining it while slowly undergoing microbial processing. 
Microbial degradation leads to microbial-derived products which are supposedly more easily 
desorbable than the originally (plant-derived) sorbed compounds on soil minerals. Hence, the arrival 
of fresh material from vertical DOM migration displaces older, processed SOM due to higher affinity 
of fresh material to reactive minerals or as a component of the priming effect (intermediary C 
compounds; Fontaine et al. 2007). As a result, residual aged OM moves further down the profile and 
precipitates at a deeper layer, similarly displacing older OM retained there. This framework explains 
several universal-observations of trends down the soil profile: increasing soil (radiocarbon) age, 
decreasing plant-derived compounds (phenols), increasing microbial compounds and metabolites, 
and decreasing DOC content. However, to date, this mechanistic framework remains still somewhat 
theoretical with few studies (Leinemann et al., 2018) demonstrating and, in-turn, validating these 
processes.  
 
Figure 3: Conceptual figure of proposed mechanisms for DOM and SOM characteristics down the 
soil profile (Figure from Kaiser and Kalbitz, 2012). Figure illustrates the “cascade” of processes 
(sorption, precipitation, and microbial processing, desorption and dissolution) leading to decreasing 
proportions of recent plant-derived compounds with soil depth while aged, microbial metabolites 
increase with depth. Depending on soil properties and hydrological conditions, part of the DOM 
portion will be transported along preferential flow paths, thus pass through soil without intimate 
contact with the soil matrix. 
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1.1.6. Soil nitrogen transformation 
Ammonium (NH4) is produced by three main sources: decomposition of SOM, fixation of N2 gas by 
N-fixing bacteria or industrial production via the Haber Bosch process for fertiliser. In the soil, 
ammonium is either taken up plants for N requirements, volatilised as ammonia (NH3) into the 
atmosphere or oxidised into nitrite (NO2) by ammonia-oxidising bacteria and archaea (Hatzenpichler, 
2012). Nitrite is then oxidised by bacteria to produce nitrate and N2O. Collectively, these oxidation 
steps are termed “nitrification”. Nitrate may be further taken up by plants, leached into deep subsoil 
and waterways, or denitrified into N2O by, primarily, dissimilatory nitrate reduction by 
microorganisms or Fe-mediated nitrate/nitrite reduction (Venterea and Rolston, 2000; Figure 5). 
These processes are all mediated by environmental conditions including quantity and quality of 
substrates, temperature, water availability, redox and aeration potential, diffusion, soil pH, salinity 
and sodicity, ion concentrations, CO2 concentration and atmospheric N (Dalal and Allen, 2008).  
 
Figure 4: Pools, forms and fluxes of the N cycle. N2 is transformed into NH4 via biological and 
industrial fixation (red arrows), providing fertiliser for plants (green arrows). Excess NH4 is 
nitrified by soil microorganisms into NO4 which is either taken up by plants, or flows into other 
pathways of the environment including waterways and atmospheric gas (N2O). Additional N fluxes 
via ammonia volatilisation not shown. Figure from Lehnert et al. (2018). 
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1.1.7. Destabilisation of SOM 
Destabilisation of SOM may occur when chemical, physical or biological conditions of the soil are 
altered, leading to a change in the water, oxygen or substrate availability and thereby potential 
microbial activity and function. For example, tillage of undisturbed soils aerates and breaks soil 
aggregation, allowing microbial access to previously occluded SOM (Dalal and Mayer, 1986b; Drigo 
et al., 2008; Ewing et al., 2006; Six and Elliott, 1998). Climate change (e.g. CO2 increases, warming 
or atmospheric N deposition) may destabilise SOM by enhancing plant net primary productivity and 
root expansion into deeper subsoils. Subsequently, increased inputs via root turnover and root 
exudates may stimulate activity of energy- and/or nutrient-starved subsoil microorganisms adapted 
to rapidly respond to substrate (Kemmitt et al., 2008), allowing enhanced SOM decomposition 
(Fontaine et al., 2007, 2004; Perveen et al., 2018; Phillips et al., 2011). Equally, increased net primary 
productivity may increase SOM content via plant inputs, thus it remains unclear which effect is larger 
and the net effect on atmospheric gas concentrations globally. Further efforts are required towards 
understanding mechanisms and processes involved. Hotter and wetter climates enhance microbial 
metabolism and therefore decomposition of SOM (Davidson and Janssens, 2006; Kirschbaum, 1995; 
Rey et al., 2005). In addition, soil invertebrates and animals (such as ants, nematodes, worms, 
protozoa) can significantly change the physical, chemical and biological conditions of soil via 
drilospheres, faecal deposits and autotrophic consumption of microorganisms (Rumpel and Kögel-
Knabner, 2011). Such changes may stimulate and cultivate hotspots of microbial activity in the soil 
(Heitkötter and Marschner, 2018; Hoang et al., 2017; Uksa et al., 2015). Destabilisation of SOM 
generally occurs rapidly on timescales of days to decades, depending on the nature of SOM 
stabilisation, as discussed in subsections above. 
1.2. Timescales of SOM turnover 
For reliable prediction of soil C fluxes over coming centuries and decades, an improved understanding 
is required of the interaction between biotic and abiotic processes described above, which can occur 
on disparate timescales. Biotic processes of SOM turnover may be observed in short, episodic events 
of destabilisation, which are typically detected in laboratory with disturbed soil samples or short-term 
field experimentation. In contrast, processes of abiotic SOM stabilisation occur over long periods and 
would require inferences from spatial observations with increasing uncertainty (Jenny, 1941). The 
juxtaposition of observable short-term versus difficult to quantify long-term processes demand 
scaling and integration of measurements and observations of SOM turnover over space and time. The 
advances required are described eloquently by Trumbore (2009): 
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“(improving) the ability to measure the age, vulnerability and history of loss of 
organic matter is critical to unraveling the timescales on which stabilization 
mechanisms operate and for providing a means for detecting processes that accelerate 
loss of previously stabilized organic matter.” 
A common platform to investigate SOM age, vulnerability and history of loss is soil chronosequences. 
Chronosequences are a sequence of sites in close proximity and similar climate which are derived 
from the same parent geological material but differ in time since formation (Jenny, 1941). 
Chronosequences (or “catena”) provide windows in time of natural soil formation and plant 
succession. Chronosequences have allowed to observe the formation and transformation of SOM and 
the protection of SOM pools by reactive soil minerals over millennial timescales (Lawrence et al., 
2015; Masiello et al., 2004; Torn et al., 1997; Walker and Syers, 1976) and the relationship of soil-
plant interactions (Laliberté et al., 2014; Wardle et al., 2008, 2004). The use of chronosequences have 
also included “time since disturbance” (i.e. land use change from natural vegetation to agriculture; 
(Dalal and Mayer, 1986b; Luo et al., 2010; Poeplau et al., 2011), “…abandonment” (i.e. agricultural 
land left to natural regeneration) and “…rehabilitation” (i.e. intensive agricultural land use converted 
to pasture or plantations; Sanderman et al., 2013; Smith, 2014). These human-induced disturbances 
to soil lead to a sequence of events of biotic and abiotic SOM destabilisation, as described above. The 
use of well-constrained chronosequences, natural or modified by humans, thus enable observations 
of short- and long-term cycling of SOM over the course of recent and geological history. Moreover, 
soil chronosequences provide researchers with tools to observe interactions of biotic and abiotic 
processes which regulate SOM turnover on disparate timescales. It is within this context that critical 
knowledge advancements have been, and can yet be made, in relation to SOM stabilisation and 
destabilisation.  
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Figure 5: Conceptual diagram of SOM flows through different soil pools: microbial biomass, 
occluded SOM and mineral-associated SOM (figure adapted from Robertson et al., 2019). Every 
process involving the transfer or transformation of SOM into a different pool involves the release of 
CO2 flux involved with either microbial respiration or growth.  
1.3. Analytical methods of SOM turnover 
Historically, the heterogeneity of compounds within SOM has justified the distinction of SOM 
“pools” which are turning over at different rates. These pools may be described in terms of the time 
constants describing their dynamic, mixing and age (Torn et al., 2009). The timescales of these 
distinct pools have generally been characterized into three conceptual pools: “active”, “intermediate” 
and “slow” (or “passive”), attributed to <1 year, decadal-century and century-millennial turnover 
rates, respectively (Jenkinson, 1990). These pools help to understand the dynamic of SOM in a 
system, often through modelling simulations(Coleman and Jenkinson, 1996; Krull et al., 2003; 
Parton, 1996). The short-term CO2 flux from soil is generally derived from the decomposition of 
active pools, while the flux of the intermediate and slow C is occurring at rates not directly observable 
within human lifetimes (Torn et al., 2009). The dynamic of each pool is important for different 
processes. For example, the active pools of turnover are relevant for immediate nutrient availability 
and loss observed over seasonal fluctuations at the farm-scale. Regulating the loss and gains of 
intermediate and slow pools are important for increasing long-term C sequestration and storage for 
climate mitigation strategies (Owen et al., 2015) 
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It is therefore important to capture the dynamic of SOM cycling within processes of different scales. 
Soil chronosequences can provide a platform to assess time-oriented processes, however this does 
not resolve the mixing of SOM with distinct turnover times. Instead, SOM turnover is measured 
analytically in ways that help understand age (turnover/residence time), vulnerability to 
decomposition or history of loss. Historically, this has been a difficult task to achieve. Soil is 
heterogeneous matrix and evolves unique dynamics in both space and time, so no single method can 
be applied to universally characterize SOM cycling. Instead, a spectrum of methods may be applied, 
including:  
1.3.1. Physical fractionation and chemical extraction of organic matter 
Many methods have been developed, since the beginnings of soil science, to provide operational 
definitions of SOM pools which can be routinely measured and integrated to first-order decay SOM 
models. Historically, this has been dominated by the concept of humic and fulvic acids which are 
considered an end-phase of SOM decomposition, characterized by low decomposability and high 
stability. Extracting agents include NaOH and acid hydrolysis separate organic matter from inorganic 
components including sand, silt and clay. Recently, however, these traditional methods have faced 
increasing scrutiny with the realization the methods may lack ecological relevance, generate 
methodological artefacts and be non-selectiveness with regards to target compounds (Dungait et al., 
2012; Lehmann and Kleber, 2015). Other conceptual pools may include physical fractionation 
according to particle size and density (Christensen, 1992; Puget et al., 2000; Six et al., 2002; Tiessen 
and Stewart, 1983). Use of these methods has maintained more longevity in research application as 
they have been particularly effective at separating the short and long-term turnover pools; particulate 
OM (free plant material, fungal hyphae) and OM associated with reactive minerals or small 
aggregates, respectively (Crow et al., 2007; Kleber et al., 2011). Mineral-associated organic matter 
may also be extracted by geochemical extractions including sodium pyrophosphate, which is 
commonly studied in parallel with extracts of ammonium oxalate and citrate dithionite to elucidate 
co-existing processes of soil development and mineralogy (Sheldrick, 1984; Skjemstad et al., 1992a). 
1.3.2. Stable isotopes (13C and 15N) 
Stable isotopic tracers (13C, 15N) of organic matter allow tracing the mixing of different sources of 
SOM and the extent of SOM transformation. Stable isotopes are measured by isotope ratio mass 
spectrometer (IRMS) which combusts a small sample to reduce all forms of N or C to N2 or CO2 
respectively. The instrument ionises the gas sample, accelerating it into beams which separate 
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according to their mass; lighter ions bend at smaller radius than heavier beams, thus distribute across 
a bending beam in different locations that are measured with “Faraday cups”. Faraday cups measure 
the abundance of C isotopes 12C and 13C, and N isotopes 14N and 15N. The ratio of these isotopes (R, 
i.e. 13C:12C or 15N:14N) in the sample is reported in parts per thousand (i.e. per mille ‰) relative to a 
reference material (Mariotti, 1983). This denotes the nomenclature δ13C and δ15N, respectively. For 
example:  
δ13C =  1000 𝑥 (
𝑅𝑠𝑎𝑚𝑝𝑙𝑒 − 𝑅𝑠𝑡𝑎𝑛𝑑𝑎𝑟𝑑
𝑅𝑠𝑡𝑎𝑛𝑑𝑎𝑟𝑑
) 
Where, 
𝑅𝑠𝑎𝑚𝑝𝑙𝑒 = the isotope ratio of C
 13 : C12  in the sample 
𝑅𝑠𝑡𝑎𝑛𝑑𝑎𝑟𝑑 = the isotope ratio of C
 13 : C12  in the standard 
In natural processes, such as photosynthesis, SOM decomposition, N mineralisation and 
transformations, the heaviest isotope of each element being cycled is disproportionally retained 
compared to lighter isotopes in a process called isotopic fractionation., This leads to increased δ13C 
or δ15N values. Individual processes have different rates of isotopic fractionation depending on how 
much isotopic discrimination occurs during the process. This is mathematically calculated as the 
fractionation factor, ε; the isotopic difference (in δ15N or δ13C) between a substrate and its immediate 
product after transformation (Mariotti et al., 1984; Robinson, 2001): 
ε = 1000 ∗ (α − 1) 
Where, 
α = the ratio of 𝑅𝑃𝑟𝑜𝑑𝑢𝑐𝑡: 𝑅𝑆𝑢𝑏𝑠𝑡𝑟𝑎𝑡𝑒 
Therefore, measuring the ratio of heavy to light isotopes can provide quantitative insights into the 
history of loss, sources and transformation of SOM (Robinson, 2001). For example, natural isotopic 
fractionation may be mathematically related to rate of SOM loss by calculation of the slopes of least 
squares regression fitted to data involving either −LN, %N, δ15N or −LN %C, δ13C; (Evans and 
Ehleringer, 1993; Natelhoffer and Fry, 1988). Inherent differences in isotopic values allow 
determining the relative contribution of different sources of SOM; including C3 and C4 plants with 
contrasting δ13C values (<−24 vs >−16, respectively) due to different photosynthetic pathways 
(Farquhar, 1983; O’Leary, 1988); tracing the distribution of isotopically labelled substrates added to 
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soil; and determining relative contribution of C or N gas fluxes from isotopically labelled substrates 
vs soil (Kuzyakov, 2006). Most ecosystems fix N from the atmosphere (δ15N = approximately 0‰), 
and subsequent N transformation processes including assimilation, nitrification and denitrification 
result in 15N enrichment. Stable isotope approaches generally provide insights into decadal scales of 
turnover and evolution of SOM. 
1.3.3. Radiocarbon (14C) 
Radiocarbon analyses, involving the radioisotope 14C, provide an accurate “age” of carbon reaching 
up to 40,000 years before present. Measuring 14C abundance on an accelerator mass spectrometer 
(AMS) is fundamentally similar to measuring stable isotopes with IRMS, but accelerates ions to 
extremely high kinetic energies before analysis by an ionisation detector. The method is effective in 
separating out an abundant neighbouring mass (12C) during spectrometry and supressing unwanted 
isobars (14N; i.e. having the same number of nucleons) completely, making detection of 14C possible. 
The radioactive decay of 14C is measured in delta notation ∆14C, expressed in per mille notation (‰). 
The ∆14C value represents the per mille depletion of 14C in sample, relative to an international 
standard and corrected for isotopic fractionation effects incurred during analysis, according with 
nomenclature conventions (Stuiver and Polach, 1977): 
∆14C (‰) = (
𝐴𝑆𝑁
𝐴𝑂𝑁
− 1) × 1000 
Where, 
𝐴𝑆𝑁 =  radiocarbon activity of international standard: oxalic acid (normalised)  
𝐴𝑂𝑁 = radiocarbon activity of measured sample (normalised) 
Applications of radiocarbon to SOM provide greater insights turnover rates in soil occurring on 
decadal to geological timescales (Baisden and Parfitt, 2007; Torn et al., 2009; Trumbore, 2000). 
Nuclear weapons testing in the 1950s resulted in “bomb-spike” radiocarbon distributing into the 
atmosphere and subsequently translocated into plant biomass and SOM. This has provided a means 
to trace the incorporation and turnover of bomb-spike C from the atmosphere into different fractions 
and locations of SOM within the past few decades (Baisden et al., 2013; Baisden and Parfitt, 2007). 
Radiocarbon dating as a method to derive turnover rates of SOM is limited by the heterogeneous 
distribution of young and old C in bulk soil, and the disproportionate contribution of young 14C to 
bulk soil ∆14C values. Solutions around this limitation include physical fractionation and chemical 
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extractions which may separate compounds or pools of interest, not without their analytical 
limitations discussed above. 
1.3.4. Pyrolysis methods 
Methods involving pyrolysis seek to analyse the molecular structure of organic and inorganic samples 
using thermal degradation (Plante et al., 2009). When pyrolysed, organic matter is volatilised into 
smaller fragments which can be either analysed with analytical techniques such as gas 
chromatography mass spectrometry (pyrolysis-GCMS; van de Meent et al., 1980), or collected in 
successive fractions during temperature ramping in techniques such as ramped oxidation pyrolysis 
(Hemingway et al., 2017; Plante et al., 2013) or hydrogen pyrolysis (Ascough et al., 2009; Wurster 
et al., 2012).  
In pyrolysis-GCMS, volatilised fragments are swept into a gas column which separates out the 
molecules depending on molecular weight and interaction with the activated phase of the column. 
These molecules are directed to a detection plate in a mass spectrometer (MS), which measures the 
charge ratio (m/z) and relative abundance of the molecules as they enter the MS. This provides a 
“fingerprint” of the type and abundance of molecules derived from the sample in mass spectrums 
across the ramped temperature intervals. Online libraries, such as Automated Mass Spectral 
Deconvolution and Identification Systems (AMDIS) software, provide interpretation on the parent 
material which each molecule derives from, thus allowing determination of larger molecular classes 
such as lignins, proteins, polysaccharides in the sample (Grandy and Neff, 2008; Kallenbach et al., 
2016). The method is, however, limited by some uncertainties around compound identification. 
Spectral identification often offers multiple compound solutions to peaks, requiring informed 
decision-making which can be affected by selection bias. Furthermore, pyrolysis GC-MS has been 
known to produce pyrolysis artefacts, particularly nitrogenous aromatic groups such as benzonitrile.  
Ramped-oxidation pyrolysis is a technique which similarly uses ramping temperatures to separate 
sample molecules according to varying thermodynamic stability associated with increasing 
temperatures (Hemingway et al., 2017). However, once material is pyrolysed, this method collects 
the derived CO2 in nominated temperature fractions, typically 4 to 8 successive temperature ranges 
(for example, 150−310, 310−350, 350−450 and 450−650°C). This allows separating the most 
thermally stable fractions of a soil sample, often considered the oldest and most “stable”, to be 
collected for C isotope analysis, including δ13C and ∆14C (Hemingway et al., 2017; Plante et al., 
2013). A CO2 analyser integrated onto the gas line provides a spectra of CO2 evolution during 
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ramping to inform the desired temperature ranges to collect and provide information on the 
thermodynamic stability of the sample. For example, Plante et al. (2013) applied a deconvolution 
model to identify peaks and relative C contribution to different thermodynamic fractions based on the 
evolved CO2 spectra. Also, a stability proxy for CO2 evolution over time and temperature, T50, was 
determined as the temperature at which 50% of CO2 has evolved during ramped pyrolysis (Leifeld 
and von Lützow, 2014; Williams and Rosenheim, 2015). 
A relatively new method, hydrogen pyrolysis, uses pyrolysis in high H pressures with a sulphided 
molybdenum catalyst to separate labile and “recalcitrant” carbonaceous sample components 
(Ascough et al., 2009; Wurster et al., 2012). Historically, it stems from analytical approaches to 
analytically fractionate terrestrial kerogens (Roberts et al. 1995), however more recently has showed 
promising capability to discriminate between bound and absorbed organic species in soil and 
sediment samples. This allows removal of non-pyrogenic-derived carbon (or “black carbon) from the 
sample, allowing determination of either elemental component or isotopic (particularly ∆14C) 
signature of pyrogenic C in the sample. This technique is particularly pertinent today as current and 
previous methods to either isolate or measure pyrogenic C are fraught with limitations in 
methodology and/or interpretation (Ascough et al., 2009; Bird et al., 2015; Schmidt et al., 2001; 
Schmidt and Noack, 2000). 
1.3.5. Microbial functions 
Soil microorganisms are essentially the gatekeepers of SOM decomposition; hence their function and 
activity may provide insights to the drivers of SOM decomposition in the system. For this reason, 
characterizing soil microbial functions, including microbially-derived greenhouse gas emissions, 
microbial community composition by DNA amplicon sequencing, extracellular enzyme activity and 
substrate utilization preference (MicroResp©), has received increasing usage as a way of describing 
the biological controls over SOM turnover. When assessing SOM stability, the approach of 
characterising microbial function and composition differs from that of operational definitions of SOM 
pools in that it provides a direct, in-situ insight to why SOM is or is not being decomposed. In 
particular, experiments involving microbial functions may investigate the immediate responses, such 
as acceleration or inhibition of decomposition, to changes in environmental conditions such as 
climate, substrate addition, land management or physical disruption. 
Fluxes of microbially-derived gases, CO2, CH4 and NO2, and dissolved solutes (i.e. DOM) may be 
analysed with various analytical equipment involving gas chromatography (GC), combustion 
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catalytic oxidation methods and nondispersive infrared sensor (NDIR). The rate of gas released from 
soil and concentration of extractable DOC in different extracting solutions may be used as a proxy of 
SOM stability, or destabilisation in the case of environmental change. However, most of the gas and 
dissolved solutes released within short periods (minutes to years) are likely to derive from the active 
pool which has short turnover times, unless stimulated to release old C by substrates (priming effects; 
Fontaine et al., 2007; Perveen et al., 2018) or increasing temperature (Hopkins et al., 2012). 
Soil microorganisms synthesise enzymes to release a target compound of interest from a larger 
compound. For example, sulphatase is produced by microorganisms to release sulphate bound to 
organic matter, thus meeting sulphur demands of soil microorganisms. Xylanase breaks down xylan 
(i.e. hemicellulose) into xylose (a monosaccharide sugar) which can then be consumed for energetic 
demands of soil microorganisms. Potential soil enzyme activity is assayed by providing excess 
substrate or nutrient of interest to a soil slurry (soil + buffer solution) and measuring the rate of release 
exercised by the existing enzyme activity in the sample over a short period (generally up to 6 hours). 
The added substrate or nutrient is chemically attached to either a fluorometric dye (4-
methylumbelyferyl; MUF, or 7-Amino-4-methylcoumarin; MUC; Saiya-cork et al., 2002) or 
colorimetric dye (p-nitrophenol; PNP; Deng et al., 2013; Ekenler and Tabatabai, 2002; Tabatabai and 
Bremner, 1969) which is activated when released from the substrate or nutrient. Hence, the rate of 
release (i.e. fluorescence per hour) may be measured by a fluorometer or spectrometer at the 
appropriate wavelength. There are also alternative methods that use colorimetric-based assays, which 
change colour, rather than fluorescence, when enzymes interact with added substrate and then 
measured on a spectrometer. Many methodological factors must be considered to optimise the assay 
according to soil type and type of question; type of buffer, buffer pH, soil:buffer ratio, temperature, 
time of incubation, use of NaOH to cease reactions, sample and substrate storage conditions and 
period (DeForest, 2009; German et al., 2011; Niemi and Vepsäläinen, 2005). These methods cannot, 
however, distinguish between intracellular and extracellular enzymes. Furthermore, comparison of 
enzyme assays across soil types hampered by soil matrix quenching effects on the assay substrate 
(i.e. soil minerals quench fluorometric compounds). Recent advances in transcriptomics allow 
tracking differential gene expression of microorganisms to similarly assess enzymatic functions of 
the microbial community, however this remains a relatively expensive tool for soil scientists 
(Wallenstein and Weintraub, 2008). 
The MicroResp® measures soil CO2 emission rate in response to a suite of specific C-containing 
substrate compounds, which provide an assessment of the catabolic identity and abilities of the soil 
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microbial community (Campbell et al., 2003). Microbial respiratory response to substrates 
representing SOM components and estimated from measurements of CO2 release using a cresol red 
based colorimetric assay. Substrates commonly include plant and microbial material similar to that 
found in in-situ soils and soil incubations. Microresp® provides an indication of the catabolic capacity 
of soil microbial communities developed from exposure to different quality C substrates, suggesting 
the quantity and quality of SOM that the soil microbial communities are adapted to (Nunan et al., 
2015). The small volume of cresol red collecting soil CO2 fluxes allows high throughput of many 
substrates and/or soil samples. However, this in-turn reduces the precision of measuring CO2. 
1.4. Thesis rationale 
It is clear that SOM cannot be comprehensively analysed by a single or even multiple analytical 
approaches. Vast complexity and heterogeneity exist in soil due to variation in physical, chemical 
biological, spatial and temporal parameters, with technology to capture these dynamics improving 
daily. SOM modelling approaches attempt to provide mathematical frameworks to account for some 
or even most of these main points of variation to assist hypothesis forming and testing, or informing 
policy by simulating SOM processes for predicting soil health and greenhouse gas emissions at small, 
medium or large scales. The most common SOM models today (such as CENTURY, RothC, which 
have dominated this space for decades) are based on first-order decay principles and the definition of 
several conceptual pools of SOM with varying turnover times (i.e. decomposition rate; Jenkinson, 
1990).  
Yet, as discussed in Section 1.3.1, it is now understood that these stagnant pools of inherent stability 
and turnover times are not realistic reflections of SOM turnover processes, and this in-turn applies a 
limitation to the interpretation and confidence of model outputs. Instead, SOM turnover occurs on a 
continuum, largely driven by microbial accessibility to SOM (Schmidt et al., 2011). Thus, it has been 
argued that SOM models can be improved by incorporating explicit processes relating to factors and 
parameters relating to soil microbial activity, function and accessibility to SOM (Dungait et al., 2012; 
Schmidt et al., 2011; Wutzler and Reichstein, 2008). Despite much recent interest in the incorporation 
of microbial accessibility to models, first-order decay-based models remain most prevalent in SOM 
modelling and discussions (Campbell and Paustian, 2015; Luo et al., 2016; Stockmann et al., 2013). 
This is partly due to limited datasets available to inform new models but also the fact that the 
hypotheses for microbial-based models are not yet fully realised, due to the complex nature of 
biological phenomena (Wieder et al., 2013). Formulation of hypotheses, as outlined by Campbell and 
Paustian (2015) is the first of four critical stages of model development (Figure 6). Without robust 
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and, most importantly, valid hypothesis-based mechanisms driving SOM models, “new-age” 
modelling cannot sufficiently resolve SOM uncertainty and confidence, no matter much data can be 
collected and incorporated. 
 
Figure 6: Four aspects of model development, modified from Campbell and Paustian (2015). 
This thesis therefore focuses on improving mechanistic understanding of SOM stabilisation and 
destabilisation including microbial processes, in an effort to inform hypotheses that underpin new 
generation models. Specifically, the use of study systems (chronosequences) that elucidate temporal 
variation of SOM in response to environmental and soil processes can inform the objective of SOM 
models: to simulate the evolution of SOM. Furthermore, the integration of processes mediating 
microbial behaviour into familiar frameworks of SOM evolution allows for robust comparison 
between old and emerging conceptual paradigms. This thesis examined a combination of archived 
soil samples and freshly collected samples from two different soil chronosequences (agricultural and 
natural) to provide insights to the biogeochemical interactions involved with SOM stabilisation and 
destabilisation. The broad purpose of using chronosequences was to measure biotic and abiotic 
processes as functions of geological or agricultural time, allowing a more mechanistic understanding 
of processes involved with SOM stabilisation; and to improve the ability to predict long-term SOM 
processes by developing theories of SOM turnover with the use of short-term measurements 
(incubations) and long-term observations (space-for-time substitution chronosequences). The 
purpose of archived soil samples in this thesis was twofold; direct study comparison on samples which 
have been used for seminal studies in the past and access to study sites which no longer exist due to 
land use change. Two chronosequences (Cooloola sand dunes and the Dalal series) in southern 
Queensland, Australia, were used as they are in close proximity to the University of Queensland 
(Brisbane) where this thesis research was conducted, and are represented with historical, archived 
soil samples and substantial legacy of previous research.  
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1.5. Dalal series 
The Dalal series consisted of native forest-to-cropping conversions occurring across multiple soil 
types in southern-Queensland (Dalal and Mayer, 1990, 1986b, 1986a, 1986c, 1986d). The studies 
took advantage of “space-for-time” substitutions, using many paddocks with differing periods of 
historical cropping in combination in a chronosequence approach. The series are recognised globally 
as one of the first elaborate agricultural chronosequence studies to demonstrate parallel declines in 
soil fertility and crop yield over 20 to 70 years of continuous cereal cropping under conventional 
tillage. Most notably, the studies highlight the rate of decline in SOC and N stocks during cropping 
years is modulated by soil texture. That is, after disturbance from forest to cropping, including tillage, 
higher clay content soils had enhanced capacity to protect SOM leading to slower rates of SOM (C 
and N) loss during the decades following land use change (Dalal and Mayer, 1986a). Losses in high 
clay content soils were most associated with loss of light fraction SOC (by density fractionation) 
while losses of SOM from soils with low clay content were similar in heavy and light fractions (Dalal 
and Mayer, 1986d). Relative losses in SOC from these soils were related in their clay content, 
aggregate stability and enzyme activity. The decline in SOC and N was relayed by declines in dry 
matter yields and N uptake by winter cereal crops (Dalal and Mayer, 1986b).  
All of these works were undertaken with physical and elemental analyses. Yet, in light of current 
research directions in SOM and soil quality, questions remain how these features vary with microbial 
and isotopic processes during the cropping period. The original study sites have mostly undergone 
conversion to permanent pasture, allowing bulk estimates of SOC and N turnover after conversion 
from cropping to pasture (Jones et al., 2016). This also means new questions surrounding the cropping 
chronosequence cannot be achieved with new samples. However. a legacy of archived soil samples 
from the original Dalal series remain for probing these questions with modern analytical methods and 
paradigms. The use of archived soil samples of these series therefore presents the only opportunity to 
expand knowledge of biotic and abiotic processes along this well-studied and constrained cropping 
chronosequence of SOM loss.  
Here, two soils types from the Dalal series were investigated for this purpose. The “Riverview” series 
occur on a deep, dark reddish brown, sandy clay loam (Rhodic Paleustalks, i.e. Alfisol). The parent 
material is weathered ferruginous sediment, and contains kaolinite, quartz, illite and hematite. No 
inorganic carbonates exist in the surface but sometimes inorganic carbonates exist below 0.5 m. The 
soils occur on very gently undulating landscape (1% slope). The “Billa Billa” series occur on a deep, 
greyish yellow brown, light medium clays which are alkaline near the surface and increasingly acidic 
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below 0.5 m depth (Typic Chromusterts; i.e. Vertisol). The soils occur with weak gilgai microrelief 
on gently undulating (1% slope) landscapes and are derived from weathered calcareous sediments 
containing quartz, kaolinite and illite. More details of these soils can be obtained in Dalal and Mayer 
(1986b). 
1.5.1. Chapter two 
During the collection and initial reporting period of the Dalal series in the 1980’s, analyses of C and 
N isotopes were much less common and available than today due to cost and rare access to IRMS at 
the time. The use of C and N isotopes have previously been used to add dimensional insights to 
nutrient cycling in ecosystems. Specifically, it allows investigating the history of SOM processing 
(Billings and Richter, 2006; Natelhoffer and Fry, 1988) and nutrient loss (Högberg and Johannisson, 
1993; Robinson, 2001) in ecosystems. The lack of historical use of fertiliser at one of the Dalal series 
(Riverview) allows a rare opportunity to observe natural enrichment of soil 15N on agricultural soil, 
since fertilisers (with isotopically distinct δ15N values compared to most agricultural soils) could 
significantly affect soil δ15N signatures. This chapter is the first to interrogate the function of time 
and depth during SOM loss along the Dalal series with the use of soil isotopic information and one 
of the first studies globally to demonstrate natural 15N enrichment along a cropping chronosequence. 
Objective: Observe natural enrichment of 15N during N loss (via SOM decomposition) after 
agricultural clearing on one of the soil series of the Dalal chronosequences (an Alfisol, i.e. 
“Riverview”) to inform processes of SOM turnover and loss during cropping. 
Hypothesis: The gradual loss of N (via SOM decomposition) over 20 years of cropping, previously 
observed in these archived soils, will lead to natural enrichment of soil 15N, and allow distinguishing 
flow pathways of SOM. 
1.5.2. Chapter three 
The legacy of soil samples from the Dalal series presents a unique potential opportunity to investigate 
the interactions of soil microbial activity and SOM destabilisation processes by agriculture. For 
example, the temporal response of the soil microbial community could be observed after disruption 
by clearing, tillage or long-term SOM loss. And the variation of microbial responses could be 
observed across varying soil types. However, long-term dry storage of soil samples is known to have 
profound impacts on soil microbial activity and composition (Chen and Alexander, 1973; Martí et 
al., 2012; Salonius, 1983; Zelles et al., 1991). While pre-incubation (wetting) of soil samples in 
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laboratory conditions may revive microbial activity, it remains unclear if archived soil samples may 
be used for incubation studies to accurately determine microbial functions relating to SOM turnover 
(Bartlett and James, 1980; Clark and Hirsch, 2008; Kaiser et al., 2015; Manter et al., 2017).  
Objective: This chapter aimed to investigate the potential opportunity to use the archived Dalal series 
samples by comparing the pre-incubated soil functions of 36-year old archived samples with more 
recently and freshly taken samples from the same location, on contrasting soil types from the 
Riverview and Billa Billa soil series.  
Hypothesis: Soil microbial functions relating to SOM cycling remain intact during soil storage, so 
that the archived Dalal series will allow investigations of biotic and abiotic interactions of SOM 
cycling along the cropping chronosequence. 
1.6. Cooloola chronosequence 
The Cooloola chronosequence is a series of sand dunes in the Great Sandy National Park, south-east 
Queensland, Australia, formed during marine transgressions over the last ~500,000 years (Coaldrake, 
1960). The site has been well-studied in relation to soil development and is renowned for its “giant 
podzols”, and interactions between SOM and soil mineralogy (Skjemstad et al., 1992a; Thompson, 
1981). Despite the legacy of study deriving from these chronosequences, studies of this nature 
continue to define and redefine the ecological and pedological principals to which organic matter, 
nutrients and organisms occur. The Cooloola giant podzol chronosequence, located at the Great Sandy 
National Park, presents a unique opportunity to improve understanding of the mechanisms controlling 
the millennial evolution of soils and ecosystems on sand dunes (Thompson, 1981). As one of the few 
global soil chronosequences to have developed within 10 km in the same climate zone, it enables 
research of millennial-scale evolution of SOM and mineralogy in the process of “podzolisation”. This 
occurs alongside both vegetation succession, the build-up of ecosystems via increasing availability 
of soil-derived nutrients to vegetation; and retrogression, the decline of ecosystem productivity 
caused by the net loss of nutrients.  
32 
 
 
Figure 7: Map of the Cooloola sand dune systems, Queensland, Australia. Polygons indicate distinct 
sand dunes formed at various stages over the last 450,000 years (see age in legend). Cross section of 
dune stratigraphy expanded in Figure 8. Map modified from Thompson and Moore (1984). 
A fundamental concept of ecosystem development at the Cooloola chronosequence is the co-
occurring development of soil and vegetation dynamics with dune age. The very nature of soil 
development here (“podsolization”) relies on the integration of organic matter from plants into sand. 
This provides an acidic and optimal environment for stripping of essential minerals from sand grain 
sesquioxide coatings and integration of those mineral nutrients into the plant-root biome. It is this 
continual supply and build-up of nutrient availability that gives rise to greater vegetation productivity 
and dynamic under succession, peaking at Cooloola within 150,000 years since sand dune formation 
(Table 2). Due to the leaky nature of the sands, the continual loss and lack of resupply of mineral 
nutrients (in particular phosphorous) leads to ecosystem retrogression in the ancient dune systems. 
These associations of soil development and vegetation response occurring over hundreds of thousands 
of years provide fascinating insight into natural biogeochemical and ecological relationships (Table 
2).  
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Table 2: Plant community type and structure along the Cooloola sand dune chronosequence, based 
on previous studies: Lees (2006), Thompson and Moore (1984), Walker et al. (1981), Wardle et al. 
(2004). 
Dune 
system Dune age Landscape Community type Community structure 
Canopy 
height (m) 
1 500 Mutyi Colonizing shrubland Establishing low forest 1 - 9 
2 4,200 Chalambar Layered forest Mid-high open forest 12 - 19 
3 9,800 Burwilla 
Layered woodlands to grassy 
open forests 
Tall open forest 20 - 30 
4 140,000 Warrawonga Woodlands and forests Extremely tall closed forest 30 - 50 
5 310,000 Mundu Shrubby layered woodlands 
Mid-high open shrubby 
forest 
12 - 20 
6 450,000 Kabali Shrubby woodlands 
Dwarfy shrubby open 
woodland 
8 - 12 
 
1.6.1. Geomorphology 
The Cooloola sand mass is approximately 40 km long from north to south and reaches elevations of 
260 m, putting it at one of the largest wind-blown sand masses that occur around the coast of South-
East Queensland. The sand masses in the surrounding area were all formed by similar series of dune 
building phases when quartz sands from the ocean were deposited onshore (Coaldrake, 1960; Connah, 
1961; Thompson, 1975). The sands were originally thought to have derived from the area of the New 
England tableland in northern New South Wales, and once transported to the ocean by the coastal 
rivers in this region were picked up by longshore currents and carried north (Gardner, 1955). Rocky 
headlands in South-East Queensland may have acted as natural groynes where the sands have 
deposited at different stages during marine transgressions (Roy and Thorn, 1981). However, it 
remains today unclear exactly what processes have led to sand dune formation on South-East 
Queensland coast (Miot da Silva and Shulmeister, 2016).  
After deposition, aeolian processes pushed the sands further inland, forming parabolic dunes (Panel 
1) which are still recognisable today (Coaldrake, 1960; Thompson, 1983). While it is implied in 
earlier publications, it was confirmed later on, based on a constant Zr/Hf ratio of the zircons, all the 
sands derive from the same parent material (Chittleborough et al., 1998; Fitzpatrick and 
Chittleborough, 2002).  The overlapping systems that are a result of the dune-building process have 
formed a sequence of varying aged dunes, collectively termed a “chronosequence”. The Cooloola 
chronosequence is generally described as a series of six progressively older sand dune systems across 
a space of 10 km, spanning 500-year old deposits at the coast to 460,000-year old deposits that remain 
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exposed further inland (Figure 8). In the following sections I will describe the geological processes 
that lead to the formation of this chronosequence. 
 
Figure 8: Concept of Cooloola sand dune stratigraphy according with cross section in Figure 7, in 
relation to dune elevation (above sea level) and progression of podzol horizon thickness and depth 
for A1, leached A2, spodic B1, B2, B3 horizons and parent material (i.e. C) horizons. Key to sand 
dune system names and ages in Figure 7. Image modified from Thompson and Moore (1984) 
1.6.2. Surrounding geology 
The geological significance of Cooloola sand dunes was first described by drilling operations in the 
search of oil during the early 1900’s (Ball, 1924). Six bores that were drilled to depths of 15−156 m 
found that the most recent sand deposits (of Holocene and Pleistocene age) overlie fine-grained, 
consolidated sands of Tertiary age (Ball, 1924). These consolidated sands, exposed in many places 
around the sand dunes, exhibit such a diversity of colours that inspired the name of the local town 
Rainbow Beach, but within scientific literature they are more commonly known as ‘coffee rock’ 
(Byers et al., 1938; Stace et al., 1968) and are analogous with coastal ‘sandrock’ (Ward and 
Thompson, 1979). Triassic-aged bedrock of conglomerated clay, shale, coarse sand and water-worn 
pebble (derived of both wind-blown and estuarine deposits) underlies these sands at depths of 23−55 
m below high-water mark (Ball, 1924).  
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1.6.3. Sand dune morphology 
The sand dunes themselves were originally recognised as only two units; the “Teewah sands” that 
exist closest to the eastward beach and older “Oceanic sands” which occur further inland (Ball, 1924; 
Coaldrake, 1960). Radiocarbon (14C) dating of organic fossils (fossilised plants and charcoal) found 
throughout the Teewah sands soil profile revealed scattered ages between 36,000 and 45,000 years 
old and likely much older with the discovery of a “brown coal” bed within Teewah sands near the 
beach (Ball, 1924). This disconformity of geological ages provided the initial interpretation that the 
historic dune building processes at Cooloola are the result of periodic additions of sand throughout 
the Pleistocene rather than one steady accumulation, but this notion was not further investigated at 
the time.  
Today, the sand dunes that are exposed at the surface of Cooloola are recognised as a series of 
overlapping dune systems that were deposited at 6 major points in time; three parabolic dune systems 
of Holocene age that overlie three systems of Pleistocene age that each remain exposed further west-
inland (Thompson, 1983; Thompson and Moore, 1984; Figure 8). As discussed by Thompson (1992) 
the classification of 6 dune systems is a simplified account of the Cooloola chronosequence because 
two older dune systems (including what is now considered Teewah sands) underlie dune systems 5 
and 6 but are not exposed at the surface (Coaldrake, 1961). Further, ecological studies typically 
recognise three sand dune stages at the foredune to distinguish early colonisation stages; bare sand, 
sparse colonisation and dense colonisation. Despite these limitations, therein these six dunes will be 
referred to as “dune systems” and specific mention of each dune system (DS) will be named as DS 
1−6 (consistent with Thompson 1992; Table 3).  
Table 3: Stages of podzol formation associated with each sand dune system along the Cooloola 
chronosequence, including B horizon depth and dune landform descriptions given in Thompson and 
Moore (1984). 
Dune 
system 
Dune 
age (yrs) Landscape Soil type 
B horizon 
depth Landform 
1 500 Mutyi Siliceous sands <1 m 
Active mobile dunes/ Young V-shaped 
parabolic dunes 
2 4,200 Chalambar Rudimentary Podzols 1 - 2 m 
V-shaped parabolic dunes with trailing 
arms 
3 9,800 Burwilla Podzols 2 - 6 m 
U-shaped parabolic dunes with trailing 
arms 
4 140,000 Warrawonga Giant Podzols 8 - 12 m 
Broad U-shaped parabolic dunes with 
heavily eroded trailing arms 
5 310,000 Mundu Giant Podzols 10 - 18 m 
Large sandridges with severely eroded 
parabolic dune remnants 
6 450,000 Kabali Giant Humus Podzols 12 - 25 m 
Broad whaleback sandhills with very 
severely eroded parabolic dune 
remnants 
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1.6.4. Sand dune ages 
While there is a clear relative age sequence between the dune systems from young to ancient (beach 
to inland, respectively), putting an exact age on each of the dune systems proved and still proves to 
be difficult (Table 3). Earlier studies (Thompson, 1975) inferred the age sequence by observing 
pedological features that indicate increasing degree of weathering (“podzolisation” discussed later) 
thus increasing time since deposition from east to west. Degree of weathering was also inferred by 
the preservation of sand dune morphology meaning distinct parabolic dune features indicate young 
sand dunes (DS1−4) and the lack thereof in the older dunes due to substantial long-term exposure to 
weathering and sand shifting (DS5−6) resulting in uncharacteristic mound-shaped dunes termed 
“whaleback”. 
Thermoluminescence (TL) dating of the sand dunes (Tejan-Kella et al., 1990) gave 90,000 years for 
DS4, 120,000 years for a dune system at North Stradbroke (a similarly-derived sand mass island 
within the southeast Queensland area) which is considered equivalent of DS5 at Cooloola and 730,000 
years for DS6. More recent optically stimulated luminescence (OSL) dating of multiple points at each 
Cooloola dune system (Lees, 2006) gave more accurate ranges for the dune ages (Table 3). One may 
infer that the previously recognised dune system Teewah sands could be assigned the dune ages 
310,000 years based on its underlying position to DS 5 (Lees, 2006), and 460,000 years for an older 
dune that underlies DS6 but for which no remaining surface exposures have been observed. However 
there remains uncertainties around the relationship between these dune systems (Thompson and 
Moore, 1984).  
1.6.5. Soil Development 
One of the most distinguishing features of the Cooloola sand mass is the soil development gradient 
of podzolisation (Stace et al., 1968) that occurs as a result of the cumulative effects of input of organic 
matter from vegetation and long-term weathering. Podzolisation occurs here once the sands are 
stabilised and protected by vegetation cover from oncoming winds that cause Aeolian erosion and 
deposition. The cessation of sand mobilisation and movement leads to downward leaching of pooled 
water into the sand substrate allowing weathering processes to initiate soil profile development. Soil 
development in these sands is mostly dependant on moisture, inputs of organic constituents from 
vegetation and period of exposure to weathering and erosion (Walker et al., 1981). Podzolisation at 
Cooloola is particularly unique in that the soil profile reaches reported depths of up to 15 m, and 
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purportedly up to 25 m, in the oldest dune.  Accordingly, classification of these soils was suggestively 
termed ‘giant podzols’ (Figure 5b; Thompson and Hubble, 1980). 
1.6.6. Formation of podzols 
After initial deposition of new sands on the beachfront at Cooloola, colonisation by coastal 
successional plants takes place providing organic inputs to the sands in the form of litter and root 
material. The build-up of this organic matter in the surface soil forms both a dark organic “O” horizon 
– a 0.05 m deep humic intermediate between litter and soil – and a grey “A1” horizon which is the 
topmost mineral soil horizon consisting of sand and degraded organic matter. The sand grains at 
Cooloola are initially already covered in mineral coatings called “sesquioxides” which, in this form, 
are generally not available to plants (Thompson and Hubble, 1980). Early studies suggested that root-
associated fungal hyphae are responsible for the removal of these sesquioxide coatings from the sand 
grain for nutrient acquisition (Jehne and Thompson, 1981), and a glasshouse experiment supported 
this by demonstrating that common species of the chronosequence (B. Integrifolia, E. Intermedia and 
E. pilularis) can access phosphorous in this insoluble form (Noble, 1990), prompting questions about 
the extent of plants’ role in weathering the sand grains during podzolisation. While these organisms 
certainly contribute to some extent, it is widely established now that the acidic conditions created by 
the residence of organic matter, combined with weathering by rainfall, are the main drivers 
responsible for the release of the sesquioxide mineral coatings from the sand grains (Skjemstad et al., 
1992a).  
The uptake of these minerals by plants provides essential nutrients that are required for further growth 
and development of the overlying vegetation. The most essential nutrients, with the exception of 
nitrogen (N), are found on the coatings such as phosphorous (P), iron (Fe), aluminium (Al), sulphur 
(S), potassium (K) and calcium (Ca), as well as a suite of micronutrients (Skjemstad et al., 1992a; 
Thompson, 1992). Over time these minerals, along with dissolved organic matter, leach down the 
highly porous soil profile leaving a white A2 horizon (underlying the organic A1 horizon) that is 
stripped of organic matter and sesquioxides and which has comparatively very low absorptive 
function (Kellman, 2002). As vegetation inputs continue over time, the A1 horizon is sustained while 
the depth range of the leached A2 horizon (sometimes referred to as “bleached” due to its pure white 
colour) continues to expand (Figure 8b). Where vegetation productivity and associated input is high, 
the depth of the A1 horizon is accordingly greater, reaching depth thicknesses of 1.4 m in the most 
productive systems (Thompson, 1981; Walker et al., 1981). The leaching of minerals and build-up of 
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organic matter in the A1 over time is reflected at the surface by a noticeable shift in the colour of the 
sands from yellow at the beachfront to a dull white in the older dunes (stained grey from SOM). 
The loss of sesquioxide minerals from the A horizon is followed by the build-up of these minerals at 
greater soil depths, initiating the formation of the B horizon deeper down in the soil profile 
(Thompson and Hubble, 1980). It is within the deep B horizons of the Cooloola chronosequence that 
there is large interest and value in studying soil development and organo-mineral geochemistry. It 
was initially believed (Brewer and Thompson, 1980) that SOM interacted with Fe ions to give rise to 
the podzol B horizons at Cooloola, however sequential extractions by Skjemstad et al. (1992b) later 
suggested that Al interactions with SOM and Si are primarily responsible for B horizon formation 
and that Fe is not greatly associated with such interactions. As aluminium and Si is weathered and 
released from the sand grain, they interact to form disordered aluminosilicates that leach from the 
surface and precipitate as short-range ordered (SRO) proto-imogolite further down the profile to 
initiate the B horizon (Skjemstad et al., 1992b). This accumulation then adsorbs translocating DOM 
and other SRO minerals (such as Fe, Ti and Mn in their poorly-crystalline phases) being leached 
down the profile which further progresses B horizon development (Chittleborough et al., 1998; 
Fitzpatrick and Chittleborough, 2002).  
Based on the high presence of roots within the B horizons of young dunes, Skjemstad et al. (1992b) 
suggested that the initial accumulation of SOM in the B-horizon may be largely derived by root 
exudates and biological activity in the rhizosphere. After which, accumulation of DOM from both 
aboveground and belowground organic matter inputs will continue. Any further minerals released by 
weathering over time accumulate in this new B-horizon and aid in trapping further organic materials 
over millennia until there is a deep mineral and organic-rich B-horizon in the podzols of the older 
dunes (Figure 8b, Table 3).  
1.6.7. Soil Classification 
This increasing degree of soil development and associated accumulation of organo-mineral 
complexations along the Cooloola chronosequence provides a unique opportunity to understand the 
effects of weathering in different stages of geopedological development on a millennial scale. The 
soils at Cooloola have been individually classified to distinguish morphological differences according 
to degree of soil development (Brewer and Thompson, 1980; Thompson and Hubble, 1980). In the 
early stages of soil development, the high presence of iron and aluminium sesquioxides (‘s’) but lack 
of organic matter in the B horizon characterises the soil as ‘rudimentary’ podzols with ‘Bs’ horizons. 
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The eventual incorporation of humic organic matter (h) in the B horizon develops friable to firm ‘Bhs’ 
(or ‘Bhir’) horizons which encompasses most podzols at Cooloola. Where the depth to B horizon is 
>2 m, the profile is called a ‘giant’ podzol (Thompson, 1992; Thompson and Hubble, 1980). In 
systems where there is an underlying watertable in contact with the B horizon, a cementation 
(crystallisation) of the mobilised minerals and SOM forms above the watertable and becomes darker, 
thicker and firmer with age, giving the term humus podzols characterised by Bh horizons (Thompson, 
1992). These hard concretions, which develop eventually into coffee rock, occur in the interdune 
corridors and low-lying sites that are close to the watertable.  
1.6.8. B-horizon geochemistry 
After dissolution of sesquioxides, aluminosilicates precipitate further down the soil profile with dune 
age and form the SRO mineral proto-imogolite, leading to the origin of the B horizon. With age, 
independently-dissolved Al-ions and DOM precipitate in this alluvial horizon to form Al-OM 
complexes that help to accumulate and stabilise carbon in the horizon for centuries and possibly 
millennia (Buurman and Jongmans, 2005). This acts as a trap to collect and precipitate further metals, 
including Fe, Ti and Mn in their poorly-crystalline mineral phases (Skjemstad et al., 1992a).  Further 
leaching of acidic organic materials (aromatic acids; fulvic, aliphatic and phenols) would aid 
development of the Bh horizon as well, as move it down the profile.  
Iron oxide exists in the rudimentary Bs horizons as ferrihydrite and the older mineral rich Bhs and 
Bh horizons as goethite (Skjemstad et al., 1992a). The reducing conditions formed by the 
accumulation of dissolved organic compounds ensures the Fe(II) ions are continuously dissolved and 
re-precipitated ahead of (i.e. below) the humic-aluminium horizon until the watertable (if present) is 
reached (Skjemstad et al., 1992a; Thompson, 1992). Analytically, this is represented by presence of 
Fe in the earlier podzol B horizons, an absence thereof in the intermediate aged dune systems and 
return of Fe presence in the older Bh horizons (due to the transcending B horizon reaching the 
underlying watertable where Fe is accumulated; Skjemstad et al., 1992a). Lateral sources of Al and 
Fe from the watertable will also contribute to accumulation of minerals in deep B horizons in contact 
with the watertable (Farmer et al., 1983). There is evidence to show that Ti-OM (OH, acidic litter) 
complexes may form in the A1 horizon and mobilise this compound down the profile and precipitate 
as anatase or rutile in the upper B(1) horizon (Fitzpatrick and Chittleborough, 2002; Skjemstad et al., 
1992a). It is also possible that within the B horizon, Ti substitutes Fe in goethite but there is no 
evidence of such association with ferrihydrite (Skjemstad et al., 1992a). 
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As mentioned, the B-horizon acts as a binding site that precipitates leaching DOM, forming stable 
organo-mineral associations involving mostly aluminium but also Fe and other metals (Skjemstad et 
al., 1992a). Affinity for association with aluminium here is driven by both the C:Al ratio of soil (of 
pyrophosphate extractions) and the functional chemical composition of OM (Skjemstad and Osmond, 
1992). Lower C:Al ratios lends to higher aluminium availability for precipitation of C. Due to vertical 
arrival of C but also vertical displacement of aluminium, higher C:Al ratios exist at the topmost 
section of B horizons and decline with depth (i.e. affinity for Al co-precipitation is stronger going 
down the B horizon profile). Furthermore, there is fractionation of C material throughout the B 
horizon; where aromatic, humic acids tend towards the top while fulvic acids higher in alkyl and 
carboxyl groups tend towards the bottom (Anderson et al., 1982; Skjemstad et al., 1992b).  
It is interpreted by Skjemstad that fulvic acids, being lower molecular weight and containing more 
charges, have more affinity to bind to Al than humic acids, which are structurally rigid by comparison. 
Si has far less affinity to bind with Al so it most likely migrates the profile independently of Al until 
it reaches a point of Al saturation in the deeper section of the B horizon, where competition of 
complexation with Al is low and easily achieved. Migration of highly mobile fulvic acids down the 
profile absorb to Al at the top of the B horizon and leach Al further down the profile until the point 
where Al is saturating and C may be precipitated. This continual remobilisation of Al down the profile 
is the key process taking place in podzolisation leading to progressively deeper B horizons with sand 
dune age.  
1.6.9. Outstanding areas of research 
However, much of this work was presented under the framework of operationally defined soil 
“humics”, which today is criticised for its lack of ecological relevance, methodological artefacts and 
non-selectiveness with regards to target compounds (Dungait et al., 2012; Lehmann and Kleber, 
2015). Furthermore, many advances in knowledge of SOM stabilisation and technology (including 
radiocarbon, ramped-pyrolysis and in-depth microbiological techniques), have progressed since the 
time of reporting these studies. In particular, the traditional notion of “selective preservation” and the 
role of soil microorganisms in SOM stabilisation. There is, therefore, an opportunity to revisit 
previously established concepts of SOM stabilisation at Cooloola with contemporary paradigms and 
technology to expand understanding of the role of not only abiotic processes of SOM turnover but 
also biotic processes. Soil samples collected by Cliff Thompson during field expeditions at Cooloola 
in 1973 were archived and catalogued by the CSIRO (Thompson and Moore, 1984). Access to these 
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samples today allows direct comparison with previous research undertaken at Cooloola using new 
technology as well as the convenience of accessing extraordinarily deep podzol profiles (up to 15 m). 
1.6.10. Chapter four 
The previous work by Skjemstad et al. (1992a, 1992b) and Skjemstad and Osmond (1992) on SOM 
formation in Cooloola provided a framework of SOM stabilisation in the B horizons based on humic 
and fulvic acids; a rather traditional approach to SOM characterisation. As discussed, there have been 
many conceptual and methodological progressions since this period. This chapter therefore aimed to 
revisit this framework with new technologies to characterise SOM and modern paradigms of abiotic-
derived SOM stabilisation. A previous study (Jones et al., 2015) has employed archived Cooloola 
samples as a baseline comparison of bomb spike-derived 14C incorporation into SOM to assess biotic 
process of SOM stabilisation in the A horizon of the chronosequence. This chapter aimed to assess 
abiotic and depth processes of SOM stabilisation in the underlying deep B horizons of the same 
profiles. This involved a combination of radiocarbon dating with traditional geochemical methods 
and modern ramped-pyrolysis techniques for SOM characterisation. The research is distinct to that of 
Skjemstad and Osmond (1992) in that it investigates firstly the extent of SOM stabilisation (via 14C 
analysis) and secondly, the composition and source of stabilised SOM by measurement with ramped 
pyrolysis and GC-MS.  
Objective: Determine the source and stability of deep SOM in the B horizons of Cooloola. 
Hypothesis 1: The proposed cascade model, by Kaiser and Kalbitz (2012), suggests fractionation of 
SOM down the profile is due to microbial degradation and displacement of aged products while 
younger products remain in shallow horizons due to affinity to absorb to reactive soil minerals. 
However, of the Cooloola podzols, Skjemstad et al. (1992b) and Skjemstad and Osmond (1992) 
suggested SOM fractionation down the profile is due to differences in compound mobility and affinity 
for absorption with minerals. Thus, it was theorised that migration of fulvic material, being more 
mobile, will descend the B horizon creating a fractionation of fulvic from humic acids (the latter being 
less mobile in the mineral-rich B horizon). If this were the case, SOM should be of similar radiocarbon 
values down the whole profile (i.e. minimal fractionation of age). In other words, if fulvic acids 
derived from A horizon can easily pass older humic acids down the profile, then radiocarbon ages 
should be somewhat uniform or not increasing significantly down the profile. Thus, it was 
hypothesised that if the cascade model holds true for the Cooloola podzols, then radiocarbon age 
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should increase with depth. This would indicate an alternative mechanism involved in SOM 
formation that what Skjemstad et al. 1992b theorised. 
Hypothesis 2: The relationships of C functional groups and B horizon geochemistry as suggested by 
Skjemstad et al. (1992a) are based on limited data. While data relating to geochemical changes along 
whole B horizon profiles was provided by Skjemstad et al. (1992b), only sparse data relating to 
functional SOM changes by nuclear magnetic resonance (NMR) spectra were undertaken by 
Skjemstad et al. (1992a). In most cases, only two horizons (sometimes the same horizon depth from 
different, nearby cores) were analysed for NMR spectra, limiting a definitive conclusion of the nature 
and source of SOM in the deep B horizons. The reason for this is the small C content of the samples 
and the strong paramagnetic material in the samples which disrupt NMR spectra. More recently, 
characterisation of organic constituents of soils can be analysed by pyrolysis GC-MS. The benefit of 
this analysis is that it does not have these issues of NMR (which are the Fe-magnetic effect; large C 
content but small sample mass required) but returns similar data in the way of SOM characterisation. 
This project therefore sought to re-analyse soil samples of the Cooloola B horizon to determine the 
SOM composition, in order to reveal new insights into the origin of deep, stabilised SOM. 
Considering the “cascade model” (Kaiser and Kalbitz, 2012), it was hypothesised that deep subsoil 
SOM of the Cooloola podzols will be primarily microbially-derived material and far less “aromatic” 
plant-derived material as suggested Skjemstad et al. (1992a, 1992b), providing an explanation for 
increasing SOM turnover time with depth. 
1.6.11. Chapter five 
The findings of Chapter 3 demonstrated a profound role of mineral-associated aromatic C for long-
term stabilisation of SOM in the deep B-horizons of Cooloola. Fontaine et al. (2007) previously 
demonstrated ancient SOM in subsoils may be destabilised by fresh substrate addition. The authors 
suggest that fresh substrate supply provided energy and nutrients to previously starved subsoil 
microorganisms, allowing metabolism of either highly complex or “recalcitrant” SOM. At the deep 
B horizons of Cooloola, it is unclear whether long-term SOM stability (as determined in Chapter 3) 
is a product of; 1) energy and nutrient limitations on microbial activity and metabolism; 2) reactive 
mineral protection of SOM. Therefore, this chapter aimed to similarly assess the role of biotic 
processes for the long-term persistence of SOM observed in the deep B horizons at Cooloola (Chapter 
3) with a glucose-addition experiment on freshly-collected soil samples from Cooloola. While 
Chapter 3 characterised gross estimates of SOM turnover, this chapter sought to assess more in-depth 
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microbiology, including short-term assays of microbial function, and its role in SOM cycling at 
Cooloola. 
Objective: Examine the role of biotic processes, specifically energy limitation of microbial activity, 
in the long-term stabilisation of SOM in deep Cooloola B horizons with the use of freshly collected 
soil samples and assays of microbial function. 
Hypothesis: The addition of labile glucose to soils will stimulate microbial metabolism allowing 
mineralisation of previously stabilised SOM in the deep B horizon of Cooloola.  
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Chapter Two: 
Enrichment of natural 15N abundance during soil N losses under 20 years of 
continuous cereal cropping 
 
 
 
 
 
 
 
 
The following chapter is a version of a manuscript which was published in Science of the Total 
Environment in January 2017: 
Jones, AR, & Dalal, R (2017). Enrichment of natural 15N abundance during soil N losses under 20 
years of continuous cereal cropping. Science of the Total Environment 574, 282−287. 
Contributions: 
Andrew Jones conceptualised the project, undertook formal data analysis and writing of original draft.  
Ram Dalal collected samples, acquired funding, supervision and review and editing of manuscript.  
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2.1. Introduction 
Soil N loss associated with poor management and understanding of SOM processes in agricultural 
and terrestrial ecosystems has resulted in significant decline of previously productive and fertile lands 
(Vitousek and Howarth, 1991). This has led to the prevalence of artificial N production for reactive 
N (plant available) forms of fertiliser to increase crop production. In 2009, it was estimated that 120 
million tonnes of atmospheric N2 was being converted into reactive forms of N (ammonium NH4 and 
nitrate NO3) via the Harber Bosch process; individually more than all of Earth’s natural terrestrial or 
oceanic processes (Rockstrom et al., 2009; Rockström et al., 2009). Much of this excess reactive N 
ends up in waterways and oceans, causing eutrophication, and also contributes to greenhouse gas 
emissions including nitrous oxide (N2O; Figure 4). It is also responsible for an excess of human food 
production and increasingly poor diets. With the human population more than doubling since 1970s, 
research focus has shifted during that period from increasing food production to now seeking a 
reasonable balance in the global N cycle by improving N use efficiency (Galloway et al., 2008). Thus, 
efforts towards understanding the processes of soil N transformation and loss in cropping systems is 
a critical step towards improving agricultural N use efficiency and reducing reliance on artificially-
derived N forms. 
The use of stable 15N isotopes is may assist in identifying the extent of historic N loss and its pathways 
from agricultural soils in order to aid efforts in mitigating soil fertility loss and improve agricultural 
sustainability. It is widely accepted that the change in natural 15N abundance in soil over time is 
reflective of historic N loss (Högberg and Johannisson, 1993), but the pathways of these losses and 
cause for 15N enrichment remains unclear (Chalk et al., 2019; Hobbie and Ouimette, 2009; Robinson, 
2001; Tiunov, 2007). A number of factors controlling the natural abundance of 15N exist in relation 
to N limitation and long-term mineralisation pathways. Understanding these dynamics of 15N 
enrichment during cropping land use remains largely inconclusive, with most definitive studies on 
natural 15N enrichment exploring forest ecosystems but rarely undertaken on cultivated soils (Chalk 
et al., 2019).  The ecosystem controls over the enrichment of 15N in the soil has been linked to two 
main mechanisms (Natelhoffer and Fry, 1988); 1) depletion of 15N at the surface due to the recycling 
of vegetation outputs of lower δ15N values, and 2) 15N enrichment during SOM mineralisation 
whereby the isotopically lighter mineralisation product (such as nitrate after nitrification) descends 
the soil profile or lost to atmosphere via volatilisation or denitrification, and is slowly lost from the 
system.  
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It is not yet clear what rate these processes occur on different soils, however it can be traced by 
determining net 15N enrichment based on the retention of 15N isotopically heavier compounds and 
loss of 15N isotopically lighter compounds from the system. These principle factors (Natelhoffer and 
Fry, 1988) reflect the widely occurring negative correlations between soil δ15N and total N 
concentration in unfertilised systems (Högberg and Johannisson, 1993). This correlation is realised 
in two main mechanisms: 1) the addition of fresh organic matter (generally lower δ15N value) 
increases total soil N, and 2) system loss of N, with lower δ15N values, during SOM mineralisation 
and subsequent loss via atmospheric fluxes, leaching and plant uptake. However, the most commonly 
studied systems where these mechanisms are demonstrated are in forest ecosystems (Billings and 
Richter, 2006; Kramer et al., 2003; Natelhoffer and Fry, 1988), which have continuous inputs and 
recycling by permanent vegetation, or agricultural systems under very short time periods and very 
low product removal (Berg, 1988; Mary et al., 1996). The natural long-term enrichment of soil 15N 
abundance has not yet been adequately studied in cropping systems where, due to harvest of crops, 
returned inputs from vegetation are not only largely inhibited but also where significant stocks of 
total N are lost to temporary vegetation. 
Cropping land use covers more than 1.3 billion hectares of the world’s land and makes up 80% of the 
world’s agricultural output (FAO 2013), contributing to the current exorbitant use and demand for 
artificially derived N fertilisers. Earlier studies have dismissed the notion of 15N enrichment under 
cropping systems due to the lack of consistently identifiable trends (Billings and Richter, 2006; 
Natelhoffer and Fry, 1988), which we speculate is most likely due to the complication of fertiliser 
usage that is commonly applied presently or historically in cropping systems. Application and mixing 
of fertiliser with soil results in depletion of soil 15N closer that of fertiliser (0.0 ‰), and this may 
extend to greater depths where leaching of excess fertiliser reaches over time. Hence the historic 
complexity of investigating the controls on natural 15N enrichment in cultivated soils where the 
occurrence of fertiliser usage is prevalent. We question here the general conclusions made thus far on 
natural 15N enrichment in cultivated soils with observations from a series of non-fertilised cropping 
soils in Southern Queensland, Australia, and revamp investigation into δ15N during long-term 
cropping. 
In this study, we analysed samples from a chronosequence of time since conversion from virgin 
(forest) to cropping land use on the Alfisol (red earth), ‘Riverview’ soil series from a semi-arid region 
of south-west Queensland (Dalal and Mayer, 1986b, 1986a, 1986e). The most considerable feature 
of soil fertility dynamics in these soils is the rapid decline in SOC in the surface soil once converted 
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to cropping land use, and subsequent steady state of inputs-equal-outputs reached within 5 to 6 years 
(described by an exponential curve; Dalal and Mayer, 1986b; Jones et al., 2016, 2014). The rapid loss 
of SOC demonstrated here is largely explained by the low clay content at the surface of these Alfisols 
(~25%) and the loss of soil aggregation in the surface due to physical disruption by tillage activities 
(Dalal et al., 1991) which, in combination, expose SOM to greater microbial decomposition and 
mineralisation. The loss of soil N under the Riverview series declines linearly (Dalal and Mayer, 
1986e) and is primarily lost through either leaching or uptake by crops (or a combination of both). 
The mean N removal by crops over 20 years in this cropping series was estimated to be 0.70−0.76 t 
N ha-1  (38−35 kg ha-1 year-1 multiplied by 20; Dalal and Mayer, 1990, 1986b)which approximately 
fits total soil N losses of 0.84 t N ha-1 to 0.52 m depth over the same period (Jones et al., 2016) with 
additional losses (0.14−0.07 t N ha-1) to consider additional N loss pathways (leaching, denitrification, 
volatilisation) thus, most N losses in the surface soils are accounted for by crop uptake. In the current 
study, we investigate N loss under long-term cropping and, considering the absence of fertilisers and 
N-fixing plants in the Riverview soil series, aim to characterise subsequent natural 15N enrichment in 
soil. 
2.2. Methods 
2.2.1. Field site descriptions 
Archived soil samples from nine cereal cropping sites from two separate farms spanning a 
chronosequence of years since initial clearing from virgin forest to 20 years of cropping land use were 
processed and re-analysed. Soils from an adjoining virgin (relatively undisturbed) forest provided a 
measure of the initial state of soils before land use disturbance (cultivation period: 0 years). All 
samples from paddocks and forest were taken within the same short period (<1 month). These 
paddocks had no prior fertilisation or N-fixing legumes before or during cropping land use. Further 
details on the Alfisol ‘Riverview’ soil and landscape properties can be found in (Dalal and Mayer, 
1986b; Jones et al., 2016), but briefly: soil depths ranging from 0.0−0.6 m vary by 23−37% clay 
content and likewise pH 6.5−7.0. Both properties receive annual averages of 580−600 mm rainfall, 
13°C and 28°C minimum and maximum temperatures respectively and occur on <1% landscape 
relief. We note here that previous studies on the same soils (Dalal and Mayer, 1986b; Jones et al., 
2016) analysed the sites at each farm separately but in a combined model, accounting for between-
farm differences. In the present study, we did not consider between-farm differences and as a result 
did not correct data or undertake statistical analyses to this end. We justified this decision since all 
sites from both farms collectively fulfilled the five factors of soil formation that is required to define 
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a chronosequence (Jenny, 1980) and between-farm differences were not as large as seen in other soil 
types. 
2.2.2. Sample processing and analysis 
Original sampling in 1982 involved sampling at the cell centres of an 8 m × 5 m grid within a 40 m 
× 25 m area. One composite sample was then made from the points within each row of the grid, 
achieving 5 composite samples for each depth interval 0−0.1 m, 0.1−0.2 m, 0.2−0.3 m and 0.3−0.6 
m. The samples were sieved through a 2 mm mesh sieve and dried to 40°C. The soil samples have 
since remained preserved in plastic samples bags in cool, dry conditions in Toowoomba, Australia. 
Upon reanalysing these samples 31 years later (in 2013−2015), complete reprocessing was 
undertaken by staff at the Ecosciences Precinct (Brisbane, Australia) including drying to 40°C, 
sieving samples through 2 mm mesh and subsamples finely ground (<100 µm) using a Ring Mill 
(SRM-2000). Several samples from the Rolston farm were either consumed, missing or damaged over 
time, leaving only 2 cropping sites of this farm left to analyse. Many analyses in the surface soils 
(0−0.1 m) were already undertaken in previous studies on soil fertility (Dalal and Mayer, 1986e; Jones 
et al., 2016), but here we explored similar analyses to greater depth ranges and focused on processes 
controlling natural δ15N enrichment. 
Finely ground soil samples were analysed for elemental N (g kg-1) (TruMac CN, LECO Corporation, 
St Joseph, Michigan, USA) and isotopic composition (δ15N) (Thermo Delta V Advantage, IRMS, 
Germany) at the Ecosciences Precinct, Brisbane, Australia. To ensure inorganic carbonates were 
removed from the system prior to analysis, a fizz test identified soil samples that were calcareous and 
which were pre-treated for LECO analysis with 2 M sulphurous acid (H2SO3) for 24 hours on a 
hotplate at 60°C. Similarly, these identified calcareous samples, found at the 0.3−0.6 m depth at 
Rolston, were prepared for IRMS analysis by treatment with 1 M HCl for 24 hours on a 60°C hotplate.  
To study soil N forms, mineral nitrate-N and ammonium-N were analysed using procedures outlined 
by Stanford and Smith (1972) and Page (1982); 15 g of air-dry soil sample was extracted with 75 mL 
of 2M KCl and shaken for 1 hour on an end-over-end shaker. The solution was centrifuged at 4500 
rep for 10 minutes then filtered through Whatman 40 filter paper. The final extract was analysed for 
nitrate and ammonium with an auto-analyser and expressed in soil concentration as mg kg-1. Extracts 
were later distilled with NaOH to isolate ammonium. Ammonium extracts were then freeze dried and 
analysed for isotopic composition (δ15N) on IRMS, as above. 
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2.2.3. Enrichment factor 
The isotopic enrichment (ε) factor reflects the relationship between δ15N increase and total N loss 
(Natelhoffer and Fry, 1988). It is based on an exponential relation that describes the isotopic 
partitioning as material is removed from a system with two or more isotopic species in an equilibrium 
process, termed Rayleigh distillation kinetics (Mariotti et al., 1984). The calculations for each depth 
range were determined using the virgin (0-year) and 20-year cropping site with the following equation 
(Evans and Ehleringer, 1993): 
ε = (δ15N s,c − δ15N s.v) ⁄ −LN (Nc  ⁄ Nv) 
where, δ15N s,c is the isotopic value of 20-year cropping soil, δ15N s,v is the isotopic value of virgin 
soil, Nc is the total N content of 20-year cropping soil and Nv is the total N content of virgin soil. 
2.2.4. Statistical analyses 
All statistical analyses were undertaken in R, and figures graphed in Microsoft Excel. Tests for 
normality of data (histograms) indicated that δ15N was normally distributed, however total N, nitrate 
and ammonium-N were skewed and required log transformation for statistical analysis. Using average 
site values (n = 5) for each depth range (0−0.1 m, 0.1−0.2 m, 0.2−0.3 m, and 0.3−0.6 m), we employed 
an ANCOVA general model to detect significant changes in soil properties as a function of cultivation 
period and depth. Since we had multiple covariates (or rather, “predictors”), an Akaike information 
criterion was used for automatic model simplification and adjusted R2 has been presented here. Trend 
lines affixed to figures were calculated using back-logged ANCOVA model outputs, thus fitted trend 
lines appear non-linear despite the ANCOVA model being based on a linear relation between soil 
property (on a logarithmic scale) and cropping period. Correlations between soil properties were 
tested with Pearson’s correlation coefficient (Pearson’s R2 and p <0.05). Table of ANCOVA 
coefficients is provided in the supplementary material. 
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2.3. Results and Discussion 
2.3.1. Soil nitrogen changes under cultivation 
 
Figure 9: Change in soil properties during cultivation period (years) at all depth intervals 0−0.1 m 
(blue diamond), 0.1−0.2 m (red square), 0.2−0.3 m (green triangle) and 0.3−0.6 m (purple circle). 
Soil properties shown are a) total N (g N kg-1), b) ammonium-N (mg N kg-1), c) nitrate-N (mg N kg-
1), and d) δ15N (‰). Model fit trend lines and R2 given where changes are significant as a function 
of cultivation period and depth (ANCOVA, * where p <0.01). 
 
Consistent with previous studies (Dalal and Mayer, 1986e), soil concentration of total N declined 
linearly under longer periods of cultivation at all depth intervals to 0.6 m (ANCOVA, R2 = 0.89, p 
<0.01; Figure 9). Primary losses of soil N over time were likely due to crop uptake (and removal by 
harvest) since, as mentioned earlier, total N losses in the top 0.6 m soil surface (0.84 t N ha-1) over 
20 years of cultivation (Jones et al., 2016) were approximately similar to the total N removed by crops 
(0.7−0.76 t N ha-1) over the same period (Dalal and Mayer, 1986e). This indicates that 83−90% of N 
lost in these soils is accounted for by plant uptake during cultivation, thus, only low levels of N may 
have been lost by other processes (leaching, nitrification, denitrification, and volatilisation). Such 
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extent of N uptake by plants in cultivated systems has been similarly identified in other studies (Haas 
et al., 1957; Ladd and Russell, 1983; Williams and Lipsett, 1961).  
 
Figure 10: Relationships presented between soil δ15N, total N, ammonium-N and nitrate-N in a 
correlation matrix. All soil depth intervals symbolised separately: 0−0.1 m (blue diamond), 0.1−0.2 
m (red square), 0.2−0.3 m (green triangle) and 0.3−0.6 m (purple circle). Linear regressions shown 
where correlations are significant (Pearson’s R2 where p <0.01). 
 
Similar to total N, soil ammonium concentration declined exponentially with longer periods under 
cultivation at all depths (ANCOVA, R2 = 0.88, p <0.01; Figure 9b). An association between total soil 
N and ammonium-N was indicated by a strong correlation between the two properties (Figure 10, 
Pearson’s R2 = 0.95, p <0.01). The pathways through which ammonium is lost is less clear. 
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Ammonium is generally not subject to high leaching and denitrification due to its high affinity to 
adsorb and stabilise to clay surfaces including cation exchange sites (Wang and Alva, 2000). Large 
amounts of ammonia volatilisation is unlikely with the slight acidity of these surface soils (mean pH 
6.6), due to a less intense shift towards ammonia on the pH-mediated ammonia-ammonium ratio 
(Avnimelech and Laher, 1977; Fenn and Kissel, 1973). Therefore, its primary loss from the soil 
profile over time must be accounted for by plant uptake or nitrification.  
Changes in soil nitrate concentration over cultivation period differed to that of total N and 
ammonium-N. Soil nitrate-N followed rather a cubic trend (ANCOVA, R2=0.53, p <0.01; Figure 9c), 
by which nitrate initially increased after conversion to cropping, peaked after 3 to 6 years and then 
declined to steady-state after approximately 10−15 years of cultivation. Nitrate appears to increase 
with depth, however only depth intervals 0−0.1 m and 0.3−0.6 m are significantly different from each 
other (p <0.05). The cubic trend in nitrate with cultivation period has previously been identified in 
another nearby cultivated loamy-clay soil series “Billa Billa” (Dalal, 1984; Dalal and Mayer, 1990) 
where the initial accumulation of nitrate in the soil profile (after 3 to 6 years) declined most likely 
due to either crop N uptake demand exceeded mineralised N and/or accumulated nitrate leached 
beyond the root zone, as evidenced by higher nitrate concentrations in subsoils than surface (Figure 
10; Dalal and Mayer, 1986e). In the current study, nitrate-N concentration also appeared to have an 
effect on changes in crop yield with cultivation age: both total annual N uptake and annual dry matter 
yield (Dalal and Mayer, 1986b) followed a similar quadratic relationship, peaking after 3 years of 
cultivation and declining thereafter (Figure 11). Given the symmetry, we suggest here that crop N 
uptake and yield was closely associated with the loss of nitrate-N. 
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Figure 11: Cereal crop yield during 6 years of cultivation on “Riverview” soil series (modified from 
Dalal and Mayer 1986a,c). Dry matter yield (t ha-1) indicated by filled circles and N yield (kg N ha-
1) indicated by open circles. Variation in data not available. 
Taking into account the decline in soil concentration of ammonium-N and that nitrate-N rapidly 
accumulated to a concentration far higher than that in virgin soil, a considerable degree of nitrification 
must have occurred during the cultivation period. This indicates that ammonium-N losses, hence total 
soil N loss, primarily occurred through both direct plant uptake and also through nitrification and 
subsequent plant uptake of the produced nitrate. This exposition is supported by total N losses being 
largely accounted for (up to 90%) by mineral N removal by crops over 20 years of cultivation.  
2.3.2. Natural enrichment of 15N 
A linear trend of increasing values of δ15N during the cultivation period was observed at all depth 
intervals to 0.6 m (ANCOVA, R2=0.60, p <0.01; Figure 9d). While δ15N enrichment is traditionally 
considered indicative of N loss, it is important to explore the pathways (and N processes) through 
which isotopic enrichment is occurring. We consider in this system that there is minimal N inputs 
into the system once cultivation began since there was no history of N fertilisers or N-fixing legumes, 
and net N-fixation by free-living soil bacteria over 20 years on a cultivated soil in a semi-arid climate 
would be low (Delwiche and Steyn, 1970; Högberg, 1997; Peoples et al., 1989). These assumptions 
are confirmed since all δ15N values in this study range above 4.0, exceeding expected δ15N values 
(close to 0.0‰) of these N sources. We also know that returning inputs of organic matter by plants 
would have been low considering harvest removes crops from the system and remaining stubble was 
grazed. This, with the high N recoveries accounted for by crop uptake, gives us confidence that δ15N 
enrichment in this system is driven by total N losses during cropping. While this relationship is 
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evident, it is confirmed by a significant relationship between total soil N concentration and δ15N 
(Pearson’s R2= −0.88, p <0.01, Figure 10). 
Considering the pathways of N loss from this system that we identified earlier, it would be reasonable 
to associate δ15N enrichment here with the net effect of isotopic fractionation during long-term 
nitrification. N fractionation effects of nitrification have been observed to be relatively high 
(1.020−1.027 α; 1.000 having no fractionation effect) compared to the other N transformation 
primarily occurring in this system, organic N mineralisation, which has a very low fractionation 
factor; 1.000−1.005 α (Högberg, 1997; Robinson, 2001). Effects by other N transformations, 
volatilisation and denitrification (with fractionation factors 1.035 and 1.000−1.033 α respectively), 
would also have occurred, however, as these pathways lead to system N loss by volatilisation and 
leaching, they could only account for a low proportional contribution to net fractionation effects since 
crop N removal accounts for most system N loss. Therefore, isotopic fractionation during the process 
of organic N mineralisation and nitrification will lead to isotopically heavier ammonium and 
isotopically lighter nitrate in the soil since the heavier isotope 15N will be disproportionally retained 
and concentrated (initially) as ammonium during nitrification. Isotopically heavier ammonium was 
confirmed by consistently higher δ15N values of isolated ammonium samples distilled from KCl2 
extracts of surface samples (0−0.1 m), compared to bulk soil δ15N values (Supplementary Figure 13). 
The relationship of concentrated ammonium and δ15N enrichment is similarly demonstrated in the 
lower depth ranges by the consistently strong, negative correlation between ammonium-N 
concentration and δ15N (Pearson’s R2= −0.85, p <0.01), similar to that of total N and δ15N. While 
nitrification is taking place, total soil δ15N remains constant with a balance of isotopically heavier 
ammonium and lighter nitrate since there is yet no (or very little) loss of N pools. Most ammonium 
would be stabilised in soil by either microbial uptake (i.e. immobilisation; Recous and Mary, 1990) 
or intercalation into soil clay matrix. However nitrate-N, at the end of the nitrification, process finally 
would have been preferentially taken up by crops (reaching beyond depths of 0.5 m; (Jackson et al., 
1989; Kirkegaard and Lilley, 2007), which were then removed from the system during harvest. This 
process would lead to the total N loss, removal of isotopically lighter nitrate and cause net 15N 
enrichment in the soil profile during the cultivation period.  
The relationship between soil 15N fractionation and N loss, and its effect on remaining SOM in the 
ecosystem is measured as the “isotopic enrichment factor” (ε; Evans and Ehleringer, 1993) or 
“isotopic discrimination factor” (Natelhoffer and Fry, 1988), where higher values indicate stronger 
15N enrichment factor. Here, the ε value of the Alfisol cropping soils is 3.5 in the surface (0−0.1 m 
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depth interval) and decreases to approximately 2.5 to 2.8 ε in the subsoil (0.1−0.6 m depth range; 
Table 4). The ε value in the surface soils here is relatively strong compared to 13 other systems 
(consisting of forests and grazing pastures, relatively low N removal systems) previously assessed 
and which range between 1.5 to 4.8 ε, only two of which have values >3.5 ε (Evans and Ehleringer, 
1993; Natelhoffer and Fry, 1988). This land use comparison demonstrates that 15N isotopic 
fractionation during long-term cropping is relatively high and presents an effective mode of detecting 
historic N losses. 
Table 4: Mean values, total N and δ15N, of virgin (0 year) and 20-year cropping sites given for all 
depth ranges (n = 5). Isotopic enrichment factor given for all depths.  
 Virgin site (0 years)  Cropping site (20 years)  Change over 20 cropping years 
Depth δ15N  (‰) Total N (g kg-1)  δ15N  (‰) Total N (g kg-1)  Isotopic Enrichment Factor (ε)* 
0.0−0.1 m 4.86 1.06  6.96 0.58  3.53 
0.1−0.2 m 6.72 0.67  7.84 0.43  2.56 
0.2−0.3 m 7.12 0.58  8.43 0.36  2.75 
0.3−0.6 m 8.48 0.45  9.48 0.30  2.54 
*Enrichment factor, ε = (δ15N s,c − δ15N s.v) ⁄ −LN (Cc  ⁄ Cv), where, δ15N s,c is the isotopic value of 20-year cropping soil, 
δ15N s,v is the isotopic value of virgin soil, Cc is the total N content of 20-year cropping soil and Cv is the total N content 
of virgin soil. 
2.3.3. Limitations 
There are uncertainties around total N removal figures given here since rates were limited to 
1982−1984 harvests (Dalal and Mayer, 1986e) and since total N removal by crops declines during 
cultivation period (Dalal and Mayer, 1986b). However, the close approximation of total inputs (N 
into plant biomass) equalling total outputs (N from soil) after 20 years of cultivation gives some 
assurance that N losses due to crop uptake and removal are extensive in this system. Since soil nitrate 
concentration followed a cubic function, the end of its function curve fans up before the final sampling 
period (20 years cultivation). By 20 years cultivation period, nitrate concentration appears to have 
reached a near steady-state after long-term decline, so this final upward curve is an artefact of the 
statistical (quadratic) model and should be disregarded. Lastly, extractions of mineral N are prone to 
changes due to conditions of sampling, sampling method, post-sampling processes (e.g. sieving, 
drying) and long-term storage. This reduces certainty in the figures given, although nitrate data 
presented here closely match that observed by Dalal & Mayer (1986), which were undertaken on the 
samples immediately after sampling. Thus, changes due to conditions at sampling are unavoidable, 
but recognised as potential limitations on the dataset. 
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2.4. Conclusion 
The relationship between total soil N losses and 15N enrichment is widely recognised and observed 
in previous studies, however uncertainties remained around the specific mechanisms controlling soil 
isotopic fractionation in cropping systems. Here we have observed 15N enrichment with long-term 
soil N losses during cultivation, and identified likely pathways through which isotopic N fractionation 
occurred. During 20 years of cultivation, we suspect the process of nitrification was mainly 
responsible for the fractionation of 15N, partitioning isotopically heavier ammonium and lighter 
nitrate in the soil. Nitrate was subsequently taken up by crops and removed from the system, resulting 
in soil with increased δ15N values over the long term. The system described here provides a model 
framework (Figure 12) from which to understand and measure historic soil N losses in cropping 
systems by measuring natural 15N abundance. 
 
Figure 12: Pathways of SOM mineralisation and N transformation in soil leading to 15N enriched 
SOM under cropping land use. Arrow thickness indicates relative magnitude of transfer; minor 
contributions (<10%) of N attributed to atmospheric fluxes and leaching to depth are indicated by 
narrow arrows.  
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2.5. Supplementary material 
 
 
Supplementary Figure 13: Comparison of δ15N values of bulk soil vs ammonium-N distilled from 
KCl2 extracts of the same sample (surface 0-0.1 m depth range only). Samples from undisturbed 
virgin site indicated by black symbol, while cropping years of other samples indicated by colour 
(longer cropping periods represented by lighter shades). Line represents 1:1. 
 
2.5.1. ANCOVA general model outputs 
Soil total N, as a function of depth and years: 
Formula = log10(Total N) ~ Depth + Years)   
Adjusted R2: 0.89    
F-statistic = 78.2 on 4 and DF = 35,  p-value: <2.2e-16   
      
Coefficients:     
Variable Estimate Std. Error t-value p-value 
Depth 0.0−0.1 −0.053 0.017 −3.15 <0.01 
Depth 0.1−0.2 −0.151 0.020 −7.46 <0.001 
Depth 0.2−0.3 −0.221 0.020 −10.90 <0.001 
Depth 0.3−0.6 −0.319 0.020 −15.74 <0.001 
Cropping years −0.009 0.001 −7.06 <0.001 
     
 
Soil ammonium, as a function of depth and years: 
Formula = log10(Ammonium) ~ Depth + Years)  
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Adjusted R2: 0.88    
F-statistic = 71.7 on 4 and DF = 35,  p-value = 2.262e-16  
  
Coefficients:     
Variable Estimate Std. Error t-value p-value 
Depth 0.0−0.1 1.063 0.027 38.70 <0.001 
Depth 0.1−0.2 -0.141 0.033 −4.27 <0.001 
Depth 0.2−0.3 -0.268 0.033 −8.14 <0.001 
Depth 0.3−0.6 -0.495 0.033 −15.00 <0.001 
Cropping years -0.014 0.002 −6.61 <0.001 
     
 
Soil nitrate, as a function of depth and years: 
Formula = log10(Nitrate) ~ Years + Years^
2 + Years^3 + Depth 
Adjusted R2: 0.53    
F-statistic = 8.2 on 6 and DF = 33,  p-value: 1.822e-05   
     
Coefficients:     
Variable Estimate Std. Error t-value p-value 
Depth 0.0−0.1 0.35 0.14 2.46 <0.05 
Cropping years 0.23 0.07 3.41 <0.01 
Cropping years^2 −0.04 0.01 −4.49 <0.001 
Cropping years^3 0.01 0.00 4.71 <0.001 
Depth 0.1−0.2 0.11 0.13 0.85 0.403 
Depth 0.2−0.3 0.19 0.13 1.44 0.161 
Depth 0.3−0.6 0.28 0.13 2.09 <0.05 
     
 
 
Soil δ15N, as a function of depth and years: 
Formula = δ15N ~ Depth + Years   
Adjusted R2:  0.60    
F-statistic: 15.9 on 4 and DF = 35,  p-value: 1.701e-07  
     
Coefficients:     
 Variable Estimate Std. Error t-value p-value 
Depth 0.0−0.1 5.87 0.24 24.11 <0.001 
Depth 0.1−0.2 0.92 0.29 3.16 <0.01 
Depth 0.2−0.3 1.35 0.29 4.60 <0.001 
Depth 0.3−0.6 2.10 0.29 7.16 <0.001 
Cropping years 0.06 0.02 3.14 <0.01 
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Chapter Three: 
Drying and rewetting effects on organic matter mineralisation of contrasting 
soils after 36 years of storage 
 
 
 
 
 
The following chapter represents a manuscript which was accepted for publication in Geoderma in 
January 2019. The reference is as follows: 
Jones, AR, Gupta, VVSR, Buckley, S, Brackin, R, Schmidt, S, & Dalal, RC (2019). Drying and 
rewetting effects on organic matter mineralisation of contrasting soils after 36 years of storage 
Andrew. Geoderma 342, 12−19. 
Contributions: 
Andrew Jones conceptualised the project, undertook all investigatory activities (field and lab work), 
undertook formal data analysis and wrote the original draft. Ram Dalal, Susanne Schmidt, Gupta 
Vadakattu assisted with conceptualisation, supervision and writing, reviewing and editing the 
manuscript. In addition, Richard Brackin and Scott Buckley assisted with performing investigation 
activities of the chapter (laboratory experiments). Gupta Vadakattu also performed formal analysis 
and visualisation of some aspects of the data.  
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3.1. Introduction 
Long term storage and archiving of soils provides an exceedingly valuable resource for scientists as 
irreplaceable snapshots of marine and terrestrial conditions in space and time (Cary and Fierer, 2014; 
Manter et al., 2017). It is generally preferred to store soils under cold conditions (4 to −20 C) before 
experimentation as this largely preserves the physiological profile (Gonzalez-Quiñones et al., 2009) 
and genetic composition of the soil microbial community (Wang et al., 2015). However, cold storage 
is not always practical, feasible or even needed at the time for research projects. As a result, 
institutions and individual labs around the globe now collectively hold a vast legacy of irreplaceable, 
air-dry archived soil samples spanning decades of changes in land use and climate (Dolfing and Feng, 
2015; Jenkinson, 1991; Karssies and Wilson, 2015). The ability to preserve soils and their microbial 
communities and functions to be revived for soil-process measurements relating to SOM stability 
presents a potentially highly valuable and inexpensive resource for scientists to examine the effects 
of land use change and climate. Yet rewetting of dried, archived soil for incubation studies remains 
an uncertain and polarizing avenue requiring further investigation (Bartlett and James, 1980; Clark 
and Hirsch, 2008; Kaiser et al., 2015; Manter et al., 2017). 
Reviving archived dry soil for incubations generally involves moistening the soil in-vitro to simulate 
in-situ environmental conditions. Moistening reawakens dormant, surviving microorganisms while 
flushing them with easily available C substrates via detritus built up during storage, including 
deceased microbial biomass (Canarini et al., 2017). The rapid responders that are immediately 
resuscitated after moistening take quick advantage of the available substrates (Placella et al., 2012), 
leading to rapid flush of microbial activity including CO2 production (the “Birch Effect”, Birch, 1958; 
Franzluebbers et al., 1996; Kieft et al., 1987). Hence, it is necessary to use a waiting period (“pre-
incubation”) until this initial flush of substrates are consumed so microbial activity and composition 
changes subside. The stabilisation of CO2 production and activity is generally considered to represent 
close to native soil conditions, in terms of SOM mineralisation, and a microbial composition and 
function that is adapted to available resources. 
Nonetheless, air-dry storage has been shown to have potentially adverse effects on biological 
parameters including microbial biomass, metabolism and diversity (Jenkinson and Powlson, 1976; 
Martí et al., 2012; Salonius, 1983; Zelles et al., 1991). It is known that longer periods of desiccation 
result in lower bacterial survival while drought-tolerant microbes prevail, e.g. spore formers, so 
changes in viable microbial community composition during storage are likely (Barnard et al., 2013; 
Chen and Alexander, 1973; Clark and Hirsch, 2008; Martí et al., 2012). This may particularly affect 
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the community composition of soils from wet conditions (such as high precipitation or waterlogged) 
where most community members will not survive desiccation (Wang et al., 2015). However, soils 
from regions of naturally dry climate would contain microorganisms adapted to water stress, hence 
biological processes in certain soils may be relatively unaffected by desiccation and storage (Fierer 
et al., 2003; Kieft et al., 1987; Sparling et al., 1987; Van Gestel et al., 1991; Zornoza et al., 2007). 
Despite vast research in this topic, it remains unclear what effect desiccation may have on soil 
mineralisation functions once soils are remoistened. 
It is clear that preservation of soil function during dry storage faces challenges that depend heavily 
on the native soil and environmental context. Despite these limitations, insights into soil physical 
interactions with microbial communities suggest that some soil functions may be preserved even after 
major disturbances and changes to community composition (Ayres et al., 2006; Balser and Firestone, 
2005; Gupta et al., 2010; Wertz et al., 2006). For example, Griffiths et al. (2001) demonstrated that 
general soil mineralisation rates may persist after partial fumigation of soils, despite a drop in 
microbial biodiversity, due to functional redundancy of microorganisms in fulfilling ubiquitous 
functions (Chapin et al., 1997). More specific soil functions, such as nitrogenase activity (N2-fixation) 
can also withstand fumigation but only in soils characterised by high abundance of microaggregates 
and pores that can provide isolated, sheltered habitats (“microsites”; Gupta and Roper, 2010). Such 
microaggregate protection may preserve microorganisms through disturbance, and are highly 
associated with soils of high clay content (Six et al., 2004), suggesting a clear biophysical link 
between recovery of key functions and soil physical properties.  
Based on these insights, our study aimed to assess the effects of air-dry storage on the ability to revive 
native soil microbial functions relating to SOM mineralisation parameters including respiration, 
potential enzyme activity and substrate utilisation response. We compared two soils of contrasting 
clay content to assess differences in potential microsite protection during storage, but under similar 
subtropical climates to ensure microbial communities of these soils were similarly adapted to drought 
stress. Considering functional redundancy and microbial adaptation to available SOM resources, we 
hypothesised that rewetting of archived dry soils may re-establish similar SOM mineralisation 
functions (i.e. respiration, potential enzyme activity and catabolic profile) as their “fresh soil” 
counterparts. However, in case of soil function losses during dry storage, we expected greater 
preservation of soil functions in soil of higher clay content due to higher potential microsite 
abundance for protection of microbial communities. We tested these hypotheses by measuring soil 
respiration, potential enzyme and catabolic profiles after rewetting soils that had been in dry storage 
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for 0 (fresh), 3 weeks, 3 years and >30 years. Soil CO2 emission rate was measured as a proxy for 
microbial activity and access to SOM, while potential enzyme and catabolic profiles (MicroResp®) 
provided insights to the quantity and quality of SOM that the soil microbial communities are adapted 
to and thus allowed determining the preservation of physiological functions after storage. 
Table 5: Sample ages according to year sampled and duration of air-dry storage period for Alfisol 
and Vertisol samples. GPS locations given in WGS84 and 10-year long-term average annual 
precipitation and mean monthly temperatures given. Highest daily temperature recorded at each site 
in the previous 5 years also given. 
Soil type Location 
Annual 
precipitation 
Mean 
temperature Year sampled 
Storage 
period Sample name 
Alfisol 
(25% clay) 
Roma, 
Queensland 
−28.2°, 150.2° 
600 mm 
 2016 N/A Fresh 
Min. 21°C 2016 3 weeks 3 weeks 
Max. 34°C 2013 3 years 3 years 
5-y max: 46°C 1981 36 years 36 years 
             
Vertisol 
(50% clay) 
Goondiwindi, 
Queensland 
−26.9°, 148.9° 
560 mm 
 2017 N/A Fresh 
Min. 20°C 2017 3 weeks 3 weeks 
Max. 34°C 2013 3 years 3 years 
5-y max: 44°C 1981 36 years 36 years 
             
 
3.2. Methods 
3.2.1. Experimental design 
Two soils, a Rhodic Paleustalfs (Alfisol) and a Typic Chromusterts (grey Vertisol) were used in this 
study. The Alfisol contained 27 ± 2% clay and Vertisol, 52 ± 3% clay. The soil pH was 7.0 ± 0.3 in 
the Alfisol and 8.1 ± 0.2 in the Vertisol (Table 5, 6). We used a legacy (Dalal and Mayer, 1986b) of 
upper 0−0.1 m depth soil samples collected from precise GPS site locations with the same sampling 
strategy, but at different times hence representing a range of storage periods; 36 years, 3 years, 0.05 
year (3 week) and 0 years (fresh; Table 5). At the time of 36-year old sample collection, both sites 
had cropping activities before being converted to pasture prior to collection of ≥ 3-year old samples. 
Alfisols had no fertiliser history at the time of sampling, while Vertisols received 4 kg P ha-1 year-1 
during the cropping phase which ceased in 2012. 
All archived samples (not fresh), at the respective time of sampling, were dried at 40°C and sieved to 
2 mm diameter; hence, sample handling and preparation have remained consistent. Fresh soils, 
sampled immediately prior to experimentation, provided baseline measurements to compare with the 
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effects of soil storage. Once returned to the laboratory, the fresh samples (0 year) were not air-dried 
but were sieved and remained at room temperature (similar to that of the native soil conditions) until 
the experiment began. Subsamples of fresh soils were oven-dried (105°C) for two days to determine 
current field moisture content. Large subsamples of fresh soils were air-dried (40°C) after sieving and 
stored for three weeks to represent samples of 3-week storage period.  
Table 6: Soil properties of both soil types Alfisol and Vertisol; total SOC, KCl-dissolvable organic 
carbon (DOC), total nitrogen (TN), and mineral nitrogen forms ammonium and nitrate (Min N). 
Means provided with standard error (SE) for all sample storage periods (n = 5). 
   Alfisol   Vertisol   
Sample Fresh/3 weeks 3 years 36 years Fresh/3 weeks 3 years 36 years 
SOC (%) 0.98 ± 0.04 1.03 ± 0.02 0.89 ± 0.05 0.83 ± 0.03 0.76 ± 0.04 0.83 ± 0.04 
DOC (mg kg-1) 86 ± 3 197 ± 14 187 ± 12 77 ± 5 179 ± 15 234 ± 7 
TN (g kg-1) 0.78 ± 0.03 0.91 ± 0.02 0.70 ± 0.02 0.90 ± 0.03 0.91 ± 0.04 0.97 ± 0.05 
Min N (mg kg-1) 3 ± 0.3 11 ± 0.5 11 ± 0.4 18 ± 0.8 17 ± 1.1 23 ± 1.3 
              
3.2.2. Soil analysis 
A legacy of data on the soil characteristics of the archived samples were already available (Table 3; 
Jones et al., 2016; Jones and Dalal, 2017), so the same methods of analyses were applied to the freshly 
sampled soils. Finely ground soil samples (<100 µm) were analysed for elemental C and N 
concentration (TruMac CN, LECO Corporation, Michigan, USA). Mineral nitrate-N and ammonium-
N were extracted with 2 M KCl at soil:solution ratio of 1:5 and analysed on an auto-analyser 
(Rayment and Lyons, 2011).  
3.2.3. Incubation experiment 
Experimental units consisted of 25 g (air-dried basis) sieved soil samples weighed into 50 mL 
centrifuge tubes (“microcosm”) with 1 mm and 50 µm dual-meshing at the bottom for stability and 
any leachates and air-tight, rubber sleeve with septa at the top for syringe access, following the 
procedure of Inselsbacher et al. (2009). Moisture content of all soils was adjusted and maintained to 
field capacity (11% in Alfisols, 30% in Vertisols, i.e. −0.03 MPa water potential) in order to achieve 
field-relatable moisture conditions and thereby greatest field-relatable potential microbial activity. 
All archived, air-dried samples required adjustment from ~2% residual moisture content, while fresh 
samples were adjusted from a starting field moisture content of ~6% in Alfisols and ~10% in Vertisols 
at the time of sampling. Microcosms were then incubated at 30°C, approximately matching annual 
mean maximum temperatures (28°C and 27°C for Alfisol and Vertisol, respectively) for the areas 
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sampled. Microbial respiration (CO2 produced) since moistening was measured over 10 days by 
headspace sampling gas at different intervals; air-sealing microcosms for 1 h with a rubber stopper, 
using gas chromatography (Shimadzu 2010 with FID, Kyoto, Japan). Microcosms were flushed with 
ambient air after each gas sample was taken. As we were interested in identifying SOM mineralisation 
rates between soil samples of differing SOC content (due to temporal changes), soil CO2 emission 
rate was adjusted according to ambient CO2 concentration and expressed as µg-C mg
-1 SOC. 
3.2.4. Characterisation of soil microbial function 
To assess physiological functions, including potential enzyme activity and microbial biomass, 
destructive sampling of the five biological replicates was undertaken on day 10 of  theincubation. The 
following enzymes were assayed for spectrophotometric measurement to assess general microbial 
activity: fluorescein diacetate hydrolysis (FDA; Adam and Duncan, 2001), and C and N cycling 
enzymes: β-1,4-N-acetyl-glucosaminidase (β-glucosaminidase; Parham and Deng, 2000), protease 
(Vancov and Keen, 2009), phenol oxidase (Floch et al., 2007) and urease (Kandeler and Gerber, 
1988). The amount of added soil in some assays were modified to reduce the amount of sample used, 
but retained the same assay duration and ratios of soil:buffer:substrate as described in published 
procedures: 2.5 g soil used for urease, 1 g for FDA and β-glucosaminidase, 0.5 g for protease and 0.1 
g for phenol oxidase. Potential enzyme activities were calculated per unit soil organic C to be able to 
compare between soil treatments of different SOC concentrations. Microbial biomass C was 
measured using the procedures outlined by Brookes et al. (1985) by comparing fumigated to non-
fumigated soil microbial biomass extracted using K2SO4 solution (1:4 soil:solution ratio) with a 
Shimadzu TOC-L carbon analyser, Kyoto, Japan.  
Substrate utilisation response of microorganisms after pre-incubation were measured on day 10 using 
MicroResp® (James Hutton Limited.; Campbell et al., 2003). The MicroResp® measures soil CO2 
emission rate in response to a suite of specific C-containing substrate compounds, which provide an 
assessment of the catabolic identity and abilities of the soil microbial community after pre-incubation. 
Briefly, C-containing substrates dissolved in deionised water (16 mg C mL-1) were added to incubated 
soils contained in deep well trays (~ 0.4 g soil per well), incubated for 14 h with cresol red indicator 
set in agar to capture and quantify CO2 production with spectrophotometry at 570 nm. Substrates 
included plant and microbial material similar to that found in in-situ soils and soil incubations. 
Substrate utilisation response was expressed as each substrate’s relative contribution to total CO2 
produced by all substrates (i.e. µg CO2-C g
-1 soil h-1 of substrate divided by the total CO2 production 
of all substrates). Average metabolic response was calculated as the average total response (µg CO2-
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C g-1 soil h-1) of compounds grouped in their respective classes; sugars, carboxylic acids, amino acids 
and amino sugars. 
3.2.5. Statistical analysis 
Significant differences of average metabolic responses and potential enzyme activity between 
treatments were assessed by Tukey’s Honestly Significant Difference (HSD) test. MicroResp® data 
(individual substrate responses) was Hellinger transformed (square root of relative abundance). 
Although this transformation is typically used for abundance data, it can be used for continuous data 
to give fair weighting to low values without violating statistical comparisons due to differences in 
scale and variability (Grant et al., 2003). Significance testing of MicroResp® pair-wise comparisons 
was conducted with ANOSIM one-way analysis. Principal component analysis (PCA) was used to 
display variation in treatment responses of substrate responses (MicroResp®) on a 2-dimensional plot 
of the two (square-rooted) principal components best explaining the variation of data. The relative 
influence of substrates (eigenvector) on variation displayed by vectors with longer distance indicating 
greater influence on variation. These analyses were plotted on PRIMER-6 software package, (Primer-
E Ltd, 239 Plymouth, U.K.).  
3.3. Results 
3.3.1. CO2 production 
Soil responsiveness to rewetting, as assessed by soil microbial CO2 production, differed between 
storage ages only within the initial hours of pre-incubation (Figure 14). Fresh to 3-year stored samples 
demonstrated immediate CO2 production (1 to 3 h) upon remoistening in both soils and declined to a 
steady state within 5 days. In contrast, 36-year old samples of both soils demonstrated a lag period of 
4 to 5 h where CO2 concentrations were low and somewhat unchanging. However, after the initial lag 
period, the respiration of these older samples exponentially increased and reached a peak CO2 
emission rate within 8 to 14 h. Thereafter respiration declined and reached a steady state within 5 to 
10 days, similar to fresher samples. There were also observable differences between soil types; the 
decline in CO2 emission rate after peak was much sharper in Alfisols as compared to Vertisols. 
Vertisols demonstrated a more sustained production of CO2 and as a result, produced approximately 
double the cumulative CO2 per SOC content of Alfisols by 10 days (Figure 14c, d). For the Alfisol, 
microbial biomass C established after pre-incubation was not significantly different between fresh 
soils and all other storage periods (Figure 15a). In contrast, the older Vertisol samples (3-year and 
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36-year) had highest microbial biomass after pre-incubation, while 3-week old samples were lower 
than fresh samples (Figure 15a).  
 
Figure 14: CO2 emission profiles during 10 days of pre-incubation after remoistening Alfisol (a, c) 
and Vertisol (b, d) samples. Hourly rate of CO2 emission (a, b), and cumulative CO2 emission (c, d). 
Soil respiration measured as (µg CO2-C
-1 mg-1 SOC h-1) after wetting of soils after 36 years, 3 
years, 3-week and no (“fresh”) air-dried storage. Standard error indicated by error bars (n = 5). 
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Figure 15: Microbial biomass and potential soil enzyme activities after 10 days of pre-incubation 
for Alfisol (grey bars) and Vertisol (black bars). a) microbial biomass C, b) fluorescein diacetate 
(FDA), c) β-glucosaminidase (where PNP = p-nitrophenol), d) protease, e), urease, f) phenol 
oxidase (where mU = milli-Units; Floch et al., 2007). Bars with different letters indicate 
significantly different means (Tukey HSD test, p <0.05). Standard error shown as error bars (n = 5). 
3.3.2. Soil microbial function 
In this study, we sought to use microbial substrate adaptation as a means to compare the preservation 
of physiological functions of SOM mineralisation after wet-up of archived vs fresh soils. The 
comparison of microbial adaptation for substrate quality was measured by substrate utilisation 
response, known as community level-physiological profiling, and potential enzyme activity. 
Generally, soil types differed in the ability to preserve soil mineralisation functions with long-term 
dry storage. Alfisol samples had significant enzyme and catabolic profile differences between short 
and long-term storage, indicating soil storage duration effects, while in Vertisols the storage effects 
were not so pronounced (Figure 15 and Figure 16).  
Specifically, the main age-related response changes observed in the Alfisol samples were related to 
amino acids in 36-year old samples as compared to fresh; higher protease activity (Figure 15d), higher 
CO2 emission response to amino acid addition; both in terms of average metabolic response and 
substrate utilisation response. Of all the average metabolic responses by Alfisols, only the 36-year 
old response to amino acid, being larger, was statistically significant from fresh soils (Figure 16a). 
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All Alfisol sample age groups were significantly different from each other (Table 7) and age clusters 
groups along the first PC, which is heavily influenced by asparagine and glutamine (Figure 17a). 
Individual sample and age-related responses to these specific compounds are more clearly seen in 
Supplementary Figure 18a. In contrast, only 3-week old Vertisol sample metabolic response to sugar 
and carboxylic acids was significantly different from fresh samples, which does not lend to support 
the hypothesis of age-related response in this soil. Further, the principal component analysis of the 
Vertisol did not identify a clear pattern or clustering responses with storage age (Figure 17b); nor did 
ANOSIM or tree-cluster analysis identify meaningful differences between sample ages (Table 7; 
Supplementary Figure 18b). More generally, potential activity of FDA and phenol oxidase did not 
differ in a way to suggest age-related response differences between archived and fresh samples 
(Figure 15b,f). The 36-year-old samples in both soils had significantly lower activity of β-
glucosaminidase and urease compared to their fresher counterparts (Figure 15e,f), and protease 
activity of Alfisols increased substantially during incubation while urease decreased (Supplementary 
Figure 19d,e). Other properties (microbial biomass C, FDA, phenol oxidase) generally did not differ 
during incubation (i.e. between sampling days) for both soils (Supplementary Figure 19, 
Supplementary Figure 20). 
 
Figure 16: Average metabolic response to compound class addition to soils a) Alfisols, b) Vertisols, 
in the MicroResp®; sugars, carboxylic acids, amino acids and amino sugars, for each storage period 
fresh, 3 weeks, 3 years and 36 years. For each substrate class, bars with different letters indicate 
significantly different means (Tukey HSD test, p <0.05). Standard error shown as error bars (n = 5). 
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Figure 17: PCA ordination plot of substrate utilisation responses (MicroResp®) after 10 days of pre-
incubation for a) Alfisol, and b) Vertisol. Sample storage periods represented as fresh (green 
triangle), 3 weeks (inverted blue triangle), 3 years (cyan square), and 36 years (red diamond) old 
samples. Eigenvector length and direction indicted by blue lines; blue circle assists determining 
differences of length between eigenvectors. 
 
Table 7: Pairwise analysis of similarity (ANOSIM) of substrate utilisation response of carbon and 
nitrogen substrates (MicroResp®) between storage periods of both soil types. All Alfisol samples 
ages differed significantly from each other, while Vertisols had comparatively few. Significant 
differences between treatments (p <0.05) indicated by asterisks. 
Soil type Pairwise Test R-statistic p-value 
Alfisols Fresh - 3 week 0.68 0.008* 
  Fresh - 3 year 0.40 0.024* 
  Fresh - 36 year 0.76 0.008* 
  3 weeks - 3 year 0.85 0.008* 
  3 weeks - 36 year 0.79 0.008* 
  3 years - 36 year 0.65 0.008* 
        
Vertisols Fresh - 3 week 0.17 0.190 
  Fresh - 3 year 0.01 0.452 
  Fresh - 36 year 0.10 0.206 
  3 weeks - 3 year 0.47 0.024* 
  3 weeks - 36 year 0.35 0.063 
  3 years - 36 year 0.34 0.008* 
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3.4. Discussion 
3.4.1. CO2 production  
The observed trends in CO2 production rate with duration of soil storage can be characterised within 
two broad, well-known patterns of microbial growth patterns after re-moistening the dry soils. The 
“type 1” response is defined by a linear increase of microbial growth immediately after re-moistening 
as seen in fresher samples (0, 3 weeks and 3 years); while “type 2” is the transition to exponential 
growth after an initial lag or slow growth period seen in older samples (Iovieno and Bååth, 2008; 
Meisner et al., 2015). We observed Type 1 response in fresher samples of both soils, while CO2 
production by archived samples demonstrated Type 2 response after re-moistening and increasingly 
so after longer storage periods. The (eventually) high CO2 responses by samples under longer storage 
periods are probably largely attributed to high DOC concentrations which appeared to generally 
increase with storage period. These are the build-up of deceased microbial biomass (necromass) 
during storage period, providing stimulus for microbial respiration (Birch, 1958; Canarini et al., 2017) 
The longer lag periods before spike in CO2 emission rate may be explained by lower microbial 
survival in samples with longer desiccation periods due to cell death and sub-lethal injuries leading 
to slower speeds of recovery (Chen and Alexander, 1973; Mackey and Derrick, 1982; Nocker et al., 
2012; Potts, 1994). It is interesting to observe this spike in CO2 emission rate to occur within hours 
of re-moistening samples after three decades of dry storage; the resilience of soil microbes to resume 
mineralisation of SOM after substantial disturbance remains unquestionable. Long-term archived 
Vertisol samples established a greater microbial biomass than fresh samples, while demonstrating a 
slower rate of decline in CO2 production after its peak when compared to the sharp decline in Alfisols. 
This resulted in cumulatively higher CO2 production from Vertisols compared to Alfisols by Day 10 
of the incubation. This may be explained by mineralogical differences between the soils; Vertisols 
are mostly comprised of smectite while Alfisols are characterised by abundant iron oxide content. 
Smectite minerals, despite having higher surface area, have weaker stabilising effects on SOM as iron 
oxides do (Saidy et al., 2012) due to ligand exchange mechanisms of hydroxyl groups (such as iron 
oxides; Kaiser and Guggenberger, 2000; Kleber et al., 2005) at the surface of mineral phases, thus 
CO2 production was higher in Vertisols. Furthermore, the relative release of total SOM was probably 
slower in Vertisols due to slower diffusion across the finer soil texture, resulting in cumulatively 
larger release of C substrates after 10 days (Van Gestel et al., 1991). Lack of accessibility to SOM is 
widely considered a reflection of contrasting potential microsites abundance, which are known to 
protect SOM and microorganisms (Goebel et al., 2009; Six et al., 2004). Clay promotes formation of 
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microaggregates which provide encapsulation in micropores and stabilisation of SOM for decades 
longer than larger aggregates associated with sand and silt (Puget et al., 2000; Tisdall and Oades, 
1982). 
3.4.2. Storage effects on soil function 
We observed increased protease (amino peptidase) activity and utilisation of amino acids after long-
term storage in Alfisols but not in Vertisols. In this context, amino acids are likely utilised for 
microbial biomass synthesis and as an N source (Schimel and Bennett, 2004), especially in N-limited 
soil such as this Alfisol (Jones et al., 2016; Jones and Dalal, 2017). This increase in the use of amino 
acids is also reflected in higher protease activity (an enzyme related to protein catabolism) with 
sample age, suggesting longer desiccation period induced a greater need for additional sources of N 
compounds in the sandy soil (Allison and Macfarlane, 1992; Glenn, 1976). The identified differences 
in physiological profiles in the two soil types could be partly attributed to variation in the genetic 
composition of microorganisms (Griffiths et al., 2011; Gupta et al., 2010) and the habitat 
characteristics e.g. Vertisols with a high clay content with greater potential protecting microsites 
compared to that in Alfisol (Chotte et al., 1998; Gupta and Roper, 2010; Van Gestel et al., 1991; Vos 
et al., 2013). Specifically, the vast specific surface area and soil pore network complexity of Vertisols 
may cause greater spatial isolation of microorganisms and even entrapment of soil microorganisms 
in closed pores and microaggregates where they can survive temporarily adverse conditions (Chenu 
and Stotzky, 2002; Foster, 1988). This includes isolation from other microorganisms and importantly 
restricted flow of oxygen, water and nutrients (Hartmann and Simmeth, 1990); the latter as observed 
through CO2 production measurements in the current study.  
The observed effect of desiccation on N conditions in the low-clay soil likely indicates changes to 
(and potential loss of) either ubiquitous or non-ubiquitous functions that acquire N. Nitrification is a 
ubiquitous function that could be responsible for such effects; the apparent rapid flush of C substrates 
into the Alfisol soil solution after re-moistening may increase the requirement for N by microbial 
biomass. Thereby, N immobilisation occurs leading to a reduction of mineral N availability; including 
ammonium required for nitrification. Alternatively, Kaiser et al. (2015) suggested nitrification 
functions may decline during pre-incubation due to an observed relative reduction of Gram-negative 
bacteria following the re-moistening of dried sandy soils (17% clay; Lerch et al., 2011). However, 
Placella and Firestone (2013) reported transcriptional response by three groups of nitrifying 
microorganisms, which was similar between pre-moistening and 72 h post-moistening after months 
of desiccation-induced inactivation in two annual grassland soils of high clay content (both >50%). 
72 
 
It is possible the higher clay content of the latter study may explain differences in nitrification 
response to desiccation and rewetting. Of non-ubiquitous N functions, Gupta and Roper (2010) found 
nitrogenase function was highly preserved in clay soils compared to sandy soils after fumigation due 
to high microsite abundance and protection of specialised free-living N-fixing species. The findings 
of the current study likely reflect the flow-on effects of these dynamics which lead to enhanced N 
mineralisation (specifically protein) in response to poorer N conditions after long-term dry storage. 
In the short-term, the effect of archiving of soil on N functions was far less intense, potentially due 
to temporary tolerance of drought conditions of these subtropical climates. 
In addition to the observations on substrate catabolism, there were long-term storage age-related 
effects observed on two potential enzyme activities in both soil types. Specifically, β-glucosaminidase 
and urease activity, which are related to soil N dynamics (Ekenler and Tabatabai, 2002; Klose and 
Tabatabai, 2000), declined in the 36-year old sample of both soils. However, these results should be 
treated with caution as they may partly reflect changes in land use history: the 36-year old samples 
were collected under cropping land use at both sites, although C and N content has remained similar 
at these sites even after conversion to pasture before younger aged samples were collected (Table 6). 
Given no other functional differences demonstrated by Vertisols, we conclude that land-use 
differences may be partially responsible for the potential enzyme activity differences observed. 
Previous studies have concluded that the physical properties of soils, including clay content, 
microaggregate abundance and soil porosity, have higher abundance of microsites capable of 
protecting microorganisms through disturbance and temporarily unfavourable conditions. Protection 
by microsites includes the restriction of air, water and nutrients, meaning fumigation methods studied 
previously cannot reach isolated microorganisms in microsites associated with clayey soils. This 
alludes to differences in soil functional resilience between microbial communities of soils with 
different texture. Based on insights from the current study, we extend this dynamic to dry storage and 
potentially drought; soils characterised as having more potential protective microsites show greater 
ability to recover soil biological functions after decades of desiccation. Hence, under long-term 
storage or even drought, soil clay content may enhance the ability to preserve soil microbial functions, 
particularly relating to N transformation. 
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3.5. Supplementary Material 
 
Supplementary Figure 18: Tree clustering and heat map of individual substrate utilisation responses 
(MicroResp®) according to Euclidean distance for a) Alfisol and b) Vertisol samples after 10 days 
of pre-incubation. Significant differences in clustering indicated by black lines, (i.e. red lines have 
high resemblance; p <0.05). High substrate utilisation responses indicated by dark orange, while 
low responses indicated by light tan colour.  
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Supplementary Figure 19: Potential soil enzyme activity summaries for Alfisol soils prior to 
rewetting (day 0), 5 days and 10 days after wetting. Fresh samples shown in blue, 3 week (yellow), 
3 year (orange) and 36 year (green). Standard error shown as error bars (n = 5).  
 
Supplementary Figure 20: Microbial biomass C and potential soil enzyme activity summaries for 
Vertisol soils prior to rewetting (day 0), 5 days and 10 days after wetting. Fresh samples shown in 
blue, 3 week (yellow), 3 year (orange) and 36-year-old (green). Standard error shown as error bars 
(n = 5). 
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Chapter Four: 
Origins of stabilised organic matter in the subsoil of the Cooloola giant 
podzol chronosequence 
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4.1. Introduction 
Globally, SOM contains approximately twice times as much carbon as found in the atmosphere and 
the annual flux of carbon between soil and atmosphere is about 6-times greater than the sum of annual 
anthropogenic emissions (Schlesinger and Andrews, 2000). Deep subsoils hold approximately 
40−50% of total SOC and is stabilised at much longer timescales than surface soils, as indicated by 
its high radiocarbon age (Harper and Tibbett, 2013; Rumpel and Kögel-Knabner, 2011). SOM 
therefore represents a potentially large and effective sink to sequester more C from the atmosphere 
into soil. However, the source and mechanisms of subsoil SOM formation and stabilisation are not 
entirely understood (Rumpel and Kögel-Knabner, 2011; Trumbore, 2009).  
Traditionally, SOM stabilisation in subsoils has been ascribed to the persistence of purportedly 
chemically recalcitrant plant compounds (“selective preservation”; Hatcher et al., 1983; Philp and 
Calvin, 1976) or depolymerisation-recondensation pathways involving lignins and other phenolic 
groups (“humification”; Knicker, 2004; Theis, 1945; Waksman and Iyer, 1932). However, it is 
increasingly recognised that this way of characterising SOM stability is limited in both biological 
relevance and technical accuracy, and in its ability to describe specific sources of stabilised SOM 
(Allard et al., 1997; Lehmann and Kleber, 2015; Schmidt et al., 2011). Along these lines, studies 
show lignins, for example, may in fact be relatively rapid to decompose in soil (Baldock et al., 1992; 
Marschner et al., 2008; Mikutta et al., 2006). Most importantly, there is now a more recognised role 
of the physical accessibility and other environmental properties as regulators of SOM decomposition 
(Dungait et al., 2012; Schmidt et al., 2011). The most prevalent modern theories for increasing subsoil 
stability include (i) a lack of fresh substrate supply and energy limitation on microbial turnover of 
SOM (Bernal et al., 2016; Fontaine et al., 2007), (ii) a cascade of processed and aging SOM by 
preferential exchange with short-range ordered (SRO) minerals (Kaiser and Kalbitz, 2012; 
Leinemann et al., 2018; Sanderman and Amundson, 2008), (iii) a contribution of geogenic C in 
sedimentary parent material (resulting in radiocarbon “dead” C; Helfrich et al., 2007; Paul et al., 
2001) and, (iv) persistence of condensed aromatic C accumulation at depth due to burial or rapid 
vertical migration and high affinity to bind with short-range ordered (SRO) minerals (Cao et al., 2006; 
Kramer et al., 2012; Marin-spiotta et al., 2014; Mikutta et al., 2006; Velasco-Molina et al., 2016).  
The source of SOM entering subsoils may derive from aboveground litter, roots, root exudates, 
pyrogenic C (pyrolysed C from incomplete combustion of SOM during fire; Bird et al., 2015). These 
origins of SOM may be transported downwards in dissolved state, microbial processing, bioturbation 
from edaphon organisms including ants and earthworms or exist in-situ from root inputs (Rumpel and 
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Kögel-Knabner, 2011). There are several analytical approaches which may reveal insights into the 
origins and stabilisation pathways of SOM in subsoils. Subsoils may be comprised of more microbial-
derived SOM, leading to enrichment of amino sugars, amino acids and lower C:N ratios, approaching 
that of microbial biomass (5 to 15; Zechmeister-Boltenstern et al., 2015). Natural enrichment in 13C 
of SOM is observed in subsoils due isotopic fractionation during microbial decomposition that 
enriches SOM in 13C (Billings and Richter, 2006; Ehleringer et al., 2000; Natelhoffer and Fry, 1988); 
and to a smaller extent, the combustion of 13C-depleted fossil fuels that results in more 13C-depleted 
atmospheric CO2 incorporated into SOM (the "Suess effect", Leavitt and Long, 1988). In contrast, 
changes to soil δ13C and C:N ratio of pyrogenic C that persists in subsoils will be relatively minor 
due to its recalcitrance to transformation with dense C aromaticity and high affinity to interact with 
SRO minerals (Brodowski et al., 2006).  
Analytical methods of SOM chemistry involving ramped-pyrolysis may be preferable over traditional 
approaches, such as acid hydrolysis and alkaline extraction, in determining SOM composition since 
the ramping of temperature and gradual volatilisation of SOM minimises chemical alteration of SOM 
properties in the process. For example, pyrolysis GC-MS can determine the relative proportion of 
compound classes in SOM such as lignins, aromatics and proteins, without chemical extraction 
(Grandy et al., 2009). Hydrogen pyrolysis can fractionate pyrogenic-derived C from non-pyrogenic-
derived C (Ascough et al., 2009; Wurster et al., 2012) and ramped pyrolysis separates SOM fractions 
of varying thermodynamic stability with distinct ∆14C values, potentially revealing contribution of 
radiocarbon-dead, geogenic C in fractions from higher temperatures (Chan et al., 2017; Plante et al., 
2013). 
These emerging paradigms raise questions about our conceptualisation of SOM stabilisation 
processes in classical theories of soil formation that rely on operational definitions of “humic” acids 
or material. This is particularly so for podzolization, i.e. the definition set by Buurman and Jongmans 
(2005) “the mobilisation of humus and sesquioxides… and their precipitation in a B horizon”. In their 
review of the podzolization process, Buurman and Jongmans (2005) suggest most SOM accumulation 
in podzol B horizons is dominated by root-derived and fresh dissolved organic matter (DOM) 
stabilised by association with SRO minerals. Yet, this cannot explain the long turnover times in 
tropical podzols (up to 14C age of 38,000 years; Buurman and Jongmans, 2005; Holzhey et al., 2010) 
since direct plant-derived material and fresh DOM are have high affinity to bind with SRO mineral 
surfaces (Kaiser and Kalbitz, 2012; Sanderman et al., 2008), and these materials have an inherently 
young radiocarbon age of decades, at most (Trumbore, 2009). This also is in contrast to the recent 
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findings of Rothstein et al. (2018) who observed that SOM chemistry of temperate podzol B horizons 
were compositionally distinct from root chemistry but similar to litter-derived SOM of the A horizon. 
Furthermore, the term “humic” material is, as discussed above, an unclear description of what is the 
actual source of stabilised SOM in deep subsoils (Lehmann and Kleber, 2015; Rumpel and Kögel-
Knabner, 2011; Schmidt et al., 2011); whether it is plant-, microbial-, geogenic- or pyrogenic-derived 
SOM. Yet this information is critical to expand our understanding of subsoil SOM stabilisation 
processes. There is, therefore, a need to revisit and refine previously established frameworks in light 
of new paradigms and emerging analytical technologies. 
The Cooloola sand dune chronosequence in Queensland, Australia, represents one of few podzols 
globally that have been studied in the context of both soil formation and SOM chemistry; Skjemstad 
et al., 1992a, 1992b; Skjemstad and Osmond, 1992). The chronosequence spans 500,000 years of 
podzolization across at six large dune systems on one of the largest and best-preserved coastal sand 
dune masses in Australia (Coaldrake, 1960; Thompson, 1981). These subtropical podzols are 
distinctly recognised for their “giant” podzols with deep B horizons reaching up to 25 m in the most 
ancient dunes (Brewer and Thompson, 1980; Thompson, 1992). Skjemstad et al. (1992b) observed a 
fractionation of aromatic, humic acids concentrated at the upper portions of the B horizons to alkyl 
and carboxylic ‘fulvic acids’ concentrated at the lower portions due to differences in compound 
mobilisation and affinity with, primarily, Al.  
This fractionation and affinities to complex with Al cations suggests distinct stabilisation processes 
for different types of compounds, but the source of which remain ambiguous. Laboratory studies 
showed that Al flocculates and stabilises the aromatic material in the B horizon (Skjemstad and 
Osmond, 1992), which is in line with recent studies that have observed long-term persistence of 
aromatics in subsoils of podzols (Soucémarianadin et al., 2019) and other soils (Kramer et al., 2012; 
Marin-Spiotta et al., 2011; Marschner et al., 2008; Mikutta et al., 2006; Reisser et al., 2016). However, 
the combination of high paramagnetic property (high Fe content) and low SOC content limited 
rigorous 13C-NMR spectroscopy investigations into the composition of Al-bound SOM in Cooloola 
podzols at that time, despite hydrofluoric acid extractions (Skjemstad et al., 1992b). Apart from 
research on the litter and SRO mineral-free topsoil A horizon (Jones et al., 2015), no further work has 
been conducted to determine the source of the metal-bound SOM in subsoil B horizons of Cooloola, 
nor its degree of stabilisation and the processes responsible. Yet these soils present an excellent model 
system to investigate dynamics of soil development, SOM chemistry and subsoil stabilisation 
processes. 
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. 
In this study, we aimed to expand on the research of Skjemstad (1984) to enhance understanding of 
subsoil SOM stabilisation mechanisms in the giant podzols along the Cooloola chronosequence. The 
podzolization effect in a large, undisturbed sand mass has formed a large bleached horizon overlying 
brightly coloured B horizon at depths increasing with dune age, from 0.5 m in young dunes, to 15 m 
in ancient dune systems (Thompson, 1981). This natural setting provides a framework to both observe 
mineral-associated C stabilisation and to assess depth-related processes of SOM stabilisation. Thus, 
we can consider the chronosequence as a pedogenic sequence as well as a depth gradient. B horizon 
depth is driven by an expanding bleached A2-horizon of coarse sand through which dissolved or soil 
fauna bioturbated SOM from the A horizon vertically migrates before reaching the B horizon. 
Previous studies (Skjemstad et al., 1992a, 1992b; Skjemstad and Osmond, 1992) have extensively 
covered the interaction of SOM complexation with SRO minerals in these horizons. In the current 
study, we aimed to use C isotopes and modern ramped-pyrolysis methods to explore drivers of subsoil 
SOM stability in the Cooloola B horizons, including the extent of SOM stabilisation and the source 
of stabilised SOM. We used a suite of modern and traditional geochemical methods to approach this 
investigation on soil samples from Cooloola A and B horizons that were archived by Cliff Thompson, 
CSIRO St Lucia, Australia, after field sampling in 1973 (Thompson and Moore, 1984). 
4.2. Methods 
4.2.1. Field site 
The Cooloola chronosequence represents a catena of podzolization across sand dunes of differing age 
located near Rainbow Beach, south-east Queensland, Australia (Thompson, 1992, 1981). For the 
present study, we considered eight soil profiles from six dune systems of varying time-since-
deposition (i.e. dune age) along the Cooloola sand dune chronosequence; Table 8; Thompson and 
Moore, 1984; Walker et al., 2018). Profiles studied included well-drained podzol profiles on the dune 
systems Mutyi (500 years old), Chalambar (4,200 years), Burwilla (9,800 years), Warrawonga 
(140,000 years), a partially-drained profile on Kabali (310,000 years) and a poorly-drained profile at 
Mundu (450,000; Table 8). Deep, spodic B horizons have formed by the long-term weathering and 
leaching of sesquioxide coatings from the parent sand material. The parent sand material was 
deposited from yet uncertain offshore sources during marine transgressions (see review by Miot da 
Silva and Shulmeister, 2016) but is of consistent origin amongst all dune systems (based on Xr:F 
ratio; Chittleborough et al., 1998).  
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The illuviation of SOM, Si and reactive (oxide) forms of Al and Fe from the A horizon have formed 
an organo-mineral rich B horizon in the subsoil. The accumulation of Al in freely-drained profiles 
create an acidic environment, which helps reduce Fe forms and mobilises some Fe further down the 
profile (Skjemstad et al., 1992b). In partially- and poorly-drained profiles, where the B horizon hits 
the water table, Fe and Al from both vertical and lateral (water table) sources accumulate at the contact 
point with the water table (Farmer et al., 1983; Skjemstad et al., 1992a; Thompson, 1992); Table 8). 
By inference of increasing B horizon depth along the chronosequence (Thompson, 1992), the B 
horizon is continuously mobilising downwards by leaching SOM on a geological timescale, leading 
to massive bleached A2 horizons reaching at least 15 m depth in the ancient dunes (Thompson, 1981). 
It is believed that the acidic conditions created by the accumulations of SOM and Al create a redox 
environment, mobilising most Fe further below accumulations of Al, Si and SOM (Skjemstad et al., 
1992a). Hence Fe accumulates in considerable amounts in the B horizon of poorly-drained profiles, 
as seen in the Mundu profile (Table 8). 
From each profile, we analysed a topsoil A horizon sample (0.1−0.2 m; which have been included in 
previous studies, Jones et al. 2015) and samples from the underlying Bhs horizons. Thompson (1992) 
defined arbitrary divisions in the Bhs horizons based on changes in soil colour down the profile, 
including B1, B2 and B3. The B1 is the uppermost region of the Bhs horizon which has high C:Alpyro 
ratio (between 5 and 25) and is the transition phase between the B horizon and the bleached overhead 
E-horizon. The B2 horizon has the largest accumulation of C and Al (and Fe, in the freely drained 
profiles), and B3 represents the lowest region of the B horizon. Given the variation in soil properties, 
and that the archived soil samples were already separated and organised in this way, we chose to 
evaluate the B1, B2 and B3 distinctions of the Bhs horizons. The purpose of using archived soil 
samples from 1973 was two-fold: the convenience of obtaining samples from multiple cores to 15 m 
deep (beyond the physical limitation of the hand auger available to us) and that these samples were 
collected at a time much closer to recent spikes in atmospheric radiocarbon derived from detonation 
of nuclear devices in the 1950s. This means that, under a steady-state system, the incorporation of 
modern bomb-spike radiocarbon into slow C pools (> 50-year turnover) should be limited. This 
allows the use of the natural decay of 14C as a reliable indicator for the C ages (hundreds to thousands 
of years) that we expect to observe (Trumbore, 2009, 2000). 
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Table 8: Six dune systems of the Cooloola chronosequence, their geological age (Walker et al., 
2018) and nine soil profiles used in this study with selected soil properties. To clearly separate soil 
profiles, A horizon samples are highlighted by boldface type. 
Dune system Profile # Horizon Depth (m) 
Total N 
(mg g-1) 
Total C 
(%) C:N 
Total Al 
(mg kg-1) 
Total Fe 
(mg kg-1) 
SRO1 (mg 
kg-1) 
Mutyi 1 A1 0.1−0.2 0.37 0.64 17 5395 12200 645 
(500 y)  B1 0.3−0.4 0.13 0.24 19 5169 12850 624 
  B2 0.6−0.8 0.10 0.22 21 5122 8334 1123 
  B3 0.9−1.05 0.08 0.16 21 5283 7296 1149 
Chalambar 2 A1 0.1−0.2 0.19 0.47 25 3027 3664 79 
(4,200 y)  B1 0.2−0.3 0.09 0.20 22 3192 3641 209 
  B2 0.4−0.5 0.09 0.22 23 6225 5891 1016 
  B3 0.8−0.9 0.08 0.12 16 6382 4935 1065 
 3 A1 0.1−0.2 0.20 0.40 20 4433 3827 496 
  B2 0.2−0.3 0.10 0.20 19 5197 4232 611 
  B3 0.4−0.6 0.09 0.20 23 4424 2335 544 
Burwilla 4 A1 0.1−0.2 0.15 0.41 27 1079 819 32 
(9,800 y)  B1 0.4−0.5 0.10 0.20 20 2968 3562 166 
  B2 0.6−0.8 0.22 0.58 26 6525 4680 2141 
  B3 1.2−1.5 0.06 0.13 21 4816 2621 793 
 5 A1 0.1−0.2 0.17 0.80 46 727 955 31 
  B1 1.8−2.1 0.02 0.09 37 2890 2090 703 
  B2 3.3−3.6 0.02 0.10 57 3219 2524 613 
  B3 4.5−4.8 0.05 0.17 32 3384 2660 667 
  B3 5.4−5.7 0.02 0.08 35 3404 2010 479 
Warrawonga 6 A1 0.05−0.1 0.27 0.76 28 424 206 18 
(140,000 y)  B1 5.3−5.4 0.07 0.11 15 1594 3353 157 
  B2 5.7−6.0 0.07 0.25 35 5283 2733 1450 
  B3 6.6−6.9 0.02 0.10 55 4994 2379 1293 
Mundu 7 A1 0.1−0.2 0.17 0.77 44 369 196 19 
(310,000 y)  B1 11.7−11.9 0.09 0.31 34 1752 1179 736 
  B2 12.0−12.3 0.06 0.37 62 4592 2860 2673 
  B2 12.9−13.2 0.10 0.53 56 9122 7903 2801 
  B3 13.2−13.5 0.11 0.63 59 3732 2318 1628 
Kabali 8 A1 0.1−0.2 0.27 0.81 30 438 326 58 
(450,000 y)  B1 11.9−12.0 0.05 0.08 16 1808 1893 85 
  B2 12.0−12.1 0.06 0.21 34 6581 28980 564 
  B2 12.1−12.2 0.12 0.14 12 5614 13660 176 
    B3 13.2−13.3 0.09 0.15 17 4987 7727 549 
1SRO = Alox + ½Feox  
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4.2.2. Soil geochemistry 
Total organic C and N (%) of grind-milled, air-dry soil samples was analysed with a LECO analyser 
(TruMac CN, LECO Corporation, St. Joseph, MO, USA). Total metal concentrations of Al and Fe 
were extracted with lithium borate at 600’C then with a nitric/hydrochloric acid mix. Parallel 
extractions of geochemical properties were performed on all soil samples according to methods 
outlined by Sheldrick (1984). This included the extraction of organic-bound minerals by sodium 
pyrophosphate with 1:60 soil:solution ratio; poorly-crystalline minerals by ammonium oxalate with 
1:50 soil:solution ratio; and crystalline Fe (III) oxides with all the preceding fractions extracted by 
citrate dithionite with 1:50 soil:solution ratio. All extracts were analysed for % Al, Fe and Si by ICP-
OES spectroscopy at the Ecoscience Precinct, Australia, and data presented as mg kg-1. The 
operational definition of SRO mineral abundance was determined using Alpyro + ½Feox since this 
metric has been demonstrated to be tightly associated with SOC content across many soil types 
(Kramer et al., 2012). 
4.2.3. Water-dissolvable organic matter 
The relationship between water-dissolvable organic matter (DOM) and SOM was studied by 
comparing 14C values of soil and DOM. We considered the >40-year old archived soil samples 
unreliable for measurement of DOM, and therefore for the purpose of DOM extraction, fresh soil 
samples were collected during a field campaign in 2018. DOM was extracted in the evening after 
field collection according to methods outlined by Jones and Willett (2006): discernible roots were 
initially removed by clean, metal tweezers then 8 g of unsieved soil was added to 40 mL of ultrapure 
MilliQ water which had been stored in acid-washed glass bottles. Soil solutions were gently mixed 
on a bench rotator for 1 h before settling without movement for 15 minutes. Approximately 10 mL 
of MilliQ water was initially pushed through 0.45-micron syringe filters to wash the filter of 
contaminates. Settled soil solutions were then pushed through syringe filters to separate DOM, then 
frozen until 14C analysis. Apart from this ∆14C comparison of SOM and DOM, these fresh samples 
were not included for any other analyses reported in this work. 
4.2.4. Ramped pyrolysis techniques 
Several ramped-pyrolysis techniques were applied to assess the origin and composition of stabilised 
SOM. The chemistry of SOM on all bulk samples was determined by ramped pyrolysis GC-MS at 
the University of New Hampshire, USA (Grandy et al., 2009). Peaks of volatilised compounds were 
analysed and identified with the Automated Mass Spectral Deconvolution and Identification Systems 
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(AMDIS V 2.65) software, the National Institute of Standards and Technology (NIST) compound 
library and published literature (Grandy et al., 2009). Compounds of organic matter are expressed as 
% of total organic matter based on total sample peak area and grouped into classes based on origins 
(lignins, polysaccharides, protein, non-protein N-bearing, lipids, phenols). Compounds classified by 
multiple probable origins were classified as “unknown”. Aromatic compounds which did not fall 
within the aforementioned groups were classified as “aromatics”. Compounds which contribute more 
than 5% of SOM for its given class are listed in Supplementary Table 13. 
The contribution of pyrogenic C was assessed on a selection of twelve deep B horizon samples 
containing a broad range of aromatic content identified by pyrolysis GC-MS. Pyrogenic C was 
determined by hydrogen-pyrolysis of bulk samples at the James Cook University, Australia (Ascough 
et al., 2009; Wurster et al., 2012). Samples were loaded with Mo catalyst (5% by weight) and 
pyrolysed at 15 pkA in hydrogen atmosphere to 250°C within 2 minutes, then ramped at a rate of 8°C 
per minute until 550°C was reached at which point the temperature was maintained for 2 minutes. 
Total SOM was measured before and after pyrolysis by an elemental analyser (Costech 4010). The 
mass balance of C content remaining was then considered the portion of pyrogenic-derived C (as % 
of total soil C).  
The contribution of geogenic C (radiocarbon “dead”) to the radiocarbon age of SOM was determined 
on a B1 and B3 horizon from the same profile (#6) at the Warrawonga dune system (Table 8). These 
samples were selected for several reasons; occurring in a freely-drained profile, nearly identical SOM 
composition (Supplementary Figure 30) but vastly different 14C value and mineralogy; in particular 
higher SRO concentrations in the B3 sample (Table 8). Fractions of varying thermal stability were 
separated by ramped-oxidation pyrolysis at the Woods Hole Oceanographic Institute, USA. Previous 
applications of this method have demonstrated the most thermally stable fractions of a soil sample 
contain the oldest radiocarbon age and vice versa for lower temperature fractions (Hemingway et al., 
2017; Plante et al., 2013). It therefore allows distinguishing the disparity of C ages in SOM, including 
contribution of potentially radiocarbon-dead C. Column tubes loaded with samples were connected 
to a line running 92% helium and 8% oxygen flow at 35 ml min-1. The sample was then gradually 
combusted by oxidation-pyrolysis ramping up to 800°C. Four fractions of CO2 gas were collected 
from each sample at varying temperature intervals by liquid N traps then transferred into pre-
evacuated borosilicate collection tubes. For each sample, an initial “fast ramp” was conducted to 
visualise the approximate spectra of CO2 release during ramping and determine temperature intervals, 
which encompass approximately even distribution of C content from the sample. Then a “slow ramp” 
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of 5°C per minute was conducted to collect the gas at the following approximate temperature 
intervals: 150−310, 310−350, 350−400/450 and 400/450−650°C. These fractions were then analysed 
for 14C content. A stability proxy for CO2 evolution over time and temperature, T50, was determined 
as the temperature at which 50% of CO2 has evolved during ramped pyrolysis (Leifeld and von 
Lützow, 2014; Williams and Rosenheim, 2015). 
4.2.5. 14C analysis 
For 14C analysis, we were interested in analysing stabilised, mineral-bound SOM in B horizons and 
wanted to avoid potential contamination of modern SOM from particulate or DOM that may be only 
transitory in the soil. Therefore, the particulate (or “light fraction”) SOM in B horizons was separated 
from the samples by density fractionation using sodium polytungstate at a density of 1.6 g cm-3 
(Christensen, 1992). This left a residual “heavy fraction” for 14C, 13C and % C analysis. A mass 
balance of SOC content remaining in the heavy fraction revealed this removed between 0 to 48% of 
SOC in samples above 1 m depth and 0 to 19% of SOC in samples below 1 m depth (Figure 21).  
 
Figure 21: Proportion of particulate C removed by density fractionation with 1.6 g cm-3 sodium 
polytungstate solution from B horizons of varying depth. 
The isotopic values ∆14C and δ13C were quantified on all B horizon heavy-fractions, freeze-dried 
DOM and gas fractions collected by ramped oxidation-pyrolysis. All samples were combusted to 
900°C with pre-loaded silver and copper oxide to reduce potential contaminates mobilised by the 
combustion step. Combusted gas was transferred via dry ice and liquid N traps to remove impurities 
and graphitised before determining ∆14C content on accelerator mass spectrometer and δ13C value on 
an IRMS at the Australian National Science and Technology Organisation, Australia. Data are 
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reported using the ∆14C nomenclature conventions (Stuiver and Polach 1977). Samples collected via 
ramped oxidation-pyrolysis were blank corrected according to Hemingway et al. (2017). Despite 
being acidic soils (pH 5 to 6), there was potential for contribution of inorganic (bicarbonate) sources 
of C in deep horizons which have intermittent contact with the water table. A selection of 10 samples 
were tested for carbonate content by acid treatment, however these did not differ in ∆14C values 
(Figure 22) so we are confident there was no contribution of inorganic C in this system. The ∆14C 
value of 0.1−0.2 m samples in the A horizon from all eight profiles were obtained from previous 
studies (Jones et al., 2015) of the same soil profiles and archived samples. 
 
Figure 22: Comparison of soil ∆14C values before and after acid treatment shows no presence of 
inorganic C (carbonates). Relationship between the two indicated by R2-value (p <0.01). 
4.2.6. Data handling and statistical analysis 
B horizon depth increases along the Cooloola chronosequence (i.e. dune age), complicating the task 
of teasing apart pedogenic vs depth-related SOM processes. The characterisation of soil geochemistry 
provides a separate measure of variables account for soil development. We therefore tested SOM 
stabilisation (total SOC and C isotopes) and composition (pyrolysis GC-MS) as a function of depth. 
Furthermore, rapid changes in SOM stabilisation and composition were observed in the top 1 m, 
hence the data is presented on a log-depth scale to highlight rapid changes that occur within the top 
1 m. 
Pearson’s correlation was used to test the relationship between soil properties, while linear least 
squares regressions were performed to determine linear relationship between select soil properties. 
Poorly drained profiles were excluded from analysis of relationships between soil C, geochemical 
86 
 
properties and C isotopes since the process of material accumulation is different (involving lateral 
movement while freely drained profiles exclusively involve vertical movement). Assessment of the 
variation of SOM composition across soil properties (including depth) was performed using non-
metric multidimensional scaling (NMDS). We used Euclidian distances of the data (% of SOM; 
excluding “Unknown” class) to produce ordinations for all soil samples together using the 
“metaMDS” function in the “vegan” package in R statistical software (R Core Team, 2013). To 
investigate the variation of this model across soil geochemical properties, the “envfit” function was 
subsequently used to fit the variation of other soil properties across ordinations NMDS1 and NMDS2. 
The significance of these fits was assessed using permutation regression analysis with the same R 
package. 
4.3. Results 
4.3.1. Soil organic accumulation and stability 
The concentration of total and heavy fraction SOC in the B horizon of freely- and partially-drained 
podzol profiles together were both highly and positively correlated with concentrations of Al, Fe and 
Si extracted by sodium pyrophosphate, ammonium oxalate and citrate dithionite (Table 8). Both of 
total SOC and heavy SOC fraction were most highly correlated with Alpyro. The second-most 
correlated property, SRO (Alox + ½Feox), better explained SOC concentrations than either Alox or Feox 
alone. The concentrations of Alox, Alox and Fepyro were also significantly (p <0.01) correlated with 
both SOC fractions, but to a much lesser extent. The concentrations of Fecit and Siox were not strongly 
correlated with concentrations of SOC. The heavy fraction of SOC had stronger correlations with all 
geochemical properties than total SOC. Raw data for soil concentrations of SOC, SRO and total Al 
and Fe are included in Table 8, and correlations between all soil properties are summarised in 
Supplementary Table 14. 
Table 9: Relationships between geochemical extractions and total SOC and heavy-fraction (HF) 
SOC in the B horizons of well-drained profiles. Geochemical extractions listed in order of 
significance with total soil C, as indicated by the p-value (significant p-values <0.05 highlighted by 
bold, n = 25). 
  Total SOC (%)   Total HF SOC (%) 
Geochemistry (mg kg-1) R2 p-value  R
2 p-value 
Alpyro  0.84 0.000  0.91 0.000 
SRO minerals 0.75 0.000  0.81 0.000 
Feox 0.73 0.000  0.73 0.000 
Alox 0.70 0.000  0.77 0.000 
Fepyro 0.54 0.006  0.62 0.001 
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Fecit 0.37 0.063  0.46 0.026 
Siox 0.35 0.093  0.46 0.024 
 
Since the heavy fraction of C had a much stronger association with the geochemical properties, we 
measured C isotopes on the heavy fraction to assess extent of SOM stability. The δ13C value of heavy 
fraction C showed no obvious correlation with depth or soil properties except total N (Table 10). In 
contrast, ∆14C was highly correlated with most soil properties included here. Soil radiocarbon was 
strongly and negatively correlated with soil depth (R2 = −0.91; Figure 23) and the C:N ratio (R2 = 
−0.91). It was also negatively correlated with Alox and Alpyro, the two geochemical properties most 
highly correlated with C content, however to a much lesser extent (R2 = −0.56 and −0.56, respectively; 
Supplementary Table 14).  
Table 10: Relationship between soil properties and δ13C and ∆14C in the B horizons of well-drained 
profiles. Geochemical extractions listed in order of significance with ∆14C, as indicated by the p-
value (p-values <0.05 highlighted by bold, n = 24). 
  δ13C   ∆14C 
 Soil properties R2 p-value  R
2 p-value 
Depth −0.17 0.472  −0.91 0.000 
HF C:N −0.17 0.444  −0.85 0.000 
Alox + ½Feox 0.17 0.417  −0.55 0.004 
Alpyro 0.14 0.585  −0.52 0.010 
HF total C 0.2 0.400  −0.51 0.011 
HF total N 0.47 0.032  0.2 0.352 
δ13C    0.00 0.981 
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Figure 23: Heavy fraction ∆14C of all B horizon samples taken from various depths and dune 
systems (“DS” 1−6). Samples taken within the same profile are connected by dotted lines, and 
samples from older dune systems are indicated by darker shades. 
4.3.2. Water extractable dissolved organic matter 
DOM was extracted from fresh samples to determine the difference in C age of DOM and B horizon 
soil from two closely located (<10 m apart) soil profiles taken from Dune system 4 (Warrawonga) in 
October, 2018. Overall, the ∆14C of DOM was of much younger age than soil ∆14C in all samples 
(Table 11). Despite the B horizon and subdivisions (B1, B2 and B3) being at similar depth intervals 
between two profiles, the soil ∆14C reached older C ages by the deepest B3 horizon in Profile 1 than 
in Profile 2 (∆14C −437.1 and −284.4, respectively). There was also, overall, slightly older DOM in 
Profile 1 than Profile 2. 
Table 11: ∆14C values of bulk soil and corresponding DOM, collected in 2018. 
 Horizon Depth (m) Soil ∆14C DOM ∆14C 
Profile 1 B1 3.6−4.0 −202.0 −12.0 
 B2 4.0−4.5 −325.4 6.2 
 B3 4.5−5.2 −437.1 −21.1 
     
Profile 2 B1 3.2−3.9 −177.3 54.7 
 B2 4.8−5.0 −206.3 54.7 
  B3 5.0−5.2 −284.4 69.9 
 
4.3.3. Soil organic matter composition 
Compound classes derived from pyrolysis GC-MS were plotted against depth in log scale in order to 
highlight the SOM composition changes that occur within the top 1 m of soil (Figure 24, Figure 25). 
This included the relative change in SOM composition with depth, from the source of the SOM in A1 
horizons in the 0.1−0.2 m range to the sink of stabilised SOM in B horizons occurring between 0.3 
and 15 m deep. Qualitatively, we observed a transition from surface-associated SOM (lignin, 
polysaccharides and N-bearing; Figure 24), to more subsoil-associated SOM compounds with depth 
(proteins, lipids and aromatics; Figure 25). The compounds classified as phenols (Figure 24d) and 
unknown (Figure 25d) did not appear to change in relative abundance with depth. The relative 
abundance of lignin was high (5−40%) in the surface A horizons but rapidly declined to virtually zero 
abundance in all depth ranges beyond 0.2 m (Figure 24a). The relative abundance of polysaccharides 
and N-bearing compounds, which were highly correlated to each other (Pearson’s R = 0.61, p <0.001), 
also declined substantially with depth, but more gradually than lignin (Figure 24b, c). The decline in 
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polysaccharides and N-bearing compounds occurred most rapidly within the top 1 m. Relative 
abundance of polysaccharides ranged from 9−23% in surface A horizons to 0−7% in the deep B 
horizons (>10 m deep) while N-bearing compounds contributed to a far lower proportion of SOM; 
3−6% in the surface A horizons to 0.5−3.0% in the deep B horizons. 
The relative abundance of proteins and lipids both increased in abundance down to 1 m, but then 
declined thereafter to deeper B horizons (although they are not significantly correlated with each 
other; Figure 25a,b). Proteins contributed 2−30% of SOM while lipids contributed 3−46% of SOM. 
The relative abundance of aromatics was relatively lower in the surface A horizons (4−20%) and mid-
depth B horizons (10−35%) but increased substantially to relative abundances of 40−80% in the deep 
B horizons >10 m (Figure 25c). 
 
Figure 24: The relationship of (log)depth and relative abundance of surface-associated compounds 
of SOM (lignin, polysaccharide, N-bearing, phenol) identified by pyrolysis GC-MS: a) lignin, b) 
polysaccharide, c) N-bearing, and d) phenol. A horizons indicated by triangle, well-drained B 
horizons by solid circle, and poorly-drained B horizons by open circle. 
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Figure 25: The relationship of depth and relative abundance of individual processed (proteins, 
lipids, aromatics) and unknown compounds of SOM identified by pyrolysis GC-MS: a) proteins, b) 
lipids, c) aromatics, and d) unknown. A horizons indicated by triangle, well-drained B horizons by 
solid circle, and poorly-drained B horizons by open circle. 
Non-metric multi-dimensional scaling of SOM composition assessed the overall relationships of 
SOM classes to each other and to other soil properties by permutation regression analysis. The NMDS 
provided good representation of the data in reduced dimensions (stress = 0.12). The scaling showed 
a distribution of SOM classes along the NMDS1 which aligned with our previous observations: 
grouping of potentially plant-derived material (lignin, N-bearing and polysaccharides) towards 
negative regions of NMDS1 and transition towards aromatics in the positive regions of NMDS1 
(Figure 26). Phenols were associated with positive loadings of NMDS2, and lipids were associated 
with negative loadings of NMDS2. Proteins did not appear to be associated strongly in any direction 
of NMDS loadings. 
Permutation regression of the NMDS model with soil properties revealed that NMDS1 was highly 
correlated with ∆14C, heavy fraction C:N ratio and soil depth (Table 12; p <0.001). NMDS2 loadings 
were positively correlated with concentration of C, Alpyro and Alox + ½Feox, however to a lower 
significance (p <0.05). Lignins, N-bearing and polysaccharides were more associated with younger-
aged C, lower C:N ratios and shallower depths, while aromatics were more associated with older C, 
higher C:N ratios and deeper horizons (Table 12). 
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Figure 26: NMDS ordination of SOM composition from all horizons. Gradient represents fitting of 
∆14C values across NMDS ordinations of SOM composition. 
Table 12: Permutation regression of fitted soil properties across NMDS ordinations of SOM 
composition on all soil horizons. Positioning of SOM components along NMDS loadings is shown 
in Figure 26. 
  NMDS1 NMDS2 R2 p-value   
∆14C −0.97 0.25 0.75 0.001 *** 
HF C:N 1.00 −0.02 0.70 0.001 *** 
Depth 1.00 −0.07 0.70 0.001 *** 
HF Total C 0.83 0.56 0.50 0.007 ** 
Alpyro 0.77 0.64 0.40 0.017 * 
SRO minerals 0.71 0.70 0.35 0.031 * 
HF Total N −0.38 0.93 0.24 0.092  
δ13C −0.97 −0.23 0.02 0.867   
* p <0.05, ** p <0.01, *** p <0.001 
 
Since the NMDS permutation analysis revealed aromatic compounds were highly associated with old 
C and depth, we explored the nature and source of the aromatic fraction further by direct regression 
analyses with the top explanatory properties from the permutation regression analysis. The relative 
abundance of aromatics was negatively correlated with ∆14C (R2 = 0.59) and positively correlated 
with heavy fraction C:N (R2 = 0.67), depth (R2 = 0.71) and SRO mineral content (R2 = 0.59; Figure 
27). Values from poorly drained profiles appeared to be outliers in most regressions, and hence were 
excluded from the regression analysis but are shown in the figures.  
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Figure 27: Relationship between relative abundance of aromatic compounds and a) ∆14C, b) depth 
on log scale, c) concentration of SRO minerals, and d) heavy fraction C:N ratio. Linear regression 
shown by dashed line with fit indicated by R2 values, where p <0.05. 
 
4.3.4. Pyrogenic and geogenic C sources 
The proportion of pyrogenic C (as measured by hydrogen pyrolysis) of 12 samples from the deepest 
B horizons ranged from 4 to 27% of total soil C (Figure 28). Overall, there was a positive correlation 
between aromatic compounds derived from pyrolysis GC-MS and pyrogenic C derived from 
hydrogen pyrolysis (Figure 28a). One data point was identified as a potential outlier due to its very 
low C content (<0.1%) meaning potential variation by a mass balance approach was high. This value 
was excluded from the regression analysis, but is shown in the figures. Total aromatics identified by 
pyrolysis GC-MS had two- to three-fold higher relative abundance than pyrogenic C from hydrogen 
pyrolysis. The sum of two common biomarkers for fire-derived C in GC-MS studies (naphthalene 
and fluorene) was positively correlated with pyrogenic C from hydrogen pyrolysis. The relative 
proportions of the fire biomarkers and pyrogenic C were approximately equal (Figure 28b). 
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Figure 28: Relationship between pyrogenic C and data obtained by pyrolysis GC-MS: a) total SOM 
proportion of aromatic C, and b) the sum of naphthalene and fluorene (biomarkers of fire-derived 
C). Regression shown where significant (p <0.05). 
Ramped oxidation-pyrolysis separated soil fractions of thermal stability to determine the disparity of 
C ages within the SOM and the potential for geogenic-derived C. The evolved CO2 measured during 
ramping demonstrated distinctly different thermogram profiles between the B1 (Figure 29a) and B3 
(Figure 29b) horizons from the same soil profile. The B1 had more C released during lower 
temperatures of ramping whilst the B3 horizon released more C with higher temperatures. This is 
reflected by differing T50 values (the temperature at which 50% of C is volatilised); 335°C and 384°C 
for B1 and B3 horizon, respectively. The ∆14C value of fractions collected from both samples 
increased with temperature, with the exception of the fourth fraction in the B1 horizon (Figure 29a, 
b). In particular, the first fraction of B1 horizon had a low ∆14C value (−48) compared to higher 
temperature fractions (∆14C values between −220 and −265). Such disparate C ages from sequentially 
ordered fractions were not observed in the deeper B3 horizon. No “radiocarbon dead” C was measured 
in either samples, with the oldest ∆14C value being −690 in the fourth fraction of B3 horizon. 
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Figure 29: Ramped pyrolysis-oxidation of the a) B1 (5.3−5.4 m) and b) B3 horizon (6.6−6.9 m) 
from a freely-drained B horizon (soil profile 6; Table 8). Curved line indicates concentration of 
normalised CO2 (ppm relative to % SOC content) evolved during pyrolysis, bar lengths span 
temperatures at which fractions were collected. Bar heights indicate value ∆14C. 
4.4. Discussion 
4.4.1. Soil carbon stability 
Similar to the observations of Skjemstad et al. (1992a) and Skjemstad and Osmond (1992), we found 
a strong relationship between soil C accumulation and SRO minerals, in particular Al, but also 
interactions with Fe. Skjemstad et al. (1992b)’s model of podzol dynamics at Cooloola suggested that 
the high SOM accumulation in the middle B2 horizon is due to dissolution of Al-SOM complexes at 
the transitionary B1 horizon by fresh, descending DOM compounds which have higher affinity for 
metal complexation. Al complexed with C at the upper B horizon will be eventually displaced by 
fresh supply of DOM and co-precipitate at greater depths of the B horizon where Al is saturating. 
This described dynamic is reminiscent of podzols universally (Buurman and Jongmans, 2005) and 
the cascade model of SOM dynamics down the soil profile (Kaiser and Kalbitz, 2012; Sanderman et 
al., 2008), but in this case condensed into the B horizons. 
The relatively lower Al content in the upper region of the B horizon (B1) therefore allows SOM to 
be more easily accessible for decomposition by microorganisms (Schwesig et al., 2003). For this 
reason, migration of SOM keeps pace with Al and sustained leaching of material leads to formation 
and elongation of a large, white, leached horizon (above the B1 horizon). At the same time, this 
process leads to widening of the B horizon upper and lower depth margins as migrating C and Al 
accumulates in this region. Hence, while stocks of SOC and Al is probably accumulating in the B 
horizon over the age of the chronosequence (as inferred by Skjemstad et al., 1992a; Skjemstad and 
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Osmond, 1992), this effect is not noticeable when considering just SOC and Al concentrations of soil 
samples. A full accounting of SOC and Al stocks within the entire B horizon would be required to 
quantify the accumulation of organo-mineral complexes across the chronosequence, which was not 
the aim of the current study. 
While Al-SOM complexations clearly drive SOM accumulation, this does not appear to have as large 
influence on SOM stability (i.e. ∆14C) value as in chronosequences of other soil types including 
Hawai’i (Torn et al., 1997), Matolle (Masiello et al., 2004) and Cowlitz River (Lawrence et al., 2015). 
Instead, SOM stability in Cooloola subsoils was primarily driven by soil depth, C:N ratio and SOM 
composition. The strong correlation between radiocarbon content and depth suggests that carbon 
stability at the B horizon is influenced either by time since burial (since B horizon depth along the 
chronosequence is a proxy for soil development), chemical fractionation of DOM through 
immobilisation/remobilisation processes of the DOM framework, or other processes. Considering 
these B horizons take from tens to hundreds of thousands of years to form and soil radiocarbon ages 
in this study are <18,000 years, the notion that C is stabilised since “burial” is not supported. The 
relationship between radiocarbon content and depth confirms, rather, that aged C persists in 
accumulations at the B horizon as it migrates laterally down the soil profile via dissolution (consistent 
with podzolization processes) and is fractionated from fresh SOM which resides at shallower depths. 
The disparate ∆14C values of DOM and surrounding soil in deep B horizons of the Warrawonga dune 
system (150,000 years) revealed that young DOM migrates through the profile where much older 
SOM is stabilised. The DOM collected was not entirely of modern origin (∆14C ranging from −6 to 
60), although DOM extracted in this study probably consisted of an appreciable contribution of 
ancient SOM destabilised by the sampling and/or extraction procedures which would otherwise 
remain stable in preserved soil structure (Wordell-Dietrich et al., 2017). Hence, we expect more 
accurate measurement of DOM radiocarbon age, which was not within the scope of this study, to 
show it to be more modern. More importantly, most of this young DOM is clearly not subsequently 
stabilised in the B horizon. Significant contribution of modern C in the deep B horizons would 
potentially be revealed by more disparate ∆14C values of the thermally separated fractions, which was 
not observed. It appears, perhaps unsurprisingly, that the free drainage of these sandy podzols allows 
fresh plant-derived DOM, which is not sufficiently reactive with SRO minerals in the B horizon, to 
rapidly migrate down the whole profile and move into the C horizon, bedrock or water table. It would 
therefore be interesting for future studies to separate thermodynamic fractions of soil samples taken 
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from the deep poorly-drained profiles to confirm significant contribution of young C accumulating at 
the profile’s end point of vertical migration (such as that seen by Fe accumulation). 
Considering the regular flushes of modern C that the B horizon is likely to receive via DOM migration 
in this subtropical climate, it is remarkable that SOM in the SRO-rich B horizons of freely-drained 
profiles is not only ancient when measured as bulk soil but also when separated into fractions of 
thermodynamic stability. Albeit, the lowest ramped pyrolysis-oxidation temperature fraction of the 
B1 horizon is highly modern compared to other fractions from that horizon and the B3 horizon. 
However, the B1 is a transition zone between A and B horizon where non-bound particulate SOM 
likely accumulates due to lack of penetration into the finer textured B horizon, as was observed by 
Skjemstad et al. (1992b). On the other hand, the deeper B3 horizon is comprised of ancient C 
throughout all thermal fractions (∆14C values ranged from −547 to −690). First, this indicates that 
there is no or relatively little C contribution by geogenic sources (radiocarbon dead) C. Second, the 
lack of modern C in any fraction of the B3 horizon suggests that there is a highly selective process 
for stabilisation of certain compounds in the B horizon, specifically excluding fresh C. This is an 
interesting notion, especially when considering the cascade model of downward DOM movement 
proposed by Kaiser and Kalbitz (2012) relies on high abundance of clay minerals, which is absent in 
these podzols, to effectively regulate DOM migration in this way. This model is not thought to be 
very effective at explaining SOM dynamics in podzols which are rapidly drained and lack clay content 
(Rothstein et al., 2018). Yet, a gradient of increasing C age clearly occurs with depth in the SRO-rich 
horizons of the Cooloola podzols, indicating millennial-pace cycling and downwards movement of 
certain SOM compounds and requires further investigation with additional fractionation techniques. 
4.4.2. Composition of SOM 
The second aim of this study was to determine the source of stabilised SOM compounds in the deep 
podzol horizons of Cooloola. Our results show that compounds which we suppose are mostly derived 
from plants, including lignins, polysaccharides and (non-proteinaceous) N-bearing compounds, were 
negatively correlated with SOM stability (∆14C) and, while relatively abundant in the surface soils, 
rapidly declined within the top 1 m of the profile. This is in line with numerous observations that, in 
the absence of SRO minerals to bind and complex to, plant-derived compounds do not impose 
recalcitrant “selective presentation” properties to decomposition (Dungait et al., 2012; Marschner et 
al., 2008). In particular, the observation that lignins are broken down in the surface and do not 
penetrate depths beyond 0.2 m aligns with the now long-held notion that lignins do not persist intact 
through decomposition (Baldock et al., 1992). Our previous study (Jones et al., 2015) similarly 
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demonstrated that the sand matrix of Cooloola’s nutrient gradient, with its low interference by clays, 
is well suited to demonstrate that lignins are not protected from decomposition. Here, we have 
extended this notion further to soil depth, at least where SRO minerals are absent.  
In contrast, the relative abundances of proteins and lipids increase until 1 m depth but decline 
thereafter, and aromatics increased throughout the entire profile. Proteins and lipids each contribute 
10 to 30% of SOM. Lipids were dominated by microbially-derived 16C-chain structures, particularly 
palmitic acid and 1-hexadecene, which is a strong indication that much of these lipids are microbially-
derived. Lipids attributed to plant sources (>20-chain structures lengths) were only observed in depths 
above 0.3 m, indicating that lipids that persisted at greater depths are not directly derived from plant 
sources. The high proportion of microbially-derived SOM in subsoils potentially reflects recent 
insights that SOM is largely comprised of necromass (i.e. microbial detritus; Ma et al., 2018; H. Wang 
et al., 2015; Ye et al., 2019). The observed limits of this high contribution up to 1 m probably reflects 
the depth to which particulate plant-derived inputs (which provide microbial habitat and favourable 
substrate) reach. 
On the other hand, our results show that relative abundance of aromatics increase throughout the 
entire profile likely due to preferential accumulation of aromatics with SRO minerals. It is this 
interaction that appears to explain SOM stability; demonstrated by the negative correlation between 
aromatics and ∆14C. The preferential binding of aromatics with SRO minerals has been observed 
previously in many soils, not least the Hawai’i chronosequence (Kramer et al., 2012; Mikutta et al., 
2006). Studies of the volcanic soils at Hawai’i have demonstrated that the source of stabilised 
aromatic moieties in the subsoils are carboxyl-rich aromatic structures from highly oxidised lignins, 
polyphenols and tannins (i.e. plant aromatics) which have mobilised down preferential DOM flow 
pathways (Kramer et al., 2012). Despite the ease in which DOM can migrate down the profile of the 
Cooloola sands, lignins did not penetrate beyond 0.2 m depth and their derivatives, phenols, remained 
similar throughout all depth ranges, which suggests an alternative source of aromatics in the Cooloola 
podzols. The lack of mobility of lignins may be explained by the lack of mineral surfaces in the A1 
horizon, which would usually promote oxidative environment activity (including ligninases) through 
redox mediators. In their absence, there is potentially low oxidative activity meaning lignins remain 
at the surface unless broken down into more soluble constituents, i.e. phenols (Floch et al., 2007; 
Sinsabaugh, 2010). The aromatics identified by pyrolysis GC-MS mostly comprised of benzene 
structures, benzonitrile, naphthalene and fluorene. The latter two are often considered biomarkers for 
pyrogenic C (Kaal et al., 2008; Wang et al., 2007), while some studies report the source of benzonitrile 
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as being of either pyrogenic (Kaal et al., 2012) or proteinaceous origin (Schulten et al., 1997). We 
therefore expanded our study with additional analytical methods to determine the source of this 
stabilised aromatic SOM. 
4.4.3. Pyrogenic source of stabilised SOM 
As discussed above, insights from thermally fractionated samples indicate there was little evidence 
for the presence of geogenic (radiocarbon dead) C in the B horizons from the Warrawonga dune 
system (150,000 years old). Plant-derived compounds are rapidly decomposed at the surface and do 
not contribute large portions of SOM in deep horizons. Further, the unchanging soil δ13C value and 
widening C:N ratios with depth suggest very little contribution of microbial processing of SOM. 
These features, along with the correlation between aromatics and pyrogenic C by hydrogen pyrolysis, 
provides reasonable evidence of a large contribution of fire-derived C in the deep B horizons of 
Cooloola. The forests of Cooloola are full of species which are highly adapted to natural fire events, 
such as Eucalyptus and Banksia. Fire frequency and intensity would have been varied under different 
regimes with aboriginal people, forestry and now National Park management (Thompson and Moore, 
1984; Walker et al., 1987). Nonetheless, fire is a natural event in these ecosystems which would have 
been occurring since the age of the dunes themselves, thus significant fire-derived origins of stable 
SOM is highly plausible. 
Even though hydrogen pyrolysis contributed only 10−30% of total C, and not in the region of 50−80% 
as observed by aromatics in deep subsoils, this method selects for large, highly condensed aromatic 
structures, which are not volatilised in temperatures under 550°C. Therefore, we expect there could 
be a significant contribution of smaller aromatic structures from pyrogenic sources, including 
naphthalene and fluorene, which are not included in estimation by hydrogen pyrolysis. Indeed, the 
sum of naphthalene and fluorene (measured by pyrolysis GC-MS) was correlated with the relative 
abundance of pyrogenic C, and the 1:1 ratio of these factors suggest small and large fragments of 
pyrogenic material might exist in the subsoil in approximately equal proportion to each other. In fact, 
naphthalene and fluorene were the most highly correlated compounds with SRO content and Alpyro
 
(Supplementary Table 14), supporting the notion that pyrogenic-derived C was preferentially bound 
to SRO minerals. Pyrolysis GC-MS has been known to produce artefacts, particularly concerning 
nitrogenous aromatic groups, such as benzonitrile. Since the relative abundance of the single 
compound benzonitrile is very high, as much as 50% in one sample, we did not consider it for 
comparison with hydrogen pyrolysis data. Nonetheless, benzonitrile correlates strongly with the 
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broad aromatic class (less benzonitrile), hence assigning aromatic origins to this group should be 
reasonable. 
Pyrogenic C can be highly mobile in soil. Leaching and accumulation of pyrogenic C has been 
observed in deep horizons of many soils including podzols (Cao et al., 2006; Soucémarianadin et al., 
2019; Velasco-Molina et al., 2016). The high affinity of pyrogenic aromatic C to interact with SRO 
minerals (Brodowski et al., 2006, 2005) explains why it has persisted in the B horizon over other 
compounds which are either respired or migrate through and beyond the B horizon (as observed by 
modern ∆14C values of DOM). We do not discount the potential role of bioturbation in migrating 
fragments of pyrogenic material down the soil profile; field observations confirm large fragments of 
pyrogenic C in moderately deep B horizons. Although, this process would contribute highly modern 
C which does not correlate with the old 14C values identified in the current study. Therefore, we 
conclude most pyrogenic C would migrate the profile by dissolution from oxidisers during microbial 
processing that occurs closer to the soil surface (Velasco-Molina et al., 2016). The reason pyrogenic 
aromatics (and not lignins) might persist beyond oxidation and mobilise to further depths may relate 
to inherent resistance of pyrogenic C to decomposition. Although not fully understood, there is some 
evidence for the selective preservation of pyrogenic, aromatic C (Marschner et al., 2008). 
Polycarboxylic acids biomarker (“BPCA”) method would allow measuring a broader range of 
compound sizes (small and large) of pyrogenic C (Brodowski et al., 2005) as well as identify 
dissolved transport of pyrogenic material (Soucémarianadin et al., 2019). 
4.4.4. Conclusion 
The revelation of a large contribution of pyrogenic C to the Cooloola podzols presents a modified 
framework to the Skjemstad model originally vision of varying humic and fulvic acid affinities for 
stabilisation with SRO minerals. However, it does complement previous findings of high affinity and 
association of aromatic SOM with Al complexes in the B horizon. It also echoes recent observations 
of highly stabilised aromatic C moieties in deep horizons of podzols and other soils around the world 
(Kögel-Knabner et al., 2008; Kramer et al., 2012; Mikutta et al., 2006), particularly pyrogenic C in 
podzols (Soucémarianadin et al., 2019). The use of a soil chronosequence in our study with its B 
horizon depth gradient has provided novel insights into the process of SOM formation and 
stabilisation from surface to subsoils of substantial depths rarely measured before. First, it 
demonstrates the low contribution of direct-plant derived compounds to stabilised SOM in deep 
spodic subsoils in a sandy matrix. The lack of SRO minerals in the surface A horizon, where most 
plant inputs arrive, allows the soil microbial community unconstrained access to decompose the most 
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labile SOM components. This study confirms those components include lignin, polysaccharide and 
non-proteinaceous N-bearing compounds. It is important to note that the lack of mobility of lignin to 
the subsoil is probably unique to these sandy soils due to the lack of SRO soil minerals (and therefore 
oxidative activity) in the A horizon required for ligninase activity. Secondly, the majority of 
compounds stabilised by SRO minerals in the B horizons appear to be fire-derived aromatic 
compounds. This work extends growing evidence that long-term SOM stabilisation in podzol subsoils 
is driven by preferential binding of pyrogenic aromatic C to SRO minerals. 
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4.5. Supplementary material 
Supplementary Table 13: Topmost SOM compounds that contribute to greater than 5% SOM of 
their class. Average relative abundance of SOM compound class shown for all samples, A horizon 
samples only and B horizon samples only. Relationship between SOM compounds and selected soil 
properties (Pearson’s R-values shown where p <0.05).  
Compounds All A hor B hor Depth ∆14C Alpyro SRO Total CN HF CN 
Aromatic 26% 12% 31% 0.79* −0.68* 0.36* 0.41*  0.46* 
Benzonitrile 6% 1% 8% 0.53* −0.40*     
Naphthalene 6% 2% 7% 0.63* −0.60* 0.67* 0.68*  0.55* 
Fluorene 3% 2% 3% 0.36* −0.43* 0.86* 0.85*  0.48* 
Biphenyl 3% 1% 3% 0.64* −0.51* 0.48* 0.41*  0.41* 
Benzene 2% 0% 2%       
Benzene, 1-ethenyl-3-methyl- 1% 1% 1%  −0.4*     
          
Lignin 4% 13% 0% −0.36* 0.45*  −0.38*   
Acetovanillone 1% 2% 0% −0.35* 0.44*  −0.39*   
Ethylphenol 0% 1% 0% −0.47* 0.49*  −0.32*  −0.37* 
cis-Isoeugenol 0% 1% 0%  0.35*  −0.33*   
Vanillin 0% 1% 0% −0.34* 0.43*  −0.38*   
Guaiacol 0% 1% 0% −0.35* 0.45*  −0.38*   
Syringol 0% 1% 0%  0.37*  −0.35*   
          
Lipid 14% 14% 15%     0.48*  
Palmitic acid 4% 2% 4%     0.45*  
1-Hexadecene 3% 3% 3%   −0.36* −0.33* 0.39*  
7-Tetradecene 2% 2% 2%   −0.37* −0.32* 0.38*  
3-Decene 1% 1% 1%    −0.33*   
          
N-Bearing 2% 4% 2% −0.54* 0.68*  −0.35*  −0.40* 
5H-1-Pyrindine 0% 0% 1%     −0.33*  
Pyrazolo1 0% 1% 0% −0.45* 0.53*  −0.32*   
3-Pyridinol 0% 1% 0%   −0.35* −0.39*   
1H-Pyrrole, 3-methyl- 0% 0% 0% −0.33*    −0.36* −0.40* 
3-Phenylpyridine 0% 0% 0%   0.38*    
          
Phenol 17% 17% 17% −0.35* 0.43*    −0.53* 
Phenol 10% 8% 11%      −0.39* 
Phenol, 4-methyl- 6% 9% 6% −0.66* 0.62*    −0.57* 
          
Polysaccharide 8% 19% 5% −0.48* 0.57*  −0.33*   
Benzofuran, 2,3-dihydro- 2% 5% 1% −0.44* 0.53* −0.35* −0.46*   
Furfural 2% 4% 1%       
Furfural, 5-methyl- 1% 3% 1% −0.38* 0.41*     
Benzofuran, 2-methyl- 1% 1% 1%   0.44* 0.49*   
Levoglucosan 1% 1% 0%       
          
Protein 11% 7% 12%      −0.37* 
Styrene 5% 2% 6%       
Indole 2% 1% 2% −0.53* 0.42*   −0.33* −0.64* 
Benzyl nitrile 1% 1% 1% −0.34*    −0.35* −0.65* 
3-Methylindole 1% 1% 1% −0.66* 0.57*   −0.36* −0.62* 
          
Unknown Origin 16% 14% 17%    0.36*   
Toluene 6% 4% 6%  −0.35* 0.43* 0.58*  0.42* 
C9_H8 2% 1% 3%    0.46*   
C8_H16 1% 1% 1%       
2,3,6-Trimethylnaphthalene 1% 2% 1% −0.53* 0.54*   −0.34* −0.50* 
1H-Inden-1-one, 2,3-dihydro- 1% 1% 1% −0.61* 0.48*       −0.58* 
1 
Pyrazolo[5,1-c][1,2,4]benzotriazin-8-ol    
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Supplementary Table 14: Matrix of Pearson’s correlation coefficients between soil properties of B horizon samples. Significant R-values 
indicated by * (where p <0.05). 
  Depth δ13C ∆14C Total N Total C Total C:N HF N HF C HC C:N Alpyro Fepyro Alox Feox SRO Siox 
δ13C −0.16               
∆14C −0.91* −0.01              
Total N −0.16 0.45* 0.19             
Total C 0.51* 0.19 −0.42* 0.70*            
Total C:N 0.79* −0.32 −0.76* −0.28 0.44*           
HF N −0.16 0.47* 0.20 0.96* 0.70* −0.21          
HF C 0.61* 0.19 −0.51* 0.62* 0.97* 0.50* 0.64*         
HC C:N 0.91* −0.18 −0.86* −0.08 0.58* 0.91* −0.10 0.64*        
Alpyro 0.53* 0.12 −0.52* 0.45* 0.84* 0.55* 0.55* 0.91* 0.62*       
Fepyro 0.43* 0.11 −0.43* 0.28 0.53* 0.32 0.37 0.62* 0.41* 0.67*      
Alox 0.54* 0.20 −0.56* 0.29 0.70* 0.64* 0.42* 0.77* 0.64* 0.92* 0.54*     
Feox 0.38 0.09 −0.36 0.55* 0.73* 0.33 0.6* 0.74* 0.46* 0.66* 0.72* 0.60*    
SRO 0.54* 0.18 −0.56* 0.36 0.75* 0.63* 0.48* 0.82* 0.65* 0.93* 0.61* 0.99* 0.73*   
Siox 0.52* 0.14 −0.55* −0.07 0.34 0.64* 0.07 0.46* 0.57* 0.68* 0.43* 0.86* 0.30 0.80*  
Fecit 0.30 0.12 −0.35 0.22 0.38 0.22 0.31 0.45* 0.30 0.54* 0.96* 0.44* 0.71* 0.53* 0.36 
SRO = Alpyro + ½Feox  
HF = Heavy fraction 
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Supplementary Figure 30: SOM composition (pyrolysis GC-MS) of B1 and B3 samples from 
Profile #6 at Warrawonga dune system used for ∆14C analysis of thermally separated fractions by 
pyrolysis GC-MS. 
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Chapter Five: 
Addition of labile carbon to surface and deep subsoils of giant podzol results 
in negative priming effects 
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5.1. Introduction 
Recent studies indicate that deep SOM may be highly susceptible to destabilisation due to global 
warming, land use change, erosion and other processes (Chappell et al., 2016; Davidson and Janssens, 
2006; Fontaine et al., 2007). However, insufficient understanding of the processes involved in the 
long-term turnover of deep SOM limits our ability to predict whether subsoils may act as a C source 
or sink under predicted climate change models (Trumbore, 2009). Global warming may destabilise 
subsoil SOM cycling by increasing enzymatic reaction and therefore enhance SOM decomposition 
(Allison and Treseder, 2008), or increase fresh substrate supply by enhanced plant growth and 
belowground allocation, increasing microbial metabolic activity and SOM mineralisation (the so-
called priming effect”; Blagodatskaya and Kuzyakov, 2008; Hopkins et al., 2014; Walker et al., 
2016). Temperature-related changes to SOM mineralisation have been studied extensively 
(Reichstein et al., 2005; von Lützow and Kögel-Knabner, 2009), however the dynamics driving 
priming effects by fresh substrate supply, particularly in subsoils, remain poorly understood. 
Radiocarbon studies show that SOM is stabilized in subsoils over much longer timescales than in 
surface soil (Kramer et al., 2012; Schrumpf et al., 2013; Torn et al., 1997). The main mechanism 
proposed for slower turnover of subsoil SOM is that microbes have reduced accessibility to substrate 
under suboptimal conditions which include low temperatures, waterlogging, and nutrient limitation 
(Dungait et al., 2012). Deep SOM may be stabilised through protection associated with short-range 
ordered minerals such as Al3+ and Fe3+ cations and amorphous aluminosilicate compounds (Kramer 
et al., 2012; Masiello et al., 2004; Torn et al., 1997). However, compared to surface soil, the slow 
trickle of fresh organic matter either in particulate form or as dissolved organic matter into the subsoil 
may regulate microbial activity by restricting substrate supply and connectivity with microorganisms 
in subsoils (‘Regulatory Gate’, Kemmitt et al., 2008). In subsoil conditions, microorganisms are 
essentially starved of energy so that SOM turnover should be slow, with low acquisition of energy 
from substrates that cannot sustain microbial activity and growth (Fontaine and Barot, 2005). Indeed, 
low content and availability of organic matter in deep subsoil is accompanied with changes in 
microbial composition and function with a community specialized to sporadic substrate supply 
(Dungait et al., 2011). Subsoils have oligotrophic microbial communities with efficient strategies to 
capitalize on resources when available, which includes maintaining dormant spores and cysts and a 
“metabolically alert” state with persistently high adenosine triphosphate (ATP) levels to 
competitively and rapidly respond to fresh substrate supply (De Nobili et al., 2001; Joergensen et al., 
1990).  
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Subsoils receive fresh organic matter through disturbances such as enhanced belowground allocation 
by invading or introduced deep-rooted plants, large flushes of DOC from large rainfall events, erosion 
and mechanical disruption by land clearing or tillage. Fresh organic matter may act as an energy 
source, activating starved or dormant subsoil microbial communities and altering their function. 
Microorganisms may switch their substrate preference from SOM to labile substrates, leading to net 
reduced SOM turnover (“preferential substrate utilization”; Blagodatskaya et al., 2007). Fresh 
substrate may allow microorganisms to overcome biochemical energetic barriers of SOM and 
destabilise ancient SOM ("priming effect"; Fontaine et al. 2007; Fontaine and Barot, 2005), or to 
excrete extracellular enzymes to acquire further nutrients from the surrounding soil (“nutrient-mining 
theory”; Moorhead and Sinsabaugh, 2006). These responses can be facilitated by the excretion of 
enzymes that reflect the SOM decomposition potential of soil microorganisms, such as cellulose by 
b-glucosidase and cellobiohydrolase, and hemicellulose by b-xylosidase and nutrient mining potential 
for phosphorus, nitrogen and sulphur including phosphatase, peptidase and β-glucosaminidase, and 
sulfatase, respectively. 
It has been proposed that the absence of fresh substrate supply in deep subsoils is responsible for the 
preservation of deep SOM over long timescales (Fontaine and Barot, 2005). While most plant-derived 
compounds decompose rapidly in the soil (Dungait et al., 2012), purportedly “recalcitrant” 
compounds such as aromatic and double-bonded hydrocarbons, and tannins and polyphenols 
complexed with proteins, are believed to persist in the soil (Eusterhues et al., 2007; Spielvogel et al., 
2008). Although causality is not fully established, it is considered that their low energetic availability 
(O/C ratio) renders these compounds unattractive as a substrate in energy-limiting conditions. The 
supply of fresh labile substrates, including plant-derived compounds such as cellulose, glucose and 
organic acids, may satisfy energy requirements and thereby activate mineralisation of recalcitrant 
SOM (Bernal et al., 2016; Chen et al., 2014). Therefore, fresh substrate supply in deep subsoils may 
increase SOM turnover and destabilise ancient SOM (Fontaine et al., 2007; Perveen et al., 2018). 
Such effects would be much larger in subsoils compared to surface soils since microorganisms near 
the surface are more frequently able to access fresh substrates as an energy source. However, it is 
increasingly recognised that SOM turnover is also governed by factors of physical accessibility of 
SOM to microbial communities, perhaps more so than inherent recalcitrance (Dungait et al., 2012). 
Soil pore length, connectivity and physical protection of SOM by reactive soil minerals may reduce 
connectivity between substrate and microorganisms, and therefore reduce its rate of turnover (Chotte 
et al., 1998; Killham et al., 1993; Kuka et al., 2007; Xiang et al., 2008). This would be particularly 
relevant in subsoils with low SOM concentration and coarse-textured soils which restrict diffusion 
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and accessibility of SOM (Wordell-Dietrich et al., 2017). The relevance of fresh substrate supply for 
SOM turnover in deep subsoils remains to be established. 
Based on the divergent reports of biotic and abiotic controls over subsoil organic matter turnover, we 
designed this study to test the role of fresh substrate supply on SOM destabilization in deep and sandy 
soils where organic substrates can move more quickly into the deeper soils. The Cooloola sand dune 
chronosequence spans 500 to 500,000 years of podsolization, forming ‘giant podzols’ that have 
undergone heavy weathering over time (described in Chapter 3; Brewer and Thompson, 1980; 
Thompson, 1992, 1981). Soil organic matter turnover in the surface A horizon is rapid and similar 
along the chronosequence despite increasing “recalcitrance” of litter inputs (Jones et al., 2015). 
However, SOM turnover in the deep B horizons is slow and associated with but not directly correlated 
with concentration of reactive soil mineral content. Instead, radiocarbon-derived stability appears to 
be highly and positively correlated with depth and an increasing composition of aromatic material in 
SOM (Chapter 3). Thus, here, we explore the potential role of fresh substrate supply in regulating the 
SOM turnover via energetic barriers to decomposition in the deep, B horizons of Cooloola.  
Our lead-in research (Chapter 3) demonstrated that slow turnover of SOM in B horizons of Cooloola 
was most strongly explained by depth, high C:N ratios and high C aromaticity. We hypothesised that 
lack of fresh substrate supply was limiting microbial activity and metabolism of highly condensed 
aromatic structures in the SOM. We expected that addition of a labile carbon substrate, glucose, would 
relieve subsoil microorganisms of energy limitation and facilitate mineralisation of ancient SOM. 
And that, further, priming effects at the surface would either be lower or absent due to high 
availability of SOM and energy supply from direct plant inputs. We tested this hypothesis by 
monitoring the CO2 emissions, a suite of enzyme activities involved in N, P, S mineralization and the 
mineralisation of N after addition of 13C-labelled glucose to surface (A horizons) and subsoils (B 
horizons) at Cooloola. 13C labelling allowed tracing the relative source of respiration, that being SOM 
or glucose. We included soils from two stages of succession along the Cooloola chronosequence 
(Chalambar and Warrawonga, as mentioned in Chapter 3) which differ in N availability hence to 
capture any priming processes relating to soil N (i.e. N-mining; Table 15). Changes in SOM-derived 
CO2 emissions provided insights to the state of energy limitation (priming effect), while enzyme 
activities and mineralisation of N provided insights into microbial mineralisation functions. 
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Table 15: Average soil properties of the two sites and soil horizons (A and B) with standard error 
indicated in brackets. Significant difference between paired A and B horizons at each site was 
determined by t-test (p <0.05, n = 3). 
Dune age Young Young Old Old 
Horizon A B A B 
     
 Surface Subsoil Surface Subsoil 
Depth range1 0−0.2 m 1.0−2.4 m 0−0.3 m 2.8−3.9 m 
SOC (%) 0.99   (± 0.23) 0.44    (± 0.13) 1.11   (± 0.10) 0.41*  (± 0.06) 
TN (mg g
-1
) 0.37   (± 0.06) 0.16    (± 0.06) 0.31   (± 0.05) 0.09*  (± 0.03) 
C:N 26      (± 2) 27*     (± 2) 35      (± 2) 42*     (± 2) 
     
Soil ∆14C n.d. −107    (± 50) n.d. −236    (± 45) 
Soil δ13C n.d. −25.7   (± 0.7) n.d. −24.6   (± 0.2) 
     
NO3 (µg g
-1
) 0.11   (± 0.02) 0.12    (± 0.05) 0.05   (± 0.02) 0.14    (± 0.06) 
NH4 (µg g
-1
) 3.9     (± 0.3) 1.4*    (± 0.2) 2.5     (± 0.8) 1.7      (± 0.4) 
MBC (µg g
-1
) 55      (± 7) 15*     (± 2) 42      (± 4) 17*     (± 1) 
MBN (µg g
-1
) 9.9     (± 1.0) 2.2*    (± 0.2) 5.5     (± 0.6) 1.9*    (± 0.3) 
Glucose-C:MBC 1.0     (± 0.1) 3.4      (± 0.3)  1.5     (± 0.2) 3.1      (± 0.2 
     
* p <0.05 for t-test between paired A and B horizons 
1 Encompasses the full depth ranges covered by all three replicates per site horizon (A or B horizons). 
 
5.2. Methods 
5.2.1. Experimental design and sampling 
We sampled soils from two locations along the Cooloola sand dune chronosequence that were 
assessed in previous research (Chapter 3, Jones et al. 2015, Thompson 1981, Wardle et al. 2004). The 
ecosystems at these sites are dominated by tall Eucalyptus forests on “giant” podzols which have 
deep, white, leached sandy A-horizons spanning until spodic B horizons which reached lower depths 
of 4.5 m (Thompson and Hubble, 1980; Table 15). Fresh soils were sampled over a week in 
September, 2018, using a twist-action hand auger. We collected three replicate cores from two sites 
along the chronosequence, including a younger dune system (Burwilla; 10,000 years old) with 
relatively lower soil (1:25) C:N ratios and an older system (Warrawonga; 140,000 years old) with 
higher soil (1:35) C:N ratios (Table 15). The three cores from each site were taken 10 m apart from 
each other. Since B horizon depth was highly variable in the older dune system (upper depth ranging 
from 3 to 5 m), we divided profiles into horizon strata, A1, A2, B1, B2, and B3 consistent with 
Thompson (1992) rather than specific depth increments. Once bagged, samples were placed into a 
chiller with ice blocks to maintain cool temperatures until returning to the laboratory where samples 
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were placed in 4°C refrigerators. Samples were then sieved through 2 mm mesh and returned to 
refrigeration. Subsamples were oven-dried (105°C) for two days to determine current field moisture 
content before experimentation, another subsample was air-dried (40°C) for analysis of soil 
properties. Finely ground (<100 µm), air-dried soil samples were analysed for total C and N content 
(TruMac CN, LECO Corporation, St. Joseph, MO, USA). Bulk samples of the B horizon were 
analysed for ∆14C with accelerator mass spectrometer and δ13C value on an IRMS at the Australian 
National Science and Technology Organisation, Australia. Data are reported using the ∆14C 
nomenclature conventions (Stuiver and Polach 1977). 
5.2.2. Priming effect experiment 
For each sample, experimental units consisted of 5 ×30 g of refrigerated soils moistened to field 
capacity (10% for A horizons; 12% for B horizons) in 200 mL plastic jars with parafilm pierced with 
two small holes and elasticated around the sides sealing the top. The five units allowed five separate 
destructive samples to be taken (with the last destructive unit also used for collecting gas samples 
over the entire incubation). Soils were initially pre-incubated at 25°C for 7 days to stabilize soil 
microbial activity after moistening to field capacity (Jones et al., 2019). Sample moisture was 
maintained every day during pre-incubation and between experimental days 1 and 7, then every 2 to 
3 days thereafter. To begin the experiment, pre-incubated samples were treated with 3% 13C-labelled 
glucose (~1900‰ δ13C) at a rate of 52 µg C g-1 soil and then incubated at 25°C. We chose this low 
concentration of glucose for several reasons. First, all samples required non C-limiting conditions for 
priming effects, therefore the amount must equate to at least 1:1 MBC:glucose C in the A horizon of 
Site 1 (i.e. highest MBC; Table 15). Second, subsoil microorganisms are generally triggered out of 
dormancy or stasis (Dungait et al., 2011) into action by trace amounts of substrate (De Nobili et al., 
2001) which trickle down the soil profile, so it was important to apply low levels of labile C that 
reflect the intermittent flushes and microbial responses experienced in subsoils. Despite the 
suggestion by Blagodatskaya and Kuzyakov (2008) that MBC:glucose C ratios exceeding 1:2 induce 
no or negative priming effects, more direct and recent investigations of this relationship indicate that 
priming effects increase linearly with greater C addition in excess of 1:4 (Liu et al., 2017; Tian et al., 
2016), especially in subsoils (Karhu et al., 2016). For this reason, we chose the rate of 1:1 or more of 
glucose addition for inducing priming effects and testing if the subsoils studied here are limited by 
fresh substrate supply compared to fresh soils. 
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After glucose addition, one experimental unit was used for gas sampling by sealing it inside a 1.6 L 
volume Mason jar placed in a 25°C incubator for 24 h before sampling the chamber gas through a 
rubber septa fitted into the lid of the Mason jar. A syringe was used to flush the chamber several times 
to ensure homogenisation of chamber gas, and approximately 20 mL of gas was extracted and 
transferred to evacuated gas vials. An ambient gas sample was collected immediately before sealing 
the Mason jars to account for background CO2 concentration and isotopic signature. This gas 
sampling procedure was repeated for days 0−1, 2−3, 4−5, 6−7, 13−14, 20−21 and 41−42. Gas samples 
were analysed for CO2 concentration (ppm) and δ13C/12C isotopic abundance (δ13C) in a Thermo-
Fisher Scientific Flash 2000 HT coupled with an Elemental Analyser. CO2 gases were transferred to 
a Delta V advantage IRMS (Thermo-Fisher Scientific) for isotopic ratio determination. The δ13C 
isotopic value of the CO2 collected from soil chambers was corrected for background ambient CO2 
using an isotope mixing model (Dalal et al., 2013) as in Equation 1 below: 
 
δ13Ccorrected =
(δ13C(total) − (ppm(ambient) ÷ ppm(total)) × δ
13C(ambient))
1 − (ppm(ambient) ÷ ppm(total))
 
(1) 
Where, 
δ13C(corrected) = ambient corrected δ
13C value of CO2 emitted in soil chamber 
δ13C(total) = δ
13C of total CO2 
ppm(blank) = CO2 ppm concentration of ambient gas 
ppmtotal = CO2 ppm concentration of CO2 emitted in soil chamber 
The proportion (%) of SOM-derived CO2 was determined re-arranging mixing model as below: 
 
Soil derived CO2 (%) =
(δ13Csoil − δ
13Ccontrol)
(δ13Cglucose − δ13Ccontrol)
×  100 
(2) 
Where, 
δ13Csoil = ambient corrected δ
13C value of CO2 emitted from glucose treated soil 
δ13Ccontrol = ambient corrected δ
13C value of CO2 emitted from control soil 
δ13Cglucose = δ
13C value of glucose solution 
And (100 − soil derived CO2) = % glucose derived CO2  
The concentration of CO2 was converted to CO2 emission (µg C g
-1 soil day-1) by correcting to dry 
soil mass used, gas sampling period and ambient CO2 concentration. The priming effect was 
calculated as the difference between soil-derived CO2 emitted by treatments vs controls: 
Priming effect (%) = (
CO2(glucose) − CO2(control)
CO2(control)
) ×  100 
(3) 
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Where, 
CO2(glucose) = CO2 emissions from glucose treated soils 
CO2(control) = CO2 emissions from control soils 
 
To capture changes in soil microbial functions, destructive harvesting of samples for mineralised N, 
microbial biomass C and N and potential enzyme activity assays occurred at days 1, 7, 14, 21 and 42. 
Dissolved ammonium (NH4
+) and nitrate (NO3
-) concentrations of 2M KCl extracts from samples 
were filtered (Whatmann 0.45 µm membrane filter) and analysed via segmented flow analysis (1:5 
soil:solution ratio; Rayment and Lyons, 2011). Microbial biomass C and N were measured by 
comparing the dissolved organic carbon and nitrogen of ethanol-free chloroform-fumigated vs non-
fumigated samples extracted with 0.25 M K2SO4 solution (1:5 soil:solution ratio; Brookes et al., 
1985). These solutions were 0.45 µm filtered and analysed for total dissolved organic C (DOC) and 
N on an automated carbon analyser (Shimadzu 2010 with FID, Kyoto, Japan).  
Potential activity of soil enzymes was estimated by measuring the rate of release of fluorescent 
moieties (4-methylumbelliferone; “MUF”, and 7-amino-4-methylcoumarin; “MUC”) from substrates 
after incubation in buffered soil solutions, using the procedure outlined by Bell et al. (2013). Briefly, 
2.75 g of sample are blended in 90 mL of pH 5.0 acetate buffer before dispensing 4 x pseudo-
replicates of 0.8 mL of soil solution into individual wells of a 96 deep-well tray. Then, 0.2 mL of 200 
µM substrate solution was added to each well and incubated for 5 to 6 h at 25°C before being 
centrifuged and transferred into black 96-well trays and analysed on a fluorometric plate reader with 
excitation wavelength 365 nm and emission wavelength 450 nm. This procedure was performed for 
each enzyme substrate. In addition, a standard curve of MUF/MUC concentrations in each individual 
soil solutions allowed conversion of fluorescence nm to µmol/L of MUF/MUC and correction for 
quenching of MUF/MUC compounds by soil matrix. Enzyme data were corrected for background 
fluorescence of substrates, duration of incubation with substrate and dry soil mass. 
5.2.3. Statistical analysis 
All statistical analyses were performed on R Studio. Significant difference of cumulative CO2 
between soil treated with and without glucose were determined with a paired t-test. A mixed effect 
analysis of variance (ANOVA) was developed using the Linear Mixed Effects Model (“lmerTest” 
and “lme4”) used to test the significance of the effects of glucose treatment, horizon, site, day, SOC, 
and their interaction, on each enzyme separately. The model consisted of fixed effect of SOC, 
treatment, horizon, site and day, an interaction of treatment × horizon × site × day and a random effect 
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of individual sample replicates using the “Nelder Mead” optimiser (i.e. enzyme ~ SOC + treatment × 
horizon × day × site + [1|replicate]). For ease of interpretation, only interactive effects involving 
glucose treatment are reported; the full ANOVA summary of interactive effects are provided in 
Supplementary Information. Statistical significance was determined at p <0.05, however due to high 
variability in enzyme activity between replicates, p <0.1 are also reported. Since we did not assume 
temporal linearity of enzyme responses, time was modelled as a factor. We found no significant 
interaction of treatment × time on enzyme activity, hence daily averages of glucose-induced relative 
(%) changes in enzyme activity (across days 1, 7, 14, 21 and 42) were combined into box plots with 
minimum, first quartile, median, third quartile, and maximum. This plot effectively ignores temporal 
variation in order to elucidate other (significant) effects: site and horizon. 
5.3. Results 
5.3.1. Total CO2 emissions 
The rates of CO2 emissions in untreated A horizons were, on average, higher than B horizons by 
540% and 580% in site 1 and site 2, respectively (Figure 31a, c). By day 42, cumulative CO2 
emissions were higher in A than B horizons by 640% and 420% in site 1 and site 2 respectively 
(Figure 31b, d). On average, glucose addition increased rate of CO2 emissions on day 1 by 300% in 
the A horizon of both sites, and by 700% in the B horizon of site 1 and 900% in the B horizon of site 
2 (Figure 31a, c). However, by day 42, the rate of glucose-treated CO2 emissions declined below that 
of control soils; 3% reduction in A horizon and 34% in B horizon of site 1, and reduction of 36% in 
A horizon and 42% in B horizon of site 2. By day 42, glucose treatment had resulted in a net increase 
in cumulative CO2 emissions; 3% in the A horizon and 21% in the B horizon at site 1, and 11% in the 
B horizon of site 2 (Figure 31b, d). In contrast, glucose addition decreased cumulative CO2 emissions 
by day 42 in the A horizon at site 2 by 18%.  
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Figure 31: Rate of total CO2 emissions and cumulative total CO2 emitted with (open symbols) and 
without glucose addition (closed symbols) over 42 days of incubation. A horizon (circle symbols) 
and B horizon (triangle symbols) from site 1 (a, b) and site 2 (c, d). Means given ± S.E. (n = 3). 
5.3.2. Glucose emissions 
δ13C values of A and B horizon CO2 emissions without added glucose was approximately −30 ‰. 
Meanwhile the δ13C values of glucose-treated A horizons on day 1 were approximately 1900 ‰ 
(virtually identical 13C value of the glucose) but, like the rate of CO2
 emission, rapidly declined to 
300−400 ‰ by day 3 (Figure 32c). The δ13C value of CO2 emitted by glucose-treated B horizons 
remained high (1200−1700 ‰) throughout days 1 to 7 and only declined to 400−500 ‰ at day 14, 
much like the 4-fold drop in rate of CO2 emissions. The rate of glucose-derived CO2 emissions was 
highest on day 1 for all soils (Figure 32a). And much in line with δ13C value of total CO2 emissions, 
this was followed by a sudden decline in the glucose respiration rate in the A horizons after day 1, 
while glucose respiration was more gradual in subsoils (Supplementary Figure 38). Twenty-four 
hours after glucose addition, extractable DOC concentrations in the A horizons were relatively 
unchanged, similarly reflecting the notion that added glucose had been rapidly respired or made 
unavailable (Figure 32d). In contrast DOC concentrations in the glucose-treated B horizons remained 
high relative to control DOC and only gradually declined throughout the incubation period, indicating 
of a slower uptake or respiration rate of glucose. By day 14, the rate of glucose-derived CO2 emissions 
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had stabilised in all soils (Figure 32a, d). By day 42, similar cumulative glucose-derived CO2 
emissions had occurred in all soils with 43−57% of the added glucose respired (Figure 32b).  
 
Figure 32: Dynamic of glucose substrate in amended soils: rate and cumulative glucose-derived 
CO2 emissions (a, b), and isotopic δ13C values (‰) of total CO2 (c) and total DOC concentrations 
from soils (d). A horizon (circle symbols) and B horizon (triangle symbols) of site 1 (closed 
symbols) and site 2 (open circles). Means given ± S.E. (n = 3). 
5.3.3. Priming effects 
In soils treated with glucose, the rate of SOM-derived CO2 emissions remained 3- to 9-fold higher in 
A horizons compared to B horizons (Figure 34c), which was also reflected in higher cumulative 
SOM-derived CO2 emissions throughout the whole incubation (Figure 34d). The rate of SOM-derived 
CO2 peaked at day 1 for A horizons but day 3 or 5 for B horizons (Figure 34c). The primed CO2 (net 
SOM-CO2 emitted in the presence of added glucose) was rather varied between replicates so the 
relative (%) priming effect of replicate means is presented in (Figure 33) and individual replicates 
presented in Supplementary Figure 39 to better show temporal dynamics. Generally, on day 1, 
positive priming occurred in the A horizons of both sites but declined into negative priming thereafter 
(Figure 33a, b). Most samples from the B horizon of the younger site remained in negative priming 
mode throughout the experiment, while B horizons from site 2 commenced with negative priming on 
day 1 and transitioned into positive priming within 3 to 5 days. The peak in positive priming occurred 
on different days for each individual sample, hence the mean value of these could not effectively 
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demonstrate their temporal variation. By day 7, all B horizon samples were under negative priming 
and remained in this mode for the rest of the incubation (albeit two outliers which were positive 
priming on day 42; Supplementary Figure 39). Amongst all samples, the largest, positive rate of 
priming effects were observed in the B horizons of site 2. 
 
Figure 33: Relative (%) priming effects by glucose addition to A horizons (closed symbol) and B 
horizons (open symbol) in young (a) and old (b) dune systems over 42-day incubation. Means 
shown with ± S.E. (n = 3). 
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Figure 34: Dynamic of SOM-derived CO2 emissions after glucose addition: rate of SOM-derived 
CO2 (a, b), cumulative SOM-derived CO2 (b), rate of primed SOM-derived CO2 (c) and cumulative 
primed SOM-derived CO2 emissions (d). A horizon (circle symbols) and B horizon (triangle 
symbols) of site 1 (closed symbols) and site 2 (open circles). Means given ± S.E. (n = 3). 
 
5.3.4. Mineralised nitrate and ammonium  
There was no significant effect of SOC content or horizon (the latter when SOC considered as a fixed 
effect) on the concentration of mineralised NO3 and NH4 (Table 16). Meanwhile, glucose treatment 
substantially reduced mineralised NO3 and NH4 concentrations throughout the experiment. This 
effect was clear for all samples throughout the experiment, and had a greater relative effect on B 
horizons (average reduction of 65 to 80%) than A horizons (average reduction of 14 to 16%; Table 
16). There was a significant effect of treatment × day for NH4 concentrations, attributed to greater 
glucose-induced reduction of NH4 concentration over incubation time (Figure 35b). However, the 
relative reduction in NH4 concentration then remained stable in all samples between days 14 and 42. 
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Table 16: ANOVA summary of mixed effects model with significant effects of predictors SOC, 
horizon, day, site and treatment (glucose addition) on change in enzyme activity, microbial biomass 
and mineralised ammonium and nitrate. 
Effect AG BG CB NAG XYL SULF LAP PHOS MBC MBN NO3 NH4 
SOC ** * *** * **    *** ***   
Horizon . . *    . * *** ***   
Day *** * *** *** *** *** ** *** *** *** *** *** 
Dune age   *  * ** .  *** ***   
Treatment   . **       . ***     ** *** 
Treatment:Horizon .  *     *** *  . *** 
Treatment:Day         *** ***  ** 
Treatment:Site  *       *    
Treatment:Horizon:Day *  .          
Treatment:Horizon:Site  . .         . 
Treatment:Day:Site                         
.  p <0.1 
 * p <0.05 
 ** p <0.01 
 *** p <0.001 
AG = α-glucosidase; BG = β-glucosidase; CB = Cellobiohydrolase; XYL = β-Xylosidase; NAG = N-acetyl β- 
glucosaminidase LAP = L-leucine aminopeptidase; SULF = Sulfatase; PHOS = Acid phosphatase 
 
Figure 35: Average change in mineralised N forms nitrate (µg NO3 g
-1 soil) and ammonium (µg 
NH4 g
-1 soil) due to glucose addition on days 1 to 42 of incubation. Means given ± S.E. (n = 3). 
Readers are referred to Table 16 for statistical analysis. 
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5.3.5. Enzyme activity 
Potential soil enzyme activities relating to C (α-glucosidase, β-glucosidase, cellobiose hydrolase, 
xylanase and β-glucosaminidase) were significantly affected by SOC content, but this relationship 
was not present for L-leucine peptidase, sulfatase and phosphatase (Table 16). With SOC considered 
as a fixed effect, cellobiose and phosphatase activities were significantly higher in the A than B 
horizons (i.e. higher activity per g SOC), and this was also the case for α-glucosidase, β-glucosidase 
and L-leucine peptidase at p <0.1 significance (Table 16). Due to time being considered as a non-
linear category, its significant effect on general enzyme activity indicates that at least one day differed 
from the rest. However, in this study we were not interested in further exploring the temporal variation 
of enzyme activity of soils without glucose treatment. 
The addition of glucose had differing effects on potential soil enzyme activities (Table 16; Figure 
36). In general (across all samples and days), glucose treatment significantly decreased the activity 
of cellobiose hydrolase by 11% (Figure 36c), but significantly increased the activity of acid 
phosphatase by 23% (Figure 36h) and near-significant i.e. (p <0.1) increase of β-glucosidase (32%) 
and L-leucine peptidase (22%; Table 16). There were, however, different responses between 
horizons. For cellobiose, there was an average reduction of 9% in A horizons, and 13% reduction in 
B horizons, and for acid phosphatase an increase of 3% in A horizons and 43% in B horizons. The 
effect of glucose treatment on β-glucosidase activity was better explained (p <0.05) when considering 
the interaction of treatment × site, indicating β-glucosidase only increased at Site 2 (by 60%; Figure 
36b); and the interaction of site × treatment × horizon suggests increasingly so in Site 2 B horizon 
(by 107%; albeit p <0.1; Table 16). The interaction of day × treatment did not have a significant 
effect, meaning the effect of glucose on enzyme activity did not differ significantly between days 
(Table 16). There was a clear and significant increase in microbial biomass C in A horizon of Site 1 
(Table 16; Figure 37). However, values of microbial biomass C and N were highly variable, most 
likely due to their low numbers and the analytical constraints via chloroform fumigation method 
(Figure 37). For this reason, we could not make meaningful inferences about changes in microbial 
biomass. 
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Figure 36: Distribution of change (nmol g-1 SOC h-1) in potential soil enzyme activity (nmol g-1 
SOC h-1) due to glucose addition across the entire incubation. Box plots include the median and 
10th, 25th, 75th and 90th percent quartiles of day averages ± S.E. (n = 5 i.e. each sampling). Readers 
are referred to Table 16 for statistical analysis of results. 
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Figure 37: Distribution of relative (%) changes in microbial biomass C (a) and N (b) due to glucose 
addition across the entire incubation. Box plots include the median and 10th, 25th, 75th and 90th 
percent quartiles of day averages ± S.E. (n = 5 i.e. each sampling). Readers are referred to Table 16 
for statistical analysis of results. 
5.4. Discussion 
In this study, we tested the role of energy limitation on biologically-mediated SOM stabilization in 
the deep subsoils of the Cooloola giant podzols. It was expected that after exhaustion of glucose, 
microorganisms would be able to overcome previous energy barriers to mineralise less labile SOM 
for further energy and nutrient supply (Fontaine et al., 2007). Despite glucose increased β-
glucosaminidase, acid phosphatase and, in some cases, amino acid peptidase in the B horizons, it was 
unclear the extent of how much microorganisms were “primed” for enhanced SOM mineralisation. 
The supplementation of energy by glucose addition caused an initial, but brief, increase in SOM-
derived CO2 (“positive priming”) in some samples during the initial 5 days of the experiment. These 
peaks were generally higher in B horizons than A horizons. But after 5 days, all samples treated with 
glucose were emitting less SOM-derived CO2 relative to soils without glucose (“negative priming”). 
The initial period of positive priming observed in all soils (day 1 in A horizons, days 3 to 5 in B 
horizons) may reflect either “real” or “apparent” priming effects. We cannot be sure whether SOM-
derived CO2 is derived from direct decomposition of SOM (“real” priming; Blagodatskaya and 
Kuzyakov, 2008), or is the enhanced metabolism of existing microorganisms and endocellular 
respiration in response to glucose addition (“apparent” priming; Dalenberg and Jager, 1989; De 
Nobili et al., 2001). Triggering effects by lower-molecular-weight compounds such as glucose are 
known to activate microorganisms which are in a dormant or stasis mode between feeding events 
(such as intermittent flushes of DOC and plant detritus; Dungait et al., 2011). These microorganisms 
proceed to first metabolise cellular C reserves and microbial biomass turnover, leading to an apparent 
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priming effect. The positive priming effect was rapid in A horizons (within 24 hours) while the build-
up to positive priming took 3 to 5 days in B horizons until positive priming was reached. Either this 
represents the time taken for subsoil microorganisms to come out of dormancy or, more likely, the 
time taken for SOM-mineralising microorganisms (k-strategists; Dungait et al., 2011) to proliferate 
in response to labile C availability.  
In this respect, it is highly probable that real priming occurred in at least the B horizons. Glucose-
derived CO2 in the B horizons was highest in day 1 and declined thereafter. Therefore, it was not 
correlated with the peak in SOM-derived CO2 which occurred after 3 to 5 days. In A horizons, 
however, both the SOM-derived and glucose-derived CO2 peaked at day 1 and quickly declined 
afterwards. This correlation suggests apparent priming probably occurred in the surface. This could 
lend some support to our hypothesis, based on physiological differences between microorganisms of 
the surface and subsoils. It suggests that surface microorganisms were less primed to mineralise SOM 
due to abundance of fresh substrates, while glucose addition to subsoil microorganisms induced larger 
peaks of positive priming. Unfortunately, enzyme activity and microbial biomass were measured well 
outside the days that positive priming was observed by B horizons, so we cannot speculate 
substantially on the physiological responses during positive priming. Nonetheless, increases in acid 
phosphatase were marked in both the B horizons and increases in b-glucosidase occurred in the B 
horizons of the older dune system which demonstrated the highest peak in priming effect rate on days 
4 to 5. Meanwhile relatively small or no changes occurred in the A horizons of both sites. Considering 
Cooloola is a highly P-limited environment (<100 ppm total P concentrations in A and B horizons 
across the whole chronosequence; Thompson, 1981; Walker et al., 1981), P-mining is plausible 
explanation for the priming effects observed in deeper horizons and requires further investigation. 
Physiological differences aside, the relative differences in priming could also be attributed to the 
amount of glucose C added relative to microbial biomass. The relative amount of glucose added to A 
horizon was much lower than that of B horizons (approximately 1:1 in A horizon compared to 
approximately 3:1 in B horizons). So, unlike B horizons, little microbial growth was required in A 
horizon to mineralise most of the available glucose C within the first 24 hours leading to less glucose-
induced priming. Future studies of surface vs subsoil communities therefore must include multiple 
substrate concentrations to account for large differences in microbial biomass. 
Despite the brief positive priming in some soils, glucose addition lead to net negative priming effects 
in both A and B horizons for most of the incubation. Since this response occurred in both horizons, 
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we suppose it could be less related to nuances between surface and subsoil and more of other soil 
properties which are approximately uniform down the profile, such as soil C:N ratio and clay content. 
The nitrogen availability of the Cooloola sand dune ecosystem is generally low when considering the 
C:N ratios are all >25. In response to C addition, N-limited microbial communities are more likely to 
restrict the release of excess ammonium (during ammonification) since there is an excess of C and 
more intense shortage of N (Wild et al., 2017). Indeed, mineralised ammonium was reduced by 
approximately 50% in response to glucose in the Cooloola soils, thus inducing NH4-N 
immobilisation. However, this same stoichiometric theory predicts that SOM decomposition will 
increase due to excess C, but this was not observed in for most of our experiment (Mooshammer et 
al., 2014). Instead, there are an increasing number of studies recently suggesting soil physical 
architecture may mediate the direction of priming effects (Huo et al., 2017; Zhang et al., 2013). That 
is, lower or even negative priming effects are associated with high-sand, low-clay soils, such as the 
soil in our current study. For example, Wordell-Dietrich et al., (2017) observed negative priming 
effects after glucose addition to sandy surface and subsoils (4 and 2% clay). Similarly, Hoyle et al., 
(2008) observed negative priming effects of cellulose addition to sand and two sandy loams (3 and 
12% clay respectively). Bernal et al. (2016) observed negative priming effects to glucose in the 
subsoils of very low-clay podzol, but unlike our current study, positive priming effects by glucose in 
the A horizons.  
Negative priming effects in sandy soils may be attributed to a combination of factors that separate 
microorganisms from substrates (Wordell-Dietrich et al. 2017). Coarse-textured soils have large pore 
sizes which may present a physical restriction of microbial and faunal movement when not 
sufficiently saturated with water (i.e. water-filled pores; Killham et al., 1993). Therefore, lack of 
diffusion in sands may limit physical connectivity between microorganisms and substrate, and reduce 
SOM decomposition (Killham et al., 1993; Kuka et al., 2007; Xiang et al., 2008). For example, this 
may affect the potential for extracellular enzymes to reach substrates (co-metabolism) and for the 
return of metabolite products to microorganisms. The sparse distribution of C-rich microsite and 
microsites with microorganisms sand grain particles represents great distances for microorganisms to 
randomly “walk” in search of substrates (Van Haastert and Bosgraaf, 2009), thus reducing the 
reducing the probability of microbe-substrate interactions (Sokol et al., 2019) and opportunities to 
mine SOM. Physical separation and reduced mobility of microorganisms may also be enhanced by 
sparse distribution of SOM in low C content soils (Ekschmitt et al., 2005; Kemmitt et al., 2008). This 
is increasingly important when considering large spatial heterogeneity of enzyme activities in subsoils 
due to microbial hotspots of nutrient and SOM turnover in subsoil drilospheres and rhizospheres 
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(earthworm and plant root localisation, respectively; Heitkötter and Marschner, 2018; Hoang et al., 
2017; Uksa et al., 2015). The coarse-sand grain matrix of the Cooloola podzols, with its low (<1%) 
SOC content, microbial biomass, epitomises all of these features, hinting at the nature of its SOM 
cycling more broadly. It is possible that the initial period of positive priming observed in this study 
represents the small pool of SOM physically accessible for microorganisms, which was localised on 
sand grain surfaces. If given a longer period (>42 days) to colonise further spaces of the soil matrix, 
perhaps positive priming effects would eventually occur again in the long-term. 
Further, the connectivity between microorganisms and soil fauna may have influenced the degree to 
which glucose amendment impacted the soil microbial composition. Although Blagodatskaya and 
Kuzyakov (2008) suggest that trace amounts of glucose addition such as <50 µg C g-1 would cause 
negligible to no changes to the community composition, the relatively “open” architecture of sandy 
soils may allow greater fluctuations of soil microbial community composition. This has been 
observed in sandy soils which have large pore spaces and few microsites available to protect 
microorganisms from predation by protozoa and nematodes in sandy soils (Frey et al., 2001; Heynen 
et al., 1988; Van Veen and Kuikman, 1990). The absence of protected habitats in sandy soils would 
allow rapid trophic interactions, leading to reductions in microbial biomass as rapidly as they increase 
in response to glucose addition. This highly fluctuating environment could be disastrous for efficient, 
slow-growing microorganisms that decompose low-available SOM (k-strategists; Fontaine et al., 
2003) but ideal for rapid responding microorganisms that can rapidly take advantage of available 
substrate (r-strategists) before being predated. Some proportion of negative priming in sandy soils 
could therefore be attributed to the proliferation of r-strategists in response to labile substrate at the 
expense of the abundance of k-strategists, leading to reduced SOM decomposition (i.e. negative 
priming). 
Despite given excess labile C as a substrate, the physical disconnection between soil communities 
and SOM in these sands would have contributed to microorganisms not able to capitalise greatly on 
their newfound metabolism to destabilize more SOM. In other words, if microorganisms were energy 
limited, as suggested by Fontaine et al. (2007), the relief of energy limitation in our system did not 
provide substantial means to enhance SOM turnover for further energy or nutrient supply. Instead, it 
appears that slow SOM turnover in the deep sandy subsoils of Cooloola are mediated by a 
combination of factors relating to SOM accessibility. The first being that reactive soil minerals in the 
B horizon provide a surface for aromatic dissolved organic matter to physically bind to and stabilise 
for millennia (Chapter 3). And second, the physical distance and disconnection between 
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microorganisms and substrate within the sandy soil architecture presents a barrier for microbial 
decomposition of SOM which changes the dynamic of substrate-induced priming effects. In subsoils, 
this is likely enhanced by lower SOM content down the profile, hence explaining higher turnover 
times with depth. 
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5.5. Supplementary Material 
 
Supplementary Figure 38: Mean relative contribution of glucose (black) and SOM (grey) to CO2 
emissions as seen by rate of CO2 emitted per day. 
 
  
126 
 
 
Supplementary Figure 39: Relative priming effect (%) of individual soil sample replicates (“reps”) 
used throughout the incubation. 
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6. Final discussion 
Improved forecasting and manipulation of SOM requires understanding of the age, vulnerability and 
history of loss and accumulation of SOM, and the timescales on which SOM processes occur. This 
includes the biotic and abiotic processes involved with SOM turnover, and their temporal and spatial 
scales. The overarching objective of this thesis was to build understanding of processes and 
mechanisms around SOM turnover stabilisation in subtropical soils. This objective was achieved by 
comparing archived and recently collected soil samples from established soil series pertaining decadal 
and millennial timescales of SOM evolution. Space-for-time series data, i.e. chronosequence, allow 
observations across timescales otherwise not feasible within a research project or even research 
career. Chronosequences are essential to build predictive modelling capabilities to resolve uncertainty 
around how SOM accumulates over time, particularly timescales of centuries to millennia. The soil 
chronosequences chosen for the research represent a millennial scale of natural soil formation 
(Cooloola series) and a decadal scale of agricultural disturbance (Dalal series). Research on each 
chronosequence was tailored to address specific knowledge gaps of that system. Specifically, the 
research presented here has advanced understanding of the relationship between soil texture and 
microbial controls over SOM stability. Despite the disparity in temporal scales (decadal vs millennial) 
between the Dalal and Cooloola series, a commonality which arose amongst the studies was the 
significant role of the soil physical matrix on SOM turnover during the period of change. Furthermore, 
the Cooloola series provided novel insights to changes in SOM composition and stability across space 
(surface to subsoils) and time (up to 460,000 years) which may inform SOM model forecasting long-
term changes based on SOM chemistry, surface soil and subsoil dynamics. 
6.1.1. Soil structure and aggregation 
The effects of soil aggregation, clays and reactive minerals, including Al and Fe, on SOM stabilisation 
are well known and documented processes in soil (Kaiser and Guggenberger, 2000; Mikutta and 
Kaiser, 2011; Johan; Six et al., 2000; Six et al., 2002). The presented research sought to investigate 
these aspects within novel questions and environments relating to SOM stability. Contrasting soil 
mineralogy and clay content provided a framework to test the protective capacity of Podzols, Alfisols 
and Vertisols (sand, coarse-textured loam and heavy-clay, respectively). The high clay content 
(~50%) and microsite potential in Vertisols appeared to protect niche microbial communities and 
functions relating to N throughout long desiccation periods (Chotte et al., 1998; Gupta and Roper, 
2010; Vos et al., 2013). That is in contrast to Alfisols, with lower clay content (~25%), where N 
mineralisation and/or availability was significantly affected by long storage periods. Lastly podzols 
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(<2% clay), which were subject to different lines of investigation, were not expected to present 
matrix-based protection of SOM in any way, given the sand matrix would not contain comprise of 
abundant microaggregates or microsites (Jones et al., 2015). However, the results of this experiment 
suggested that the coarse-grain matrix coupled with low SOC content (<1.0%) presented an additional 
physical barrier to SOM turnover which is not observed in clay-dominant soils; that being a lack of 
connectivity between substrate and microorganism caused by large soil pore sizes between and within 
sand grains (Wordell-Dietrich et al. 2017). Coarse-textured soils have large pore sizes which may 
present a physical restriction of microbial and enzyme movement (Killham et al., 1993). Therefore, 
lack of diffusion in sands may limit physical connectivity between microorganisms and substrate, and 
reduce SOM decomposition (Killham et al., 1993; Kuka et al., 2007; Xiang et al., 2008) This implies 
a non-linear relationship between SOM stability and clay content (Figure 40). 
 
Figure 40: Conventional (green) and proposed views (purple) on the relationship between SOM 
stability and clay content. The established linear relationship between these properties is 
represented in the conventional view. The proposed view incorporates the notion that where clay 
content is very low (perhaps <10%), the sandy matrix imposes physical limitations on SOM 
turnover by restricting diffusion flow and connectivity between substrate and microorganisms, 
including extracellular enzymes, hence increases SOM stability. 
The relevance of this dynamic extends beyond implications for the priming effect as conventional 
SOM models ascribe linear relations between soil texture and SOM stability. The linear relationship 
between SOM stability and clay content has been described in many contexts; high SOC content (Six 
et al., 2002), slow 14C-derived turnover (Torn et al., 1997), slower rate of SOM loss after land use 
conversion (Dalal and Mayer, 1986a; Poeplau et al., 2011). However, the research presented in 
Chapter 5 suggests that soils with very high sand content (perhaps >90%) exhibit a diffuse matrix 
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limitation on SOM turnover involving a non-linear relationship between SOM turnover and clay 
content (Figure 40).  
Investigating the priming effect in sandy soils in previous (Bernal et al., 2016; Hoyle et al., 2008; 
Wordell-Dietrich et al., 2017) and the current study has been an unintended yet effective way of 
demonstrating this notion, as it demonstrates there are no energy limitation on SOM turnover (when 
supplied with easily available substrate), yet physical connectivity in soils lacking clay (i.e. diffusion) 
prevent major disturbance of the addition of fresh substrate supply. However, none of these studies 
intended to evaluate SOM stabilisation in this context. Therefore, a series of incubation studies should 
be designed involving various combinations of sand, silt and clay, including a range in clay 
mineralogy. The resulting variations in soil structural ranges, including a range of microaggregate 
and microsite abundances and soil pore sizes, will allow interrogation of the proposed notion, 
including determining a threshold where diffusion of substrates is inhibited.  
6.1.2. Subsoil SOM 
Recent efforts have been focused on characterising deep subsoil SOM since it represents a major 
conceptual key to improve understanding of SOM stabilisation and efforts to mediate greenhouse gas 
emissions (Harrison et al., 2011; Kaiser and Kalbitz, 2012; Rumpel and Kögel-Knabner, 2011). 
Firstly, it represents a substantial C stock in the terrestrial C pool, so any fluctuations (positive or 
negative) in magnitude may significantly impact atmospheric greenhouse gas concentrations. And 
secondly, it comprises of old SOM reaching up to millennial C ages (Torn et al., 1997), so there is 
great potential to improve understanding of the processes and mechanisms involved with long-term 
SOM stabilisation. These efforts include understanding of the source and composition of SOM 
stabilised at depth vs surface soils. Kaiser and Kalbitz (2012) proposed a “cascade” model which 
attempts to explain the separation of plant-derived SOM with high affinity to bind to reactive soil 
minerals to accumulate in the surface from microbial-based SOM with lower affinity and higher 
solubility accumulating in deeper subsoils. This largely echoes the findings of Sanderman and 
Amundson (2008) and is supported by subsequent, direct investigations of the cascade model 
(Leinemann et al., 2018). The research in the current thesis sought to assess this model using the 
podzolization framework of the Cooloola chronosequence. When considering 14C and SOM 
composition down the soil profile, some aspects of the cascade model were represented well in the 
Cooloola sand dune profiles (Figure 41); including the decrease in plant-derived compounds and 
longer 14C-derived turnover times. The increase in microbial-derived SOM (represented as amino 
130 
 
acids and lipid compounds) with depth was observed at Cooloola, however this only extended to 
approximately 1 m depth and then declined thereafter. It was proposed much of this was probably 
accumulation of necromass (Ma et al., 2018; H. Wang et al., 2015b; Ye et al., 2019), associated with 
direct plant inputs which reach to approximately 1 m depth (considering the lower depth of the A1 
horizon in podzols across the Cooloola).  
 
Figure 41: Proposed “cascade” of SOM chemistry down soil profile (Kaiser and Kalbitz 2012) 
compared to the SOM chemistry determined in the Cooloola soil profiles (Chapter 4). 
Microbial products are considered an important aspect of SOM stabilisation in subsoils (Ahrens et 
al., 2015; Kaiser and Kalbitz, 2012). Yet, long-term stability of SOM appeared to be largely attributed 
to SRO mineral content. This was represented by imogolite in Podzols and iron oxides in Alfisols. 
Ligand exchange sites of SRO minerals provide strong stabilising effects on SOM (Kaiser and 
Guggenberger, 2000; Kleber et al., 2005). This was particularly the case for pyrogenic (i.e. fire-
derived) SOM which translocated down to massive depths of the podzol profiles via leaching (15 m). 
This is consistent with many previous studies that have similarly demonstrated the accumulation of 
pyrogenic C at depth in podzols (Soucémarianadin et al., 2019, 2014), and also in other soils (Cao et 
al., 2006; Hobley, 2019; Velasco-Molina et al., 2016).  
The persistence of a stable, aromatic pool of SOM is certainly represented in current models of 
vertical depth distribution of SOM, with concepts like humic and inert pool. However, most models 
lack a mechanistic description of processes that lead to long term stabilisation of this pool. Ahrens et 
al. (2015) modelled biotic and abiotic processes of microbial recycling, depolymerisation, DOC 
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movement and adsorption of soil minerals in surface and subsoils of a 0.8 m podzol profile, finding 
∆14C trends down the profile are largely explained by microbial recycling, consistent with the 
proposed notion by Kaiser and Kalbitz (2012). Yet at Cooloola, investigations to depths of 15 m 
clearly show ∆14C trends are largely explained by the accumulation and stabilisation of aromatic, fire-
derived SOM with reactive soil minerals (Al and Fe). Albeit, the relative abundance of microbial-
derived compounds (amino acids and proteins) similarly increased down to 1 m at Cooloola, but 
declined thereafter. Therefore, it could be suggested that microbial-derived compounds may be 
responsible for SOM stability in approximately the top 1 m of soil profiles, especially where plant-
derived material is prevalent. Whereas, in ecosystems prone to frequent fire and heavy leaching, 
mineral-associated aromatics may be more important to millennial-scale SOM stability in deeper 
subsoils, which are rarely captured in studies of SOM. 
Another consideration is the distinct behaviour of phenols and lignins down the soil profile; in the 
cascade model proposed by Kaiser and Kalbitz (2012), phenols are presumably aggregated with 
lignins to represent plant-derived compounds which decrease down the profile. At Cooloola, lignins 
decrease with depth but the relative abundance of lignin derivatives, phenols, remain similar down 
the soil profile. It appears that lignin structures are quickly broken down in the surface of the sandy 
matrix, while phenols remain stable throughout the whole profile. This presents an interesting 
conundrum because assays of phenol oxidase (data not shown) on these soils were unsuccessful in 
measuring colorimetric differences between soil slurry with ABTS substrate and blanks with ABTS 
substrate (i.e. no measurable phenol oxidase activity, which relates to lignin breakdown; Floch et al. 
2007). Reactive soil minerals may act as oxidative catalyses, contributing to enzymatic reactions 
(Sinsabaugh, 2010). Thus, their absence in the sandy soils of Cooloola may contribute to low potential 
phenol oxidase activity. And while phenols remain abundant and appear unchanged throughout the 
entire soil profile, lignin structures, curiously, are virtually absent from SOM below 0.2 m depth, 
indicating they do not persist beyond the surface. One may infer that lignins must therefore be 
oxidised rapidly below this depth, despite lack of phenol oxidase activity. Alternatively, lignin 
structures are relatively hydrophobic, thus leaching of this compound down the profile may be minor, 
while more soluble phenol derivatives leach down the whole profile.  
The lack of optimal conditions, including no reactive mineral content, low pH and coarse-grain size, 
for phenol oxidase activity in Cooloola podzols may also explain substrate limitations observed in 
the priming effect experiment (Chapter 5). The lack of phenol oxidase activity may increase the 
concentration of refractory C (in this case, SOM bound to lignin and/or phenol structures) thus 
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limiting substrate availability; a notion well-articulated by Sinsabaugh (2010). This may explain why, 
despite the increase in readily available C for metabolism in Chapter 5, decomposition of native SOM 
remained limited. SOM may remain bound in aromatic and phenol moieties throughout the entire 
profile, which require degradation unique to phenol oxidases, thus their long persistence in the deep 
podzols at Cooloola. This has broader implications for SOM cycling, particularly as much plant-
derived organic matter is bound to lignin structures prior to decomposition (Kirk and Farrell, 1987). 
This would be particularly important for SOM models. Some models, such as Century, already 
incorporate lignin content as a driving parameter for modelling SOM, and consider a higher lignin 
content enhances SOM stability (Parton, 1996). However, this is applied as a blanket dynamic to 
every soil type. This is a problem, since it is clear lignins behave differently in different soil types. 
For example, lignins are rapidly oxidised in the surface of in sandy soils of Cooloola; while lignins 
are rapidly stabilised by mineral-rich soils at the Hawai’i chronosequence (Kramer et al., 2012). 
Therefore, capturing the interactions between lignin and soil mineralogy (i.e. clay or reactive soil 
mineral content content) and the flow-on effects to SOM turnover may enhance the predictive 
capability of the Century model and other SOM models. 
6.1.3. Final remarks 
Collectively, the research highlights the need to consider not only the temporal scale over which SOM 
processes occur, but also the physical and spatial distribution of microorganisms and SOM. Soil 
chronosequences have great potential to explore these dynamic soil properties. Observations of these 
processes along temporal scales (i.e. chronosequences) revealed that the spatial context, particularly 
concerning soil microsites, is a major regulator of SOM turnover in the way it may i) harbour and 
protect microbial community members with certain physiological profiles (in this case, N 
mineralisation), and ii) regulate physical connectivity between microorganisms to substrate. The 
results show it is difficult to assign blanket mechanisms (such as lignin content, or content) 
underpinning SOM stabilisation across all soils, considering microbial-mineral-spatial interactions. 
Thus, developing our understanding of hypothetical mechanisms for future SOM models will require 
vast data and, importantly, unique understanding for different soil types including texture and 
physiochemical properties. Novel research questions of mechanistic nature extending from this thesis 
include investigating the role of soil texture and micro-aggregates in affecting soil priming effects, 
the preservation of lignin/phenols and preservation of soil microbial communities in an increasingly 
challenging environment. 
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And lastly, the continued archiving of soil samples from prolific soil studies has tremendous 
importance in soil science research for reasons two-fold.  Firstly, and most obviously, it provides a 
direct comparison of new technologies and conceptual paradigms with previous research. This was 
demonstrated in this thesis by the use of archived samples from the Dalal and Cooloola series, in 
conjunction with recently collected samples. Secondly, it provides physical recordings of the way in 
which research is applied and that can be continuously re-tested over time. Archiving provides 
windows-in-time of history in not only the physical sense (soil chronosequences) but also the 
intellectual sense, cataloguing generational progress of knowledge base. The research presented in 
this thesis begins to define the limitations to which archived samples can be used for biological 
analyses; during the storage period, coarse-textured soils are susceptible to changes in SOM 
mineralisation functions, and potentially associated soil microbial community. In contrast, clay-rich 
soils may have sufficient microsite and microaggregate protection to retain SOM mineralisation and 
microbial functions through archiving, so their use for incubations may be justified. It is anticipated 
that future researchers will have improved uses of the same samples used in this thesis to revisit and 
revise concepts of SOM stabilisation.  
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